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Preface 

After the successful issue of two editions of the German book Applied Meteorol-
ogy – Micrometeorological basic I am happy that the Springer publishing house 
has agreed to publish an English edition for a probably much larger community of 
readers. The present edition is the translation of the second German edition of 
2006 with only small corrections and changes. It is named only Micrometeorology 
because this title is more appropriate to the context of the book. I am extremely 
happy that I found with Carmen Nappo a scientist, who has edited my first transla-
tion into the English language in such a way that keeps alive the style of a German 
or European book and also makes it easily readable. 

It was not my aim to transfer the book into a style where the German and Rus-
sian backgrounds of my teachers cannot be seen. On the other hand, I hope that 
the reader will find some references of interest. These are mainly references to 
German standards or historical sources. The book is addressed to graduate stu-
dents, scientists, practical workers, and those who need knowledge of microme-
teorology for applied or ecological studies. The main parts are written as a text-
book, but also included are references to historical sources and recent research 
even though the final solutions are still under discussion. Throughout the book, the 
reader will find practical hints, especially in the chapters on experimental tech-
niques where several such hints are given. The appendix should give the reader an 
overview of many important parameters and equations, which are not easily found 
in other books. 

Now I hope that the number of small printing errors converges to zero, but I 
would be very happy if the reader would inform me about such problems or neces-
sary clarifications as well as parts that should be added or completed in a hope-
fully further edition. 

I am extremely thankful for the wonderful cooperation with Carmen Nappo in 
the translation of the book and to Ute who gave me the opportunity and encour-
agement to do this time consuming work. 

 
Bayreuth and Knoxville, Spring 2008  

 
Thomas Foken 



VI      Preface 

Preface of the 1st German Edition 
 

Even though the beginning of modern micrometeorology was started 60–80 years 
ago in the German speaking countries, the division of meteorological phenomena 
according their scales in time and space is generally not used in Germany. Perhaps 
because the classic book by R. Geiger (1927) The climate near the ground focused 
on a phenomenological description of the processes at the ground surface, the 
word micro became associated with very small-scale processes. The development 
of micrometeorology combined with progress in turbulence theory started in the 
1940s in the former Soviet Union, and continued e.g. in Australia and the USA. In 
these countries, micrometeorology is a well-established part of meteorology of 
processes near the ground surface occurring on scales some decameters in height 
and some kilometers in horizontal extension. In the Russian-speaking countries, 
experimental meteorology is more common than micrometeorology, but not con-
nected to meteorological scales, and instead is used for all experiments. Because 
the area of investigation of micrometeorology is nearly identical with the area of 
human activity, it is obvious that applied meteorology and micrometeorology are 
connected; however, the latter is more theoretical and orientated toward basic re-
search. That both fields are connected can be seen in the papers in the Journal of 
Applied Meteorology. In Germany, applied meteorology is well established in the 
environment-related conferences METTOOLS of the German Meteorological So-
ciety, but the necessary basics are found only with difficulty mostly in the English 
literature. While Flemming (1991) gave a generally intelligible introduction to 
parts of meteorology which are relevant for applied meteorology, the present book 
gives the basics of micrometeorology. It is therefore understandable that a book in 
German will provide not only quick and efficient access to information, but also 
encourage the use of the German scientific language. Furthermore, this book seeks 
to give the practical user directly applicable calculating and measuring methods 
and also provides the basics for further research.  

 This book has a long history. Over nearly 30 years spent mainly in experimen-
tal research in micrometeorology, it was always fascinating to the author, how 
measuring methods and the applications of measuring devices are directly depend-
ent on the state of the atmospheric turbulence and many influencing phenomena. 
This connection was first discussed in the book by Dobson et al. (1980). The pre-
sent book is a modest attempt along these lines. It is nearly a didactically impossi-
ble task to combine always divided areas of science and yet show their interac-
tions. Contrary to the classical micrometeorological approach of looking only at 
uniform ground surfaces covered with low vegetation, this book applies these con-
cepts to heterogeneous terrain covered with tall vegetation. References are given 
to very recent research, but these results may change with future research. The 
progressive application of micrometeorological basics in ecology (Campbell and 
Norman 1998) makes this step necessary.  

The sources of this book were lectures given in Experimental Meteorology at 
the Humboldt-University in Berlin, in Micrometeorology at the University of 
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Potsdam, and since 1997 similar courses at the University of Bayreuth. The book 
would not be possible to write without my German and Russian teachers, my col-
leagues and co-workers, and master and PhD students who supported me in many 
cases. Many publishing houses and companies very kindly supported the book 
with pictures or allowed their reproduction. Mr. Engelbrecht has drawn some new 
pictures. Special thanks are given to Prof. Dr. H. P. Schmid for his critical review 
of the German manuscript, and to Ute for her understanding support of the work 
and for finding weaknesses in the language of the manuscript.  
 

Bayreuth, October 2002 
 
Thomas Foken 
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Symbols 

Symbols that are used only in single equations are not included in this list, but are 
explained in the text. 

  
a albedo 
a absolute humidity kg m–3 

a scalar (general) * 
aG molecular heat conductance coefficient in soil W m–1 K–1 

aT molecular heat conductance coefficient in air W m–1 K–1 
A rain fall mm 
A Austausch coefficient * 
b accuracy (bias) * 
b constant used for REA measurements 
bst species-dependent constant according to Jarvis W m–2 

B sublayer Stanton number 
Bo Bowen ratio 
CD drag coefficient 
CE Dalton number 
CG volumetric heat capacity W s m–3 K–1 

CH Stanton number 
Cn

2 refraction structure-function parameter m–2/3 
CT

2 temperature structure-function parameter K m–2/3 
Cx,y, Co cospectrum (general) * 
c sound speed m s–1  
c concentration (general) * 
c comparability * 
cp specific heat at constant pressure J kg–1 K–1 

cv specific heat at constant volume J kg–1 K–1 

cx structure constant (general)  
d displacement height m 
d measuring path m 
D molecular diffusion constant (general) * 
D structure function (general) * 
Dak Kolmogorov-Damköhler number 
Dat turbulent Damköhler number 
DOY day of the year: Jan. 1 = 1 
e basis of the natural logarithm 
e water vapor pressure hPa 
e' fluctuation of the water vapor pressure hPa 
E water vapor pressure at saturation hPa 
E power spectra (general) * 
Ea ventilation term hPa m s–1 

EQT equation of time h 



XIV      Symbols 

 

Eu Euler number 
f function (general) 
f frequency s–1 
f Coriolis parameter s–1 

f footprint function * 
fg cut frequency s–1 
fN Nyquist frequency s–1 
F flux (general) * 
F power spectra (general) * 
Fi inverse Froude number 
Fio inverse external Froude number  
Fw ventilation flow kg m–1 s–1 

g acceleration due to gravity m s–2 

h height of a volume element m 
h wave height m 
H water depth m 
I long-wave radiation W m–2 

I↓ down-welling long-wave radiation W m–2 
I↑ up-welling long-wave radiation W m–2 
I* long-wave net radiation W m–2 

k wave number m–1 
k absorption coefficient m–1 

k reaction rate * 
K turbulent diffusion coefficient (general) m–2 s–1 

KE turbulent diffusion coefficient of latent heat  m–2 s–1 

KH turbulent diffusion coefficient of sensible heat m–2 s–1 

Km turbulent diffusion coefficient of momentum m–2 s–1 

K↓ down-welling short-wave radiation (at surface) 
 global radiation W m–2 
K↓extr extra terrestrial radiation W m–2 
K↑ reflected short-wave radiation  
  (at the ground surface) W m–2 
l mixing length m 
L Obukhov length m 
L characteristic length m 
L distance constant m 
Lh horizontal characteristic length m 
Ls shearing parameter m 
Lz vertical characteristic length m  
LAI leaf area index m2 m–2 
m mixing ratio kg kg–1 

n dimensionless frequency 
N precipitation mm 
N Brunt-Väisälä frequency Hz 



Symbols      XV 

 

N cloud cover  
N dissipation rate (general) *  
Nu Nusselt number 
Og ogive function * 
p air pressure hPa 
p0 air pressure at sea level hPa 
p’ pressure fluctuation hPa 
PAR photosynthetically active radiation µmol m–2 s–1 

Pr Prandtl number 
Prt turbulent Prandtl number 
q specific humidity kg kg–1 

qc specific concentration * 
qa specific humidity near the ground kg kg–1 

qe conversion factor from specific humidity into kg kg–1 hPa–1 

 water vapor pressure 
qs, qsat specific humidity by saturation kg kg–1 

q* scale of the mixing ratio kg kg–1 

Q source density (general) *  
Qc dry deposition kg m–2 s–1 

QE latent heat flux W m–2 
QE latent heat flux expressed as a water column mm 
QG ground heat flux W m–2 
QH sensible heat flux W m–2 
QHB buoyancy flux W m–2 

Q*
s net radiation W m–2 

Qη source density of the η parameter * 
r correlation coefficient 
ra, rt turbulent atmospheric resistance s m–1 

rc canopy resistance s m–1 

rg total resistance s m–1 
rmt molecular-turbulent resistance s m–1 

rst stomatal resistance s m–1 
rsi stomatal resistance of a single leaf s m–1 
R resistance Ω 
R relative humidity % 
RG relative humidity near the surface % 
RL gas constant of dry air J kg–1 K–1  
Rs relative humidity near the surface % 
RW gas constant of water vapor J kg–1 K–1  
R universal gas constant mol kg–1K–1  
Re Reynolds number 
Res roughness Reynolds number 
Rf flux Richardson number 
Ri Richardson number, gradient Richardson number  



XVI      Symbols 

 

RiB  bulk Richardson number 
Ric critical Richardson number 
Ro Rossby number 
s precision * 
sc temperature dependence of specific humidity 
 at saturation kg kg–1 K–1 

S power spectra (general) * 
S solar constant W m–2 
Sc Schmidt number 
Sct turbulent Schmidt number 
Sd duration of sunshine h 
Sd0 astronomical maximal possible sunshine h 
 duration 
Sf radiation error K 
t time  s 
t temperature °C 
t' wet-bulb temperature °C 
T transfer function 
T temperature, temperature difference K 
T' fluctuation of the temperature K 
T* temperature scale K 
T+ dimensionless temperature 
TK transmission coefficient 
T0 surface temperature K 
Tp wavelet coefficient * 
Ts sonic temperature K 
Tv virtual temperature K 
u wind speed m s–1 

u longitudinal component of the wind velocity m s–1 

ug horizontal component of the geostrophic wind  m s–1 

 velocity 
u10 wind velocity at 10 m height m s–1 
u' fluctuation of the longitudinal component of the 

 wind velocity m s–1 
u* friction velocity m s–1 
v lateral component of the wind velocity m s–1 

vg lateral component of the geostrophic wind m s–1 

 velocity 
v' fluctuation of the lateral component of the  m s–1 
 wind velocity 
vD deposition velocity m s–1 
V characteristic velocity m s–1 

w vertical component of the wind velocity m s–1 



Symbols      XVII 

 

 wind velocity m s–1 
w* Deardorff (convective) velocity m s–1 

w0 deadband for REA method m s–1 

x fetch  m 
x horizontal direction (length) m 
x, X measuring variable (general) * 
y horizontal direction (length, perpendicular to x) m 
y, Y measuring variable (general) * 
Z geopotential height m 
z height (general, geometric) m 
zi mixed-layer height m 
zm measuring height m 
zR reference height m 
z0 roughness parameter, roughness height m 
z0eff effective roughness height m 
z0E roughness height for water vapor pressure m 
z0T roughness height for temperature m 
z' height (aerodynamic) m 
z+ dimensionless height 
z* height of the roughness sublayer m  
 
α angle of inflow ° 
αpt Priestley-Taylor coefficient 
α0 ratio of the exchange coefficients of sensible 
 heat to momentum 
α0E ratio of the exchange coefficients of latent 
 heat to momentum 
 β Kolmogorov constant (general)   
 γ psychrometeric constant hPa K–1 

γ factor in O’KEYPS-Formel 
Γ profile coefficient m s–1 

Γd dry adiabatic temperature gradient K m–1  
δ depth of the internal boundary layer m 
δ depth of the molecular-turbulent (viscous)  
 sublayer m 
δij Kronecker symbol 
δw thickness of the mixing layer m 
δT thickness of the thermal internal boundary layer m 
δT thickness of the molecular temperature boundary m 
 layer 
δT

+ dimensionless thickness of the molecular m 
 temperature boundary layer 
Δc concentration difference * 
Δe water vapor pressure difference hPa 

w' fluctuation of the vertical component of the    



XVIII      Symbols 

 

ΔP pressure difference hPa 
ΔT temperature difference K 
Δu wind velocity difference m s–1  
Δz height difference m 
ΔQS energy source or sink W m–2 

ΔSW water source or sink  mm 
Δz characteristic vertical gradient * 
ε energy dissipation m2 s–3 

εIR infrared emissivity 
εijk Levi-Civita epsilon tensor  
ζ dimensionless height z/L 
η measurement variable * 
θ potential temperature K 
θv virtual potential temperature K 
κ von-Kármán constant 
λ heat of evaporation for water J kg–1  

Λ local Obukhov length m 
Λu Eulerian turbulent length scale for the m 
 horizontal wind 
Λx ramp structure-parameter m 
 µ dynamic viscosity kg m–1 s–1 

ν kinematic viscosity m2 s–1 
νT thermal diffusion coefficient m2 s–1 

ξ scalar (general) * 
ξ time delay s 
ρ air density kg m–3 
ρ’ air density fluctuation kg m–3 
ρc partial density kg2 kg–1 m–3 

σcH cloud cover for high cloud 
σcL cloud cover for low clouds 
σcM cloud cover for middle high clouds 
σc standard deviation of the concentration  * 
σSB Stefan-Boltzmann constant W m–2 K–4 
σu standard deviation of the longitudinal m s–1 

 wind component 
σv standard deviation of the lateral m s–1 

 wind component 
σw standard deviation of the vertical m s–1 

 wind component 
σT standard deviation of the temperature K 
σθ standard deviation of the potential K 
 temperature 
σφ standard deviation of the wind direction ° 

τ dew point temperature K 
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τ shear stress kg m–1 s–2 
τ time constant s 
Φ geopotential m2 s2 

φ geographical latitude ° 
φm universal function for momentum exchange 
φH universal function for sensible heat flux 
φE universal function for latent heat flux 
φT universal function for temperature structure 
 function parameter 
φε universal function for energy dissipation 
φ* correction function for the roughness sublayer 
χ scalar (general) * 
ψ integral of the universal function  
Ψ inclination of the sun ° 
ω circular frequency 
Ω angular velocity of the rotation of the Earth s–1 

 
Indices: 
a air 
w water 
 
Remark: 

* dimension according to the use of the parameter 



This introductory chapter gives the basics for this book, and terms such as micro-
meteorology, atmospheric boundary layer, and meteorological scales are defined 
and presented in relation to the subject matter of this book. Besides an historical 
outline, the energy and water balance equations at the Earth’s surface and the 
transport processes are discussed. The micrometeorological basics are given, 
which will be advanced in the following theoretical and experimental chapters.  

1.1 Micrometeorology 

Meteorology is one of the oldest sciences in the world. It can be traced back to Ar-
istotle (384–322 BCE), who wrote the four volumes of the book Meteorology. In 
ancient times, appearances in the air were called meteors. In the first half of the 
20th century, the upper soil layers were considered part of meteorology (Hann and 
Süring 1939). Today meteorology is understood in a very general sense to be the 
science of the atmosphere (Dutton 2002; Glickman 2000; Kraus 2004), and in-
cludes also the mean states (climatology). Sometimes the definition of meteorol-
ogy is very narrow, and only related to the physics of the atmosphere or weather 
prediction. To understand atmospheric processes, many other sciences such as 
physics, chemistry, biology and all geosciences are necessary, and it is not easy to 
find the boundaries of these disciplines. In a pragmatic way, meteorology is re-
lated only to processes that take place in-situ in the atmosphere, while other sci-
ences can investigate processes and reactions in the laboratory. This underlines the 
specific character of meteorology, i.e., a science that investigates an open system 
with a great number of atmospheric influences operating at all times but with 
changing intensity. Meteorology is subdivided into branches (Glickman 2000; 
Houghton 1985; Hupfer and Kuttler 2005; Kraus 2004). The main branches are 
theoretical meteorology, observational meteorology, and applied meteorology. 
Applied meteorology includes weather prediction and climatology. Climatology 
must be seen in a much wider geosciences context. The subdivision is continued 
up to special areas of investigation such as maritime meteorology. 

The applications of time and space scales became popular over the last 50 
years, and subdivisions into macro-, meso- and micrometeorology were devel-
oped. Micrometeorology is not restricted to particular processes, but to the time 
and space scales of these processes (see Chap. 1.2). The significance of microme-
teorology is in this limitation. The living environment of mankind is the main ob-
ject of micrometeorological research. This is the atmospheric surface layer, the 
lowest 5–10% of the atmospheric boundary layer, which ranges in depth from 
about 0.5 to 2 km. 

The surface layer is one of the main energy-exchange layers of the atmosphere, 
and accordingly the transformations of solar energy into other forms of energy are 

1 General Basics 



2      General Basics 

a main subject of micrometeorology. Furthermore, the surface layer is a source of 
friction, which causes a dramatic modification of the wind field and the exchange 
processes between the Earth’s surface and the free troposphere. Due to the cou-
pling of time and space scales in the atmosphere, the relevant time scale of mi-
crometeorology is less than the diurnal cycle. A recent definition of micrometeo-
rology is (Glickman 2000): 

and processes in the smaller scales of time and space, approximately smal-
ler than 1 km and one day. Micrometeorological processes are limited to 
shallow layers with frictional influence (slightly larger phenomena such as 
convective thermals are not part of micrometeorology). Therefore, the sub-
ject of micrometeorology is the bottom of the atmospheric boundary layer, 
namely, the surface layer. Exchange processes of energy, gases, etc., be-
tween the atmosphere and the underlying surface (water, soil, plants) are 
important topics. Microclimatology describes the time-averaged (long-
term) micrometeorological processes while the micrometeorologist is inter-
ested in their fluctuations. 

If one examines the areas of investigation of applied meteorology (Fig. 1.1) it 
will be apparent that the main topics are related to microscale processes. There-
fore, we see that micrometeorology gives the theoretical, experimental, and clima-
tological basis for most of the applied parts of meteorology, which are related to 
the surface layer and the atmospheric boundary layer. Also, recent definitions such 
as environmental meteorology are related to micrometeorology. Applied meteor-
ology often includes weather prediction and the study of air pollution. 
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Fig. 1.1. Classification of applied meteorology 

Micrometeorology is a part of meteorology that deals with observations 
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The basics of micrometeorology come from hydrodynamics. The following his-
torical remarks are based on papers by Lumley and Yaglom (2001) and Foken 
(2006a). The origin may be dated to the year 1895, when Reynolds (1894) defined 
the averaging of turbulent processes, and described the equation of turbulent en-
ergy. Further steps were the mixing length approach by Taylor (1915) and Prandtl 
(1925), and the consideration of buoyancy effects by Richardson (1920). The 
every-day used term “turbulence element” is based on Barkov (1914), who found 
these in wind observations analyzed during a long stay in winter in the Antarctic 
ice shield. The actual term micrometeorology is dated to the determination of en-
ergy and matter exchange and the formulation of the Austausch coefficient by 
Schmidt (1925) in Vienna. At the same time in Munich, Geiger (1927) summa-
rized microclimatological works in his famous book The Climate near the 
Ground, which is still in print (Geiger et al. 1995). The experimental and clima-
tological application of these investigations of turbulent exchange processes were 
done mainly by Albrecht (1940) in Potsdam, who also wrote parts of the classical 
textbook by Kleinschmidt (1935) on meteorological instruments. In Leipzig, Let-
tau (1939) investigated the atmospheric boundary layer and continued his investi-
gation after the Second World War in the U.S.A. (Lettau and Davidson 1957). 
With the end of the Second World War, an era of more than 20 years of famous 
German-speaking micrometeorological scientists ended, but the word Austausch 
coefficient was maintained from that period.  

The origin of modern turbulence research in micrometeorology was in the 
1940s in Russia. Following the fundamental studies on isotropic turbulence and 
the turbulence spectra by Kármán and Howardt (1938) and Taylor (1938), Kolmo-
gorov (1941a, b) gave theoretical reasons for the turbulence spectra. In 1943, 
Obukhov (published in 1946), found a scaling parameter that connects all near-
surface turbulence processes. This paper (Obukhov 1971) was so important be-
cause of its relevance to micrometeorology, it was once again published by Bus-
inger and Yaglom (1971). A similar paper was published by Lettau (1949), but 
was not applied because it used a different scaling. Using what became known as 
similarity theory, Monin and Obukhov (1954) created the basics of the modern 
stability-dependent determination of the exchange process. At the same time, a di-
rect method to measure turbulent fluxes was developed (Montgomery 1948; 
Obukhov 1951; Swinbank 1951), which has become known as the eddy-
covariance method. This method became truly established only after the develop-
ment of the sonic anemometer, for which the basic equations were given by Schot-
land (1955). Following the development of a sonic thermometer by Barrett and 
Suomi (1949), a vertical sonic anemometer with 1m path length (Suomi 1957) was 
used in the O’Neill experiment in 1953 (Lettau and Davidson 1957). The design of 
today’s anemometers was first developed by Bovscheverov and Voronov (1960), 
and later improved by Kaimal and Businger (1963) and Mitsuta (1966). The first 
anemometers used the phase shift between the transmitted and the received signal. 
The latter anemometers measured the time difference of the the running time 
along the path in both directions between the transmitted and received signal, and 
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recent anemometers measure the time directly (Hanafusa et al. 1982). Following 
the early work by Sheppard (1947), the surface stress was directly measured with 
a drag plate in Australia (Bradley 1968b), and the sensible and latent heat fluxes 
were measured with highly sensitive modified classical sensors (Dyer et al. 1967). 

These findings formed the basis for many famous experiments (see Appendix 
A5). Among them were the many prominent Australian experiments for studying 
turbulent exchange processes (Garratt and Hicks 1990). These were the so-called 
intercomparison experiments for turbulence sensors (Dyer et al. 1982; Miyake 
et al. 1971; Tsvang et al. 1973, 1985). Present day investigations are based mainly 
on the KANSAS 1968 experiment (Izumi 1971; Kaimal and Wyngaard 1990). That 
experiment became the basis for the formulation of the universal functions 
(Businger et al. 1971) and the turbulence energy equation (Wyngaard et al. 
1971a), which were based on an obscure earlier paper by Obukhov (1960). 
Twenty years after the issue of the first textbook on micrometeorology by Sutton 
(1953), an important state-of-the-art summary of turbulent exchange between the 
lower atmosphere and the surface was given in 1973 at the Workshop on Micro-
meteorology (Haugen 1973). 

After some criticism of the experimental design of the KANSAS experiment by 
Wieringa (1980), and the reply by Wyngaard et al. (1982), who recommended a 
repetition of the experiment, several micrometeorological experiments were 
conducted, including investigations of fundamental micrometeorological issues, 
for example the Swedish experiments at Lövsta (Högström 1990). Finally, the 
corrected universal functions by Högström (1988) comprise our most current 
knowledge. 

At the end of the 1980s, the step to micrometeorological experiments in hetero-
geneous terrain became possible. At about the same time, similar experiments we-
re conducted in the U.S.A. (FIFE, Sellers et al. 1988), in France (HAPEX, André 
et al. 1990) and in Russia (KUREX, Tsvang et al. 1991). These experiments were 
to become the bases of many further experiments (see Appendix A5). 

During the last 30 years, there were many of updates and increases in precision 
in the experimental and theoretical fields, but significant new results in problems 
such as heterogeneous surfaces and stable stratifications are still missing. 

1.2 Atmospheric Scales 

Contrary to other geophysical processes, meteorological processes have a clear 
time-space scaling (Beniston 1998). The reason for this is the spectral organization 
of atmospheric processes, where relevant wavelengths (extensions) are related to 
distinct durations in time (frequencies). The largest wavelengths are those of at-
mospheric circulation systems with 3–6 days duration and an extension of some 
thousands of kilometers (Rossby waves). The daily cycle is a prominent fre-
quency. The time interval from minutes to seconds is characterized by exchange 
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processes of energy and matter in the range of the so-called micro-turbulence, a 
main topic of micrometeorological investigations (see Chap. 1.4.3). The principle 
of classification was formulated by Orlanski (1975), see Fig. 1.2a. While atmos-
pheric processes are strictly organized, the hydrological processes in soils and 
plant ecosystems have for the same time scales significantly smaller space scales. 
For example, in the case of coupling hydrologic with atmospheric models one 
must develop strategies to transfer hydrologic processes to the larger atmospheric 

Different scale definitions in different scientific disciplines create problems in 
interdisciplinary communications. In addition, in climatology textbooks different 
scale concepts are discussed which are not easily comparable with the very clear 
meteorological scale concepts (see Chap. 7.1). 

Because weather phenomena are classified according to space-time scales, the 
space-time scales of climate and weather prediction models must be classified in a 
similar way. For example, large-scale circulation models are assigned to the mac-
ro-β range. The classical weather forecast was formally related to the meso-α ran-
ge, but with today’s high-resolution models they are related to the meso-β,γ scale. 
Micrometeorology is related to all micro-scales and also partly to the meso-γ scale. 

This scaling principle is basic for measurements of atmospheric processes. For 
instance, to measure the spatial extension of a small low-pressure system, high-
resolution (small scale) measurements are necessary. The same is true for the mo-
vement of systems. The frequency of these measurements must be related to the 
velocity of the pressure system. This is valid for all scales, and phenomena can on-
ly be observed if the measurements are made on smaller space and time scales. 
Therefore, the sampling theorem (see Chap. 6.1.2) is of prime importance for all 
meteorological measurements and scales. 

 

  
Fig. 1.2. (a) Scales of atmospheric processes according to Orlanski (1975); (b) Atmospheric 
scales added by typical scales in hydrology (Blöschl and Sivapalan 1995), in soils (Vogel and 
Roth 2003) and in plant ecosystems (Schoonmaker 1998) 

space scale (Fig. 1.2b). 
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1.3 Atmospheric Boundary Layer 

The atmospheric boundary layer is the lowest part of the troposphere near the 
ground where the friction stress decreases with height. The wind velocity de-
creases significantly from its geostrophic value above the boundary layer to the 
wind near the surface, and the wind direction changes counter-clockwise up to 30–
45° in the Northern hemisphere. In addition, thermal properties influence the 
boundary layer. Frequently the synonym planetary boundary layer is used in theo-
retical meteorology, where the general regularities of the boundary layers of 
planetary atmospheres are investigated. Above the boundary layer, lays a mostly 
statically-stable layer (inversion) with intermittent turbulence. The exchange proc-
esses between the atmospheric boundary layer and the troposphere take place in 
the entrainment zone. The thickness of this layer is approximately 10% of the at-
mospheric boundary layer, which has a thickness of about 1–2 km over land and 
0.5 km over the oceans. For strong stable stratification, its thickness can be about 
10 m or less.  

The daily cycle is highly variable (Stull 1988), see Fig. 1.3. After sunrise, the 
atmosphere is warmed by the turbulent heat flux from the ground surface, and the 
inversion layer formed during the night brakes up. The new layer is very turbulent, 
well mixed (mixed layer), and bounded above by an entrainment zone. Shortly be-
fore sunset, the stable (night time) boundary layer develops near the ground. This 
stable layer has the character of a surface inversion and is only some 100 m deep. 
Above this layer, the mixed layer of the day is now much less turbulent. It is 
called the residual-layer, and is capped by a free (capping) inversion – the upper 
border of the boundary layer (Seibert et al. 2000). After sunrise, the developing 
mixed layer quickly destroys the stable boundary layer and the residual layer. On 
cloudy days and in winter, when the solar radiation and the energy transport to the 
surface are weak, the mixed layer will not disturb the residual layer, and the 
boundary layer is generally stratified. On days with strong solar radiation, the 
boundary layer structure will be destroyed by convective cells, which develop 
some 10 m above the ground. These cells have relatively small upwind cells rela-
tively high vertical wind speeds, and typically develop over large areas with uni-
form surface heating. This is according to model studies over areas which are lar-
ger than 200–500 m2 (Shen and Leclerc 1995).  

In the upper part of the atmospheric boundary layer (upper layer or Ekman 
layer), the changes of the wind direction take place. The lowest 10% is called the 
surface or Prandtl layer (Fig. 1.4). Its height is approximately 20–50 m in the case 
of unstable stratification and a few meters for stable stratification. It is also called 
the constant flux layer because of the assumption of constant fluxes with height 
within the layer. This offers the possibility to estimate, for example, the fluxes of 
sensible and latent heat in this layer while in the upper layers flux divergences 
dominate. The atmospheric boundary layer is turbulent to a large degree, and only 
within a few millimeters above the surface do the molecular exchange processes 
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dominate. Because the turbulent processes are about 105 fold more effective than 
molecular processes and because of the assumption of a constant flux, the linear 
vertical gradients of properties very near the surface must be very large. For ex-
ample, temperature gradients up to 103 Km–1 have been measured (Fig. 1.5). Be-
tween this molecular boundary layer (term used for scalars) or laminar boundary 
layer (term used for the flow field) and the turbulent layer, a viscous sublayer 
(buffer layer) exists with mixed exchange conditions and a thickness of about 
1 cm. According to the similarity theory of Monin and Obukhov (1954), a layer 
with a thickness of approximately 1 m (dynamical sublayer) is not influenced by 
the atmospheric stability – this layer is nearly neutral all of the time.  
 

 
Fig. 1.3. Daily cycle of the structure of the atmospheric boundary layer (Stull 2000), EZ: Entrainment 
zone 
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Fig. 1.4. Structure of the atmospheric boundary layer  
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Fig. 1.5. Vertical temperature profile above a 
water surface with a molecular boundary layer, 
which has an linear temperature gradient 
(Foken et al. 1978)  

 
All processes in the atmospheric boundary layer, mainly in the micrometeo-

rological range near the ground surface (nearly neutral stratification), can be com-
pared easily with measurements made in the laboratory (wind tunnels and water 
channels). Thus, the research of the hydrodynamics of boundary layers at a wall, 
for example by Prandtl, is applicable to atmospheric boundary layer research 
(Monin and Yaglom 1973, 1975; Oertel 2004; Schlichting and Gersten 2003). As 
will be shown in the following chapters, knowledge of micrometeorological is 
based to a large extent on hydrodynamic investigations. In the wind tunnel, many 
processes can be studied more easily than in nature. But, the reproduction of at-
mospheric processes in the wind tunnel also means a transformation of all the si-
milarity numbers (see Chap. 2.1.2). Therefore, non-neutral processes can be stud-
ied in the laboratory only if extremely large temperature or density gradients can 
be realized in the fluid channels. 

1.4 Energy Balance at the Earth’s Surface 

The earth’s surface is the main energy transfer area for atmospheric processes 
(Fig. 1.6). It is heated by the shortwave down-welling irradiation from the sun 
(K↓), and only a part of this radiation is reflected back (K↑). Furthermore, the sur-
face absorbs longwave down-welling radiation due to longwave emission by 
clouds, particles and gases (I↓). The absorbed energy is emitted only partly into 
the atmosphere as longwave up-welling radiation (I↑). In the total balance, the 
earth’s surface receives more radiation energy than is lost, i.e. the net radiation at 
the ground surface is positive (–Qs

*, see Chap. 1.4.1). The surplus of supplied 
energy will be transported back to the atmosphere due to two turbulent energy 
fluxes (see Chap. 1.4.3), the sensible heat flux (QH) and the latent heat flux (QE, 
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evaporation). Furthermore, energy is transported into the soil due to the ground 
heat flux (QG) (see Chap. 1.4.2) and will be stored by plants, buildings, etc. (ΔQS). 
The sensible heat flux is responsible for heating the atmosphere from the surface 
up to some 100 m during the day, except for days with strong convection. The en-
ergy balance at the earth’s surface according to the law of energy conservation 
(see also Chap. 3.7) is: 

 

sGEHs QQQQQ Δ+++=− *  (1.1) 

The following convention will be applied: 

Radiation and energy fluxes are positive if they transport energy away from 
the earth’s surface (into the atmosphere or into the ground), otherwise they 
are negative.  

The advantage of this convention is that the turbulent fluxes and the ground 
heat flux are positive at noon. This convention is not used in a uniform way in the 
literature, e.g. in macro-scale meteorology the opposite sign is used. Often, all 
upward directed fluxes are assumed as positive (Stull 1988). In this case, the 
ground heat flux has the opposite sign of that given above. 

The components of the energy balance shown in schematic form in Fig. 1.7 are 
for a cloudless day with unlimited irradiation. Changing cloudiness can produce 
typical variations of the terms of the energy balance. The same variations occur in 
the case of some micrometeorological processes, which will be discussed in the 
following chapters. The most important variances are a positive latent heat flux af-
ter sunset and a negative sensible heat flux that begins in the early afternoon (oasis 
effect). A negative sensible heat flux (evaporation) is identical with dewfall. The 
long-term mean values of the earth’s energy balance are given in Supplement 1.1. 
Even though the values of the radiation fluxes are high (Supplement 1.2), the en-
ergy balance with a value of 102 Wm–2 is relatively low. The 1 K increase of the 
global mean temperature in the last century due to anthropogenic green house gas 
emissions corresponds to an additional radiation energy of 2 Wm–2. Therefore, 
changes in the radiation and energy fluxes, e.g. due to changes in land use, can be 
a significant manipulation of the climate system.  

 
 Fig. 1.6. Schematic diagram of the radia-

tion and energy fluxes at the earth’s sur-
face. The net radiation according to Eq. 
(1.1) is the sum of the shortwave (K) and 
longwave radiation fluxes (I). In addition 
to the turbulent fluxes (QH and QE), the 
energy storage ΔQs in the air, in the 
plants, and in the soil are given. 
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Supplement 1.1.* Components of the energy and radiation balance  

This table gives the climatological time-average values of the components of the energy and ra-

reference level K↓ K↑ I↓ I↑ QE QH 

upper atmosphere –342 107 0 235 0 0 
ground surface –198 30 –324 390 78 24 

 
Supplement 1.2. Energy and radiation fluxes in meteorology  

is the Joule (J) and for power is Watt (W= J s–1), the unit for the energy flux density is W m–2. It 
appears that the energy flux density has apparently no relation to time, but the exact unit is J s–1 m–2. 
To determine the energy that one square meter gets during one hour, multiply the energy flux 
density by 3600 s. Energy fluxes expressed as J m–2 are unusual in meteorology except daily sums 
which are given in MJ m–2 (Mega-Joules per square meter), and sometimes kWh (kilo-Watt-hours). 

 
 

 

 

Fig. 1.7. Schematic of the daily cycle energy balance 

                                                           
* Supplements are short summaries from textbooks in meteorology and other sciences. These are 

included for an enhanced understanding of this book or for comparisons. For details, see the 
relevant textbooks.  

diation balance in W m–2 for the whole earth (Kiehl and Trenberth 1997): 

Energy and radiation fluxes in meteorology are given in terms of densities. While the unit of energy 
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1.4.1 Net Radiation at the Earth’s Surface 

The radiation in the atmosphere is divided into shortwave (solar) radiation and long-
wave (heat) radiation. Longwave radiation has wavelengths > 3 µm (Supplement 1.3). 
The net radiation at the ground surface is given by:  

↓+↑+↓+↑= IIKKQs
*  (1.2) 

From Eq. (1.2) we see that the net radiation is the sum of the shortwave down-
welling radiation mainly from the sun (global radiation), the longwave down-
welling infrared (heat) radiation emitted by clouds, aerosols, and gases, the short-
wave up-welling reflected (solar) radiation, and the longwave up-welling infrared 
(heat) radiation.  The shortwave radiation can be divided into the diffuse radiation 
from the sky and direct solar radiation. 

Supplement 1.1 gives the climatological-averages of the magnitudes of the 
components of the energy and radiation balance equation. These values are based 
on recent measurements of the mean solar incoming shortwave radiation at the 
upper boundary of the atmosphere, i.e. S = –1368 Wm–2 (Glickman 2000; Hough-
ton et al. 2001) in energetic units or –1.125 Kms–1 in kinematic units. For conver-
sion between these units, see Chapter 2.3.1. Figure 1.8 shows the typical daily cy-
cle of the components of the net radiation. The ratio of reflected to the incoming 
shortwave radiation is called the albedo:  

↓
↑−=

K
Ka  

(1.3) 

In Table 1.1 the albedos for different surfaces are given.  
 
Supplement 1.3. Spectral classification of the radiation 

Spectral classification of short and long wave radiation (Guderian 2000; Liou 1992)  

notation wave length in μm remarks 
ultraviolet radiation 
UV-C-range  
UV-B-range 
UV-A-range 

 
0.100–0.280 
0.280–0.315 
0.315–0.400 

 
does not penetrate the atmosphere 
does partly penetrate the atmosphere 
penetrates the atmosphere 

visible radiation 
S-A-range 
S-B-range 
S-C-range 

 
0.400–0.520 
0.520–0.620 
0.620–0.760 

 
violet to green 
green to red 
red 

infrared radiation 
IR-A-range 
IR-B-range 
IR-C-range 

 
0.76–1.4 
1.4–3.0 
3.0–24  

 
near infrared 
 
mean infrared 
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Fig. 1.8. Schematic of the diurnal cycle of the components of the net radiation 

Table 1.1. Albedo of different surfaces (Geiger et al. 1995) 

surface albedo 
clean snow 
grey soil, dry 
grey soil, wet 
white sand 
wheat 
grass 
oaks 
pine 
water, rough, solar angle 90° 
water, rough, solar angle 30° 

0.75–0.98 
0.25–0.30 
0.10–0.12 
0.34–0.40 
0.10–0.25 
0.18–0.20 
0.18 
0.14 
0.13 
0.024 

 
The longwave radiation fluxes will be determined according to the Stefan-

Boltzmann law: 
4TI SBIR σε=  (1.4) 

where the infrared emissivities for different surfaces are given in Table 1.2, and 
σSB = 5.67·10–8 W m–2 K–4 is the Stefan-Boltzmann constant. 
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Table 1.2. Infrared emissivity of different surfaces (Geiger et al. 1995) 

surface emissivity 
water 
fresh snow 
coniferous needles 
dry fine sand 
wet fine sand 
thick green grass 

0.960 
0.986 
0.971 
0.949 
0.962 
0.986 

 
In general, the up-welling longwave radiation is greater than the down-welling 

longwave radiation, because of the earth’s surface is warmer than clouds and aero-
sols. It is only in the case of fog, that up-welling and down-welling radiation are 
equal. The down-welling radiation may be greater if clouds appear in a previously 
clear sky and the ground surface has cooled. For clear sky without clouds and dry 
air, the radiation temperature is approximately –55 °C. 

Meteorological data are usually measured in UTC (Universal Time Coordi-
nated) or in local time; however, for radiation measurements the mean or, even 
better, the true local time is desirable. Then, the sun is at its zenith at 12:00 true 
local time. Appendix A4 gives the necessary calculations and astronomical rela-
tions to determine true local time.  

Measurements of global radiation are often available in meteorological net-
works, but other radiation components may be missing. Parameterizations of these 
missing components using available measurements can be helpful. However, it 
should be noted that such parameterizations are often based on climatological 
mean values, and are valid only for the places where they were developed. Their 
use for short-time measurements is invalid.  

The possibility to parameterize radiation fluxes using cloud observations was 
proposed by Burridge and Gadd (1974), see Stull (1988). For shortwave radiation 
fluxes, the transmissivity of the atmosphere is used:  

( ) ( ) ( ) ( )
LMH cccKT σσσ 4.017.014.01sin2.06.0 −−−Ψ+=  (1.5) 

For solar elevation angles Ψ = 90°, the transmission coefficient, TK, ranges from 
0.8 to 0.086. σc is the cloud cover (0.0–1.0) of high clouds, cH, of middle clouds, cM, 
and cL of low clouds, (see Supplement 1.4). Notice that in meteorology the cloud 
cover is given in octas. (An octa is a fraction equal to one-eighth of the sky.) The in-
coming shortwave radiation can be calculated using the solar constant S:  

⎟⎟
⎠

⎞
⎜⎜
⎝

⎛
≤Ψ

≥ΨΨ
↓=

0,0
0,sinKTS

K  (1.6) 
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Supplement 1.4  Cloud genera 

The classification of clouds is made according their genera and typical height. In the middle 
latitudes, high clouds are at 5–13 km a.g.l.; middle high clouds at 2–7 km a.g.l., and low clouds 
at 0–2 km a.g.l. The cloud heights in Polar Regions are lower while in tropical regions clouds 
heights can be up to 18 km.  

cloud genera height description 
cirrus (Ci) 
cirrocumulus (Cc) 
cirrostratus(Cs) 

high 
high 
high 

white, fibrously ice cloud  
small ice cloud, small fleecy cloud 
white stratified ice cloud, halo 

altocumulus (Ac) 
altostratus (As) 

mean 
mean 

large fleecy cloud 
white-grey stratified cloud, ring 

nimbostratus (Ns) 
stratocumulus (Sc) 
stratus (St) 

low 
low 
low 

dark rain/snow cloud  
grey un-uniform stratified cloud 
grey uniform stratified cloud 

cumulus (Cu) 
cumulonimbus (Cb) 

low*–mean 
low*–high 

cumulus cloud 
thundercloud, anvil cloud  

* in parameterizations classified as low clouds. 
 

 
 
The reflected shortwave radiation can be calculated according to Eq. (1.3) by 

using typical values of the albedo of the underlying surface (Table 1.1). The 
longwave radiation balance can be parameterized using the cloud cover: 

( ) ( )
LMH cccsmKIII σσσ 6.03.01.0108.0 1* −−−↓=+↑= −  (1.7) 

If the surface temperature is given, then the longwave up-welling radiation can 
be calculated using the Stefan-Boltzmann law Eq. (1.4). The longwave down-
welling radiation can be calculated using Eqs. (1.4) and (1.7). 

More often, parameterizations use the duration of sunshine because it was mea-
sured for a long time in agricultural networks. Note that time series of sunshine 
durations are often inhomogeneous because the older Campbell-Stokes sunshine 
autograph was replaced by electronic methods. These parameterizations are based 
on climatological cloud structures and can be used only for monthly and annual 
averaged values, and in the region where the parameterization was developed. The 
parameterization is based on the well-known Ångström equation with sunshine 
duration, Sd: 

( )[ ]0SdSdbaKK extr +↓↓= , (1.8) 

where constants a and b depend on the place of determination. For the German 
low lands, the constants are, for example, a ~ 0.19 and b ~ 0.55 (Wendling et al. 
1997). The mean daily extraterrestrial incoming irradiation at the upper edge of 
the atmosphere can be calculated in Wm–2 according to: 
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( )( )[ ]°−−++=↓ 51118.008.79.936.28 ϕςςextrK  (1.9) 

This equation is given in a form such that for a geographical latitude of ϕ = 51° no 
correction for the latitude is necessary. The theoretical sunshine duration is the 
time between sunrise and sunset and expressed in hours 

( )51167.03.43.120 −++= ϕςςSd , (1.10) 

with (DOY= day of the year) 
( )[ ]39.13652sin −= πς DOY . (1.11) 

Because direct measurements of the radiation components are now available, 
parameterizations should only be used for calculations with historical data. 

1.4.2 Ground Heat Flux and Ground Heat Storage 

The ground surface (including plants and urban areas) is heated during the day by 
the incoming shortwave radiation. During the night, the surface cools due to 
longwave up-welling radiation, and is cooler than the air and the deeper soil lay-
ers. High gradients of temperature are observed in layers only a few millimeters 
thick (see Chap. 1.3). The energy surplus according to the net radiation is compen-
sated by the turbulent sensible and latent heat fluxes and the mainly molecular 
ground heat flux. For the generation of latent heat flux, an energy surplus at the 
ground surface is necessary, and water must be transported through the capillaries 
and pores of the soil. Energy for the evaporation can also be provided by the soil 
heat flux in the upper soil layer.  

In meteorology, the soil and the ground heat fluxes are often described in a 
very simple way, e.g. the large differences in the scales in the atmosphere and the 
soil are often not taken into account. The heterogeneity of soil properties in the 
scale of 10–3–10–2 m is ignored, and the soil is assumed to be nearly homogeneous 
for the given meteorological scale. For more detailed investigations, soil physics 
textbooks must be consulted. In the following, conductive heat fluxes in the soil 
and latent heat fluxes in large pores are ignored.  

The ground heat flux, QG, is based mainly on molecular heat transfer and is 
proportional to the temperature gradient times the thermal molecular conductivity 
aG (Table 1.3): 

z
TaQ GG ∂

∂=  
(1.12) 

This molecular heat transfer is so weak that during the day only the upper 
decimeters are heated. When considering the annual cycle of ground temperature, 
maximum temperature is at the surface during the summer, but 10–15 m below the 
surface during winter (Lehmann and Kalb 1993). On a summer day, the ground 
heat flux is about 50–100 Wm–2. A simple but not reliable calculation (Liebethal 
and Foken 2007) is: QG = – 0.1 Qs

* or QG = 0.3 QH  (Stull 1988). 
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Table 1.3. Thermal molecular conductivity aG, volumetric heat capacity CG, and molecular 
thermal diffusivity νT for different soil and ground properties (Stull 1988) 

ground surface aG 
in W m–1 K–1 

CG 
in 106 W s m–3 K–1 

νT 
in 10–6 m2 s–1 

rocks (granite) 
moist sand (40 %) 
dry sand 
sandy clay (15%) 
swamp (90 % water) 
old snow 
new snow 

2.73 
2.51 
0.30 
0.92 
0.89 
0.34 
0.02 

2.13 
2.76 
1.24 
2.42 
3.89 
0.84 
0.21 

1.28 
0.91 
0.24 
0.38 
0.23 
0.40 
0.10 

 
The determination of the ground heat flux according to Eq. (1.12) is not practi-

cable because the temperature profile must be extrapolated to the surface to de-
termine the partial derivative there. This can be uncertain because of the high tem-
perature gradients near the surface (Fig. 1.9) and the difficulties in the determining 
thermal heat conductivity.  

However, the ground heat flux at the surface can be estimated as the sum of the 
soil heat flux measured at some depth using soil heat flux-plates (see Chapter 
6.2.6) and the heat storage in the layer between the surface and the plate: 

( ) ( ) ( ) ( )∫
− ∂

∂+−=
0

0
z

GGG dzzTzC
t

zQQ  (1.13) 

An optimal design for ground heat flux measurements was developed by Lie-
bethal et al. (2005) using sensitivity analysis. According to their method, the soil 
heat-flux plate should be buried rather deeply (10–20cm) with some temperature 
measurements made above it to calculate the heat storage. A similar accuracy can 
be achieved if a temperature profile is used to calculate both the soil heat flux ac-
cording to Eq. (1.12) at a certain depth and the heat storage between this depth and 
the surface. 

The volumetric heat capacity CG = aG /νT (νT is the molecular thermal diffusiv-
ity, Table 1.3), can be assumed constant with depth in the case of uniform soil 
moisture. A general measurement and calculation guide for the integral of the 
change of the soil temperature with time is not available. Most institutes have their 
own schemes, not all of which are optimal solutions. The simplest method is the 
measurement with an integrating temperature sensor of the mean temperature of 
the soil layer between the surface and the heat-flux plate. For the ground heat flux 
near the surface, it follows that: 
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The change of the soil temperature with the time can be determined from the 
vertical gradient of the soil heat flux and using of Eq. (1.12): 
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The daily cycle of the soil temperature is to first-order a sine function (Fig. 
1.10). Therefore, the surface temperature Ts can be calculated depending on a 
temperature TM, which is not affected by the daily cycle, i.e. 
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 (1.16) 

where As is the amplitude and P is the period of the wave of the surface tempera-
ture and tM is the time required for Ts = TM (Arya 2001). 

Multiple layers are used for the modeling of the ground heat flux. Because dur-
ing the daily cycle only the upper soil layers are heated (Fig. 1.10), the two-layer 
model (force-restore method) developed by Blackadar (1976) is widely used. The 
ground heat flux can be calculated from two components, i.e., from the change of 
the temperature of the thin surface layer due to radiation and from the slow wave 
of the temperature difference between the surface layer and a deeper layer. The 
equation for the ground heat flux is (Stull 1988): 

 

 

Fig. 1.9. Temperature profile in the upper soil layer on June 05, 1998, measured by the Univer-
sity of Bayreuth during the LITFASS-98 experiment (bare soil) at the boundary layer measuring 
field site of the Meteorological Observatory Lindenberg (high clouds from 12:00 to 14:00) 
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Fig. 1.10. Daily cycle of soil temperatures at different depth, measured by the University of 
Bayreuth during the LITFASS-98 experiment (bare soil) at the boundary layer measuring field 
site of the Meteorological Observatory Lindenberg (high clouds from 12:00 to 14:00) 
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Here is TG the temperature of the upper soil layer, TM is the temperature of the 
deeper soil layer, P is the time of the day, and zG is the thickness of the surface 
layer. According to Blackadar (1976), during the day 2π/P is 3.10–4 s–1, and at 
night is 1.10–4 s–1 (day: Ta < TG, night: Ta > TG, Ta: air temperature). The thickness 
of the upper soil layer depends on the depth of the daily temperature wave: 

π
ν
4

Pz T
G =  (1.18) 

This can be calculated from Eq. (1.15) using Eq. (1.16), see Arya (2001). The 
force-restore method has the best results in comparison to other parameterization 
methods (Liebethal and Foken 2007). 

1.4.3 Turbulent Fluxes 

Contrary to the molecular heat exchange in the soil, heat exchange in the air due to 
turbulence is much more effective. This is because turbulent exchange occurs over 
scales of motions ranging from millimeters to kilometers. Turbulent elements can 
be thought of as air parcels with largely uniform thermodynamic characteristics. 
Small-scale turbulence elements join to form larger ones and so on. The largest 
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eddies are atmospheric pressure systems. The heated turbulent elements transport 
their energy by their random motion. This process applies also for trace gases such 
as water vapor and kinetic energy. The larger turbulent elements receive their en-
ergy from the mean motion, and deliver the energy by a cascade process to smaller 

ergy dissipation). On average, the transformation of kinetic energy into heat is 
about 2 Wm-2, which is very small and not considered in the energy balance equa-
tion. The reason for this very effective exchange process, which is about a factor 
of 105 greater than the molecular exchange, is the atmospheric turbulence.  

Atmospheric turbulence is a specialty of the atmospheric motion consisting 
in the fact that air volume (much larger than molecules: turbulent elements, 
turbulent eddies) achieve irregular and stochastic motions around a mean 
state. They are of different order with characteristic extensions and life-
times ranging from centimeters and seconds to thousands of kilometers and 
days. 

The characteristic distribution of turbulent elements (turbulent eddies) takes 
place according their size and is represented by the turbulence spectrum:  

The turbulence spectrum is a plot of the energy distribution of turbulent 
elements (turbulent eddies) according their wavelength or frequency. De-
pending on the frequency, the distribution is classified as macro-, meso- or 
micro turbulence. 

 

 
 Fig. 1.11. Cascade process of turbulent elements (Frisch 1995), please note that the diminishing 
of the sizes of the elements is continuous.  

elements (Fig. 1.11). Small turbulent elements disappear by releasing energy (en-
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Fig. 1.12. Schematic plot of the turbulence spectra (Roedel 2000, modified); the range of fre-
quencies > 10–3 Hz is called micro-turbulence 

The division of atmospheric turbulence occurs over three time ranges, i.e. 
changes of high and low pressure systems within 3–6 days; the daily cycle of me-
teorological elements, and the transport of energy, momentum, and trace gases at 
frequencies ranging from 0.0001 to 10 Hz (Fig. 1.12). The transport of energy and 
trace gases is the main issue of micrometeorology. 

Of special importance, is the inertial sub-range, which is characterized by iso-
tropic turbulence and a constant decrease of the energy density with increasing 
frequency. In the range from about 0.01 to 5 Hz, no dominant direction exists for 
the motion of turbulent elements. The decrease of energy by the decay of larger 
turbulent elements into smaller ones takes place in a well-defined way according 
to Kolmogorov's –5/3-law (Kolmogorov 1941a). This law predicts that the energy 
density decreases by five decades when the frequency increases by three decades. 
The inertial sub-range merges into the dissipation range at the Kolmogorov’s mi-
croscale. The shape of the turbulence spectra depends on the meteorological ele-
ment, the thermal stratification, the height above the ground surface, and the wind 
velocity (see Chap. 2.5).  

A typical property of turbulence, especially in the inertial sub-range, is that tur-
bulent elements change little as they move with the mean flow. Thus, at two 
neighboring downwind measuring points the same turbulent structure can be ob-
served at different times. This means that a high autocorrelation of the turbulent 
fluctuations exists. This is called frozen turbulence according to Taylor (1938). 
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Furthermore, the length scales of turbulent elements increase with the height 
above the ground surface. In an analogous way, the smallest turbulent elements 
with the highest frequencies are found near the ground surface. From these find-
ings, it is reasonable to plot the turbulence spectra not as a function of frequency f, 
but as a dimensionless frequency, n, normalized with the wind speed u and the 
height z:  

u
zfn =  (1.19) 

(In the English literature, one often sees n as the frequency and f as the dimen-
sionless frequency.) 

Turbulent elements can be easily seen, e.g., in plots of temperature time series 
with high time resolution. In Fig. 1.13, we see short-period disturbances with dif-
ferent intensities superposed onto longer-period (~ 60 s) disturbances. We also see 
that even significantly larger structures are present.  

The calculation of the heat fluxes (sensible and latent) caused by turbulent ele-
ments is analogous to Eq. (1.12) using the vertical gradients of temperature T and 
specific humidity q (see Supplement 2.1), respectively. However, the molecular 
transfer coefficient must be replaced by the turbulent diffusion coefficient. The 
sensible heat flux, QH, describes the turbulent transport of heat from and to the 
earth’s surface. The latent heat flux, QE, describes the vertical transport of water 
vapor and the heat required for evaporation at the ground surface. This heat will 
be deposited later in the atmosphere when condensation occurs, e.g. in clouds. The 
relevant equations are: 

 

 Fig. 1.13. Time series of the air temperature above a spruce forest (University of Bayreuth, 
Waldstein/Weidenbrunnen site), August 19, 1999, 11:51–12:00 UTC, 500 s measuring period 
(Wichura et al. 2001)  
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z
TKcQ HpH ∂

∂−= ρ , 
(1.20) 

z
qKQ EE ∂

∂−= λρ  
(1.21) 

with the air density ρ, the specific heat for constant pressure cp, and evaporation 
heat of water λ. The turbulent diffusion coefficients KH and KE are normally com-
plicated functions of the wind speed, the stratification, and the properties of the 
underlying surface. Their evaluation is a special issue of micrometeorology. In 
Chap. 2.3, several possible calculations of the diffusion coefficients are discussed. 
Also common is the Austausch coefficient (Schmidt 1925), which is the product of 
the diffusion coefficient and the air density:  

KA ρ=  (1.22) 

An example of the daily cycle of the turbulent fluxes including the net radiation 
and the ground heat flux is shown in Fig. 1.14. It is obvious that during the night 
all fluxes have the opposite sign to that during the day, but the absolute values are 
much less. After sunrise, the signs change and the turbulent fluxes increase rap-
idly. The time shift between the irradiation and the beginning of turbulence is only 
a few minutes (Foken et al. 2001). The time shift of the ground heat flux depends 
on the depth of the soil layer. The maximum of the turbulent fluxes on clear days 
occurs shortly after midday.  

 

 
Fig. 1.14. Typical daily cycle of the components of the energy balance measured above a corn 
field on June 07, 2003 during the experiment LITFASS–2003 (Mauder et al. 2006)  
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In the case of optimal conditions for evaporation, i.e. high soil moisture and 
strong winds, the evaporation process will be greater than the sensible heat flux, if 
not enough radiation is available. In such cases, the sensible heat flux changes its 
sign 1–3 hours before sunset, and sometimes shortly after noon. This case is called 
the “oasis effect”, and is also found in the temperate latitudes. The latent heat flux 
has also large values after sunrise, and changes sign after midnight (dewfall). 
From Fig. 1.14, it is obvious that using measured values the energy balance ac-

While over land in the temperate latitudes the sensible and latent heat fluxes are 
of the same order, over the ocean the evaporation is much greater. In some climate 
regions and under extreme weather conditions, significant deviations are possible. 

1.5 Water Balance Equation 

The energy balance Eq. (1.1) is connected to the evaporation through the water 
balance equation: 

WE SAQN Δ±−−=0 , (1.23) 

 
Supplement 1.5. Water cycle of Germany 

Mean annual data of the water cycle of Germany (Source: German Meteorological Service, 
Hydrometeorology) in mm (1 mm = 1 L m–2) 

precipitation 
779 mm 

evaporation 
463 mm 

into evaporation 463 mm from transpiration 328 mm 
into ground water 194 mm from interception  72 mm 
into runoff 122 mm from soil evaporation  42 mm 
  from surface water evaporation  11 mm 
  from service water evaporation  11 mm 

 
Supplement 1.6. Water cycle of the earth 

Mean water balance of the earth in 103 km3 a–1 (Houghton 1997) 

surface precipitation evaporation runoff 
land surface 
ocean surface 

111 
385 

71 
425 

40 
40*  

* water vapor transport in the atmosphere from the ocean to the land, for instance as cloud water  
 
 

cording to Eq. (1.1) is not closed. The missing value is called the residual. This 
very complex problem is discussed in Chap. 3.7.  
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where N is the precipitation, A the runoff, and ΔSW the sum of the water storage in 
the soil and ground water. Evaporation is often divided into the physically-caused 
part, the evaporation, which is dependent on the availability of water, the energy 
input, and the intensity of the turbulent exchange process; and the transpiration 
which is caused by plant-physiology, the water vapor saturation deficit, and the 
photosynthetic active radiation. The sum of both forms is called evapotranspira-
tion. Evaporation occurs on the ground, on water surfaces, and on wetted plant 
surfaces. The latter is the evaporation of precipitation water held back at plant sur-

The water balance equation is widely used in hydrological investigations. The-
re, the evaporation connects meteorology with hydrology. This field of investiga-
tions is often called hydrometeorology.  
 
 
 
 

faces (interception). Micrometeorology plays an important role for the determina-
tion of evapotranspiration and the investigation of the water cycle (Supplement 1.5, 
Supplement 1.6). Data show that the precipitation-evaporation cycle over the land 
is not as strongly coupled as they are over the ocean.  



Before starting the derivation of the equations for the turbulent fluxes of momen-
tum, heat and trace gases (Chap. 2.3), we present a short introduction into the ba-
sic equation. To illustrate the importance of micrometeorological equations and 
parameterizations for modeling on all scales, different closure techniques of the 
turbulent differential equations are described (Chap. 2.1.3). The more practical 
user of this book can proceed directly to Chap. 2.3. 

2.1 Equation of Motion 

2.1.1 Navier-Stokes Equation of Mean Motion 

atmosphere without consideration of the centrifugal force (Arya 1999; Etling 
2002; Salby 1995; Stull 1988): 
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(2.1) 

where u is the horizontal wind in the x-direction (east); v is the horizontal wind in 
the y-direction (north), and w is the vertical wind; p is the atmospheric pressure; f 
is the Coriolis parameter; g is the acceleration of gravity; ρ is the air density; ν is 
the kinematic viscosity, and 2∇ is the Laplace operator. From left-to-right, the 
terms of the equation are the tendency, the advection, the pressure gradient force, 
the Coriolis force, and the (molecular) stress. In a turbulent atmosphere, a turbu-
lent stress term, the Reynolds stress, must be applied. All the terms in the horizon-

some terms are very small and can be neglected. For example, for steady-state 
flow, the tendency can be neglected; above horizontally homogeneous surfaces, 
the advection can be neglected; in the center of high and low pressure areas or for 
small scale processes the pressure gradient force can be neglected; at the equator 

2 Basic Equations of Atmospheric Turbulence 

The Navier-Stokes equations describe the balance of all the forces in the earth’s 

∇ 2

tal motion equations are of the order of 10–4–10–3 m s–2. Under certain condition, 



26      Basic Equations of Atmospheric Turbulence 

or for small scale processes the Coriolis force can be neglected, and above the at-
mospheric boundary layer the stress terms can be neglected. 

The three equations of the wind components can be combined applying Ein-
stein’s summation notation:  
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The shear stress tensor with dynamic viscosity μ is given in the form (Stull 1988): 
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The generalizations and applications of the Einstein summation operators are 
summarized in Table 2.1. 

Table 2.1. Definitions of Einstein’s summation notation 

running index of i = 1,2,3 j = 1,2,3 k = 1,2,3 
the velocity compo-
nents 

u1 = u u2 = v u3 = w 

length components x1 = x x2 = y x3 = z 
variables no free index: 

scalar 
one free index: 
vector 

two free indexes: 
tensor 

Kronecker delta-
operator δij 

= +1, for i = j = 0, for i ≠ j  

alternating unit tensor 
εijk 

= +1,  
for ijk =123, 231 or 
312 

= –1,  
for ijk = 321, 213 or 
132 

= 0,  
for ijk = all other 
combinations 

2.1.2 Turbulent Equation of Motion 

The modification of the Navier-Stokes equations to include turbulent motions re-
quires the decomposition of all the variables into a mean part, x , and a random 
fluctuating part, ′ x . This is called the Reynolds’s decomposition (Fig. 2.1), and is 
represented by: 

'x x x+= . (2.4) 

The application of Reynolds’s decomposition requires some averaging rules for 
the turbulent value ′ x  (a represents a constant), which are termed Reynolds’s pos-
tulates: 
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Fig. 2.1. Schematic presentation of Reynolds’s decomposition of the value x 
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 (2.5) 

It is assumed that the postulates are universal, but for special spectral regions or 
for intermitted turbulence this is not valid (Bernhardt 1980). The second postulate 
is the basis for the determination of turbulent fluxes according to the direct eddy-
covariance method (see Chap. 4.1). 

The turbulent equations of motion follow after application of Reynolds’s de-
composition and postulates into Eq. (2.2). It is also assumed (Businger 1982; Stull 
1988), that: 
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(2.6) 

These assumptions are not trivial and need further inspections for individual cases. 
A very important simplification results from the Boussinesq-approximation 

(Boussinesq 1877), which neglects density fluctuations but not in the buoyancy 
(gravitation) term. This is because the acceleration of gravity is relatively large in 
comparison with the other accelerations in the equation. Therefore, the shallow 
convective conditions (Stull 1988) are permitted. This form of averaging is not 
without consequences for the determination of turbulent fluxes (see Chap. 4.1.2). 
Applying all these simplifications it follows that:  
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Completely analogous equations for the heat transfer and the transfer of trace 
gases such as water vapor can be derived 
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An important simplification is possible in the atmospheric boundary layer 
where only the equations for j=3, i.e. u3 = w, are important, and steady state condi-
tions (∂/∂t = 0) and horizontal homogeneity (∂/∂xi = 0, ∂/∂xj = 0) are assumed. This 
assumption is far reaching because all the following applications are valid only 
under these conditions. For instance, for all micrometeorological measurements 
steady state conditions are implied (see Chap. 4.1.3), and a mostly homogeneous 
surface is necessary. Under these assumptions and including the components ug 
und vg of the geostrophic wind velocity and the angular velocity of the earth’s ro-
tation, Ω, the three equations of motion become: 
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Equations (2.10) and (2.11) are the basis of the so-called ageostrophic method 
for the determination of the components of the shear stress tensor using differ-
ences between the wind velocity in the atmospheric boundary layer and the 
geostrophic wind (Bernhardt 1970; Lettau 1957). The practical application of the 
ageostrophic method is limited because of baroclinicity, non steady-state condi-
tions, and inhomogeneities (Schmitz-Peiffer et al. 1987). For example, they can be 
applied only for the determination of the shear stress at the ground surface using a 
large number of aerological observations (Bernhardt 1975). In addition, the conti-
nuity equation in the incompressible form is assumed: 

0,0,0 ==
∂
∂=

∂
∂

w
z
w

x
u

i

i   (2.13) 

The gas law with the specific gas constant for dry air RL and the virtual tem-
perature Tv completes the system of equations: 

vL TRp ρ=  (2.14) 

where R and S are source and sink terms, and aT and D are the molecular heat 
conduction and diffusion coefficients, respectively.  
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In an analogous way, the equations for heat and trace gas transfer are: 
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The influence of the individual terms in the different layers of the atmospheric 
boundary layer can be estimated using similarity numbers. These numbers are di-
mensionless values describing the relations between characteristic scales of the 
forces. Two physical systems are similar if the similarity numbers of both systems 
are on the same order. This is imported if atmospheric processes are investigated 
in a wind tunnel.  

The ratio of the inertia to the pressure gradient force is called the Euler number 

P
VEu

Δ
=

2ρ
, (2.17) 

where V is the characteristic velocity, and ΔP is the characteristic pressure gradi-
ent force. 

The ratio of the inertia force to the Coriolis force is the Rossby number  

hLf
VRo = , (2.18) 

where Lh is the characteristic large-area horizontal length scale.  
The ratio of the inertia force to the molecular stress is the Reynolds number 

ν
VLz=Re , (2.19) 

where Lz is the characteristic small-scale vertical length scale. 
The ratio of shear production of turbulence energy to the buoyancy production 

or destruction of turbulence energy is the Richardson number 
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where ΔzT is the characteristic temperature gradient, and Δzu is the characteristic 
vertical wind gradient  (see Chap. 2.3.2). For heights above 10 m the temperature 
must be replaced by the potential (see Chap. 2.3.1). 

The relevant processes in the atmospheric boundary layer can be identified us-
ing dimensional analysis and the similarity numbers. Using the logarithms of the 
similarity numbers the relevant processes can be identified for logarithms smaller 
than zero (Bernhardt 1972) as listed in Table 2.2. From the structure of the atmos-
pheric boundary layer presented in Fig. 1.4, this is a logical organization.  
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Table 2.2. Order of the similarity numbers in the layers of the atmospheric boundary layer 
(bold: Processes characterized by the similarity numbers are relevant) 

layer height lg Ro lg Eu lg Re lg |Ri| 

upper layer ~1000 m < 0 < 0 > 0 
Re > 108 

> – 2 

surface layer ~10...50 m ~ 0 < 0 > 0 
Re ~ 
107...108 

> – 2 

dynamical  
sub-layer 

~ 1 m > 0 ~ 0 > 0 
Re < 107 

~ – 2 

viscous 
sub-layer 

~ 0.01 m > 0 > 0 ~ 0 < – 2 

molecular 
or laminar  
boundary layer 

~ 0.001 m > 0 > 0 < 0 < – 2 

 

It can be shown that the pressure gradient force is important only in the upper 
boundary layer. Molecular viscosity is only relevant in the viscous and molecular 
sub-layer. The effect of the Coriolis force can be neglected in the flux gradient re-
lationship (see Chap. 2.3) in the surface layer, but not in general (see Chap. 2.4). 
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These equations mean that the covariances are constant with height in the surface 
layer. An error in this assumption of approximately 10% is typical. 

The covariance of the vertical wind velocity, w, and a horizontal wind compo-
nent or a scalar x can be determined by:  
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(2.22) 

According to the second Reynolds’s postulate (2.5, II), in the case of a negligi-
ble vertical wind the total flux is equal to the covariance. The implementation of 
this equation into the measuring technique is by the eddy-covariance method, a di-
rect method to determine turbulent fluxes (see Chap. 4.1). The dimensions of the 

On the other hand, the turbulent stress is relevant in the whole boundary layer. In 
the dynamical and viscous sub-layers, the stratification does not play a role. Under 

the vertical gradients are nearly 
zero: 

Under these circumstances, it is possible that 
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turbulent fluxes of momentum, sensible, and latent heat are in kinematic units m2 s–2,

wc = 
Q

   ,wq = 
Q

   ,wT = 
c

Q
   ,wu - = u cE

p

H ′′′
⋅

′′
⋅

′′
ρλρρ

'2
*  (2.23) 

The equation for the friction velocity is valid only if u is the direction of the 
mean wind velocity. The covariance of u′ and w′ is negative except below the 
crown in a forest (Amiro 1990). For a Cartesian coordinate system it follows that: 

( ) ( )[ ] 4/122

* 'wvwu = u ′+′′  
 

(2.24) 
The friction velocity is a generalized velocity, i.e., it is the shear stress divided 

by the density 
2/1

* ⎟⎟
⎠

⎞
⎜⎜
⎝

⎛=
ρ
τu . (2.25) 

2.1.3 Closure Techniques 

The transition from the equation of motion for the mean stream to the turbulent 
flow gives a system of differential equations with more unknown parameters than 
equations. To solve the system of equations, assumptions have to be made to cal-
culate the unknown parameters. These assumptions, for example the covariance 
terms, are called closure techniques. 

The order of the closure refers to the highest order of the parameters that must 
be calculated with the prognostic equations. Therefore, the moments of the next 
higher order must be determined (Table 2.3). Simple closure techniques are bulk 
approaches (see Chap. 4.2.1). Closer techniques of higher order require extensive 
calculations (Table 2.4). The most important approaches are presented here. 

Table 2.3. Characterization of closure techniques (Stull 1988) 

order of closure prognostic equation 
for 

to be approximate in 
the equation 

number of 
equations 

number of 
unknown 
parameters 

1st order 
iu  jiuu  3 6 

2nd order 
jiuu  kji uuu  6 10 

3rd order 
kji uuu  lkji uuuu  10 15 

K m s–1, and g  g–1 m  s–1, respectively. For water vapor flow, the units are hPa  m  s–1: 
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Table 2.4. Realization of closure techniques  

order of closure realization  
0. order no prognostic equation 

(bulk and similarity approaches) 
½ order forecast with simple bulk approaches 
1. order K-approach 

(local) 
transilient closure  
(non-local) 

1½ order TKE equation with variance terms 
2. order prognostic equation for fluxes 
3. order prognostic equation for triple correlations 

Local or First–Order Closure 

First-order closure is analogous to molecular diffusion approaches, i.e. an assumed 
proportionality between the vertical flux and the vertical gradient of the relevant 
state parameter ξ. In the turbulent case, the proportionality factor is the eddy diffu-
sion coefficient, K, and the approach is called K-theory. The gradient will be de-
termined at the same place where the flux is to be calculated; therefore it is a local 
closure:  

z
Kui ∂

∂−= ξξ ''  (2.26) 

The turbulent diffusion coefficients are formed for momentum, sensible heat, 
water vapor (latent heat), etc. The turbulent diffusion coefficient for momentum is 
proportional to that for sensible heat  

Htm KK ⋅= Pr , (2.27) 

where Prt ~ 0.8 is the turbulent Prandtl number for air. For the water vapor flux 
and the transport of other trace gases in general, the diffusion coefficient for sen-
sible heat is used, although this is not required (see Chap. 2.3.1). For the single 
fluxes in kinematic units, the following relations are used: 

z
uKwu m ∂

∂=''   (2.28) 

z
TKTw H ∂

∂−=''  (2.29) 

z
qKqw E ∂

∂−=''  (2.30) 



Equation of Motion      33 

For the determination of the turbulent diffusion coefficients, the mixing length 
parameterization is used, which is based on the work of Prandtl (1925). This ap-
proach describes the turbulent diffusion coefficient in terms of geometric and flux 
parameters. This is illustrated in the following example for the moisture flux. If an 
air parcel moves to a slightly different height, it will have a humidity and velocity 
slightly different than its new environment. This change of the environmental ve-
locity and humidity can be described with gradients (Fig. 2.2): 
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The vertical velocity, which is necessary for the movement of the parcel, is as-
sumed proportional to the horizontal velocity: 
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z
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∂
∂=±=  (2.32) 

The water vapor flux and the turbulent diffusion coefficient for evaporation are 
then given by 
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ulK E ∂

∂= 2 , (2.34) 

where l is called the mixing length. The mixing length is usually assumed to be  
zl κ= , (2.35) 

where κ is the von-Kármán constant and z is the height above the ground surface. 
The value of κ is currently taken to be 0.4 (see Chap. 2.3.2).  

The turbulent diffusion coefficient of momentum is: 
2
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(2.36) 

With Eqs. (2.23) and (2.28), the widely used exchange approach (K-approach) for 
neutral stratification in the surface layer is: 

*uzKm κ=  (2.37) 

Applications of local closure for the stratified surface layer are discussed in 
Chap. 2.3.2.  

Outside of the surface layer, closure parameterizations for greater heights in the 
atmospheric boundary layer are used. Overviews are given by, for example, Gar-
ratt (1992), Jacobson (2005)), and Stull (1988). The K-theory approach can be al-
ways applied when the exchange process takes place between direct neighboring 
atmospheric layers or turbulence elements. No application is possible for convective 
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conditions. Also, K-theory should not be used within high vegetation (see Chap. 
3.5) or for very stable stratification (see Chap. 3.6). 

 

 

Fig. 2.2. Schematic view of the 
movement of an air parcel z’ to ex-
plain the mixing length approach  

 

Non-Local First–Order Closure 

If the larger eddies contribute to the exchange process, and if the over all flux is 
greater than the flux due to the smaller eddies alone, then this must be considered 
in the closing approach and can no longer be locally closed. This is the case for 
the transport process in tall vegetation. Possible solutions are given by either the 
transilient theory or the spectral diffusion theory. 

The transilient theory (Stull 1984) approximates the turbulent exchange process 
between adjoining atmospheric layers or boxes, and also admits the exchange be-
tween non-adjoining boxes The change of a scalar ξ with time in a box i is given 
by a fixed matrix of exchange coefficients, cij between the boxes i and j and the 
size of the scalar in the box j: 

( ) ( ) ( )tttctt j

N

j
iji ξξ ∑

=
Δ=Δ+

1
,  (2.38) 

The matrix of mixing coefficients is called a transilient matrix. The flux in the 
kth layer is given by: 
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Fig. 2.3. Schematic view of the 
mixing of eddies from the central 
layer (a) and by superposition of 
similar mixing of the three layers 
in the centre (b) (Stull 1984) 
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Figure 2.3 illustrates the possibilities for mixing between boxes. In principle all 
possibilities of mixing can be realized by the definition of the transilient matrix, 
which must be parameterized using external parameters such as the wind field or 
the radiation (Stull 1988). The difficulties of getting these parameters are the rea-
sons why this form of the closure is not widely used. 

Higher Order Closure 

Closures of order higher than first-order are now usual. But most of the parame-
terizations are experimental not validated. Commonly used, is a closure of 1.5th 
order. This is a closure using variances, which can be partly determined with the 
equation of the turbulent kinetic energy (TKE, see Chap. 2.2). 

2.2 Equation of the Turbulent Kinetic Energy  

The equation of the turbulent kinetic energy, (TKE) in kinematic form is obtained 
by multiplication of the Navier-Stokes equation for turbulent flow Eq. (2.7) with 
ui’. With the kinetic energy defined as (Etling 2002; Stull 1988) 

( ) 2222 '5.0'''5.0 iuwvue =++=  (2.40) 

it follows: 
 

 
Fig. 2.4. Order of the terms of the TKE equation in the atmospheric boundary layer at day-
time (Stull 1988) normalized with w*

3zi
–1 (about 6·10–3 m2s–3)  
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Table 2.5. Meaning of the terms of the TKE equation 

term process 
I local TKE storage or tendency 
II TKE advection 
III buoyancy production or consumption 
IV product from momentum flux (<0) and wind shear (>0) 

mechanical (or shear) production or loss term of turbulent energy  
V turbulent TKE transport 
VI pressure correlation term 
VII energy dissipation 
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(2.41) 

Descriptions of the terms in Eq. (2.41), which are in the order of 10–4 m2s–3, are 
given in Table 2.5. The changes of the magnitudes of the terms in Eq. (2.41) with 
height in the boundary layer are shown in Fig. 2.4. In a boundary layer that is 
strongly influenced by convective processes, the terms are usually normalized by 
the characteristic convective or Deardorff velocity: 

( )
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i w
zg

w θ
θ

 (2.42) 

Convection is the vertical transport or mixing of properties of the air (hori-
zontal transport: advection). Forced convection results from mechanical 
forces (wind field) and inhomogeneities of the ground surface. The scaling 
is made with u* and T* and occurs for 1>z/L>–1 (L: Obukhov-length, T*: 
dynamical temperature, see Chap. 2.3.2). In contrast, free convection is 
caused by density differences and occurs for z/L < –1, and the scaling pa-
rameter is w*. The fluxes in the case of free convection are often directed 
contrary to the gradient (counter gradient). 

Comparing the magnitudes of the terms of the TKE equation near the surface, 
terms I, II, V, and VI can be neglected relative to terms III, IV, and VII. The re-
sulting equation is: 
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δ −
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jivi
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i x
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uuug ''''0 3  (2.43) 

This equation can be used in the surface layer to determine the energy dissipa-
tion ε, i.e., the decay of turbulent eddies into heat: 



Flux-Gradient Similarity      37 

( )
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ε  (2.44) 

2.3 Flux-Gradient Similarity 

2.3.1 Profile Equations for Neutral Stratification 

In Chap. 2.1.3, it was shown that the flux could be determined by the vertical gra-
dient of the state variable and a diffusion coefficient. These relations are called 
flux-gradient similarities. Thus, the turbulent diffusion coefficient for momentum 
can be parameterized in a simple way using Eq. (2.37). For the shear stress, it 
follows:  

z
uKm ∂

∂= ρτ  
 

(2.45) 

Often not the shear stress but the generalized velocity, the so-called friction ve-
locity Eq. (2.25), is used.  

The turbulent fluxes of momentum, Eq. (2.28), sensible heat, Eq. (2.29), and la-
tent heat, Eq. (2.30), can be calculated using the turbulent diffusion coefficient for 
momentum in the case of neutral stratification, Eq. (2.37), as the profile equations: 

z
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uzwuu
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''* ∂
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∂=−= κκ  

 (2.46) 

z  
T  u    = Tw
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'' *0 ∂

∂− κα  
(2.47) 

 
z

q u    = qw E ln
'' *0 ∂

∂− κα  
(2.48) 

In Eq. (2.46) the friction velocity was defined in a simplified way in compari-
son to Eq. (2.24) by using the mean horizontal wind u. This first-order approxima-
tion is possible in the case of small wind fluctuations as shown by (Foken 1990). 

Because the diffusion coefficients for momentum, sensible and latent heat are 
not identical, the coefficients α0 and α0E are introduced, which are the ratios of the 
diffusion coefficients of heat and moisture to the coefficient for momentum re-
spectively. The reciprocal value of α0 is analogous to the Prandtl number of mo-
lecular exchange conditions 
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Tν
ν=Pr . (2.49) 

and is called the turbulent Prandtl number, Eq. (2.27): 

5.
Pr
1

0 21  
K
K = 

m

H

t

≈=α  (2.50) 

Similarly, the reciprocal value α0E is analogous to the Schmidt number  

D
Sc ν

= , 
(2.51) 

of the molecular diffusion coefficient for water vapor, D, and is called the turbu-
lent Schmidt number: 

5.1
0 21  

K
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Sc m

E

t
E ≈==α  (2.52) 

The coefficients α0 and. α0E can be determined only by the comparisons of pro-
file measurements (see Chap. 4.2) and flux measurements with the eddy-
covariance method (see Chap. 4.1) for neutral conditions. Because of the inaccu-
racies in these methods the coefficients contain remarkable defects. Table 2.6 
gives an overview of the currently available data. 

Transferring the given equations in kinematic units into energetic units requires 
multiplication by the air density, which can be determined according to the ideal 
gas law and either the specific heat for constant pressure cp (for sensible heat flux) 
or the latent heat of evaporation λ (for latent heat flux). These values are tempera-
ture and pressure dependent (see Appendix A3): 

[ ] [ ]3100 −
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(2.53) 

[ ]11834.1004 −−= kgKJcp  (2.54) 

( ) [ ]115.27323602500827 −−−= kgJTλ  (2.55) 

For the case of the latent heat flux in kinematic units, the water vapor pressure, 
with an additional factor 0.62198/p (p in hPa), the specific humidity must be cal-
culated in kg kg–1. To achieve an accuracy lower than 1% of the fluxes, the tem-
perature must be determined with an accuracy of 1 K and the pressure should be 
determined as a mean value with the barometric equation (Supplement 2.1) for the 
height above sea level. The following transformation relations are given: 
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Table 2.6. Coefficients α0 according to different authors 

Author α0 
Businger et al. (1971) 1.35 
– correction according to Wieringa (1980) 1.00 
– correction according to Högström (1988) 1.05 
Kader and Yaglom (1972) 1.15 – 1.39 
Foken (1990) 1.25 
Högström (1996) 1.09 ± 0.04 

 
Supplement 2.1. Barometric equation 

 
The pressure at some height Z can be calculated from the pressure at sea level p(Z=0) 
and the mean virtual temperature, Tv between sea level and Z, 

( ) ( )
Z
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vLeZpZp
0

0== , 
 

(2.57) 

where Tv is given by Eq. (2.69). 
In Eq. (2.57), Z is the geopotential height (Stull 2000), 

0g
Z Φ= , 

 
(2.58) 

where g0 = 9.80 m s–2 and Φ is the geopotential. In the lower troposphere, the geopotential 
height differs only slightly from the geometric height. Also, depending on the required ac-
curacy the virtual temperature can be replaced by the actual temperature.  
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(2.59) 

 
The profile equations Eqs. (2.46) to (2.48) give the opportunity to determine 

the fluxes in a simple way using either semi-log paper or similar computer outputs 
as shown in Fig. 2.5. Such graphs are helpful for a quick check of the measuring 
results or the functioning of the sensors. The humidity should not be confused 
with relative humidity, because then for calculations the temperature is necessary. 

tions. Thus, using relative humidity can generate a cross correlation between the 
latent and sensible heat flux.  

An overview of applicable humidity units is given in Supplement 2.2 for calcula-
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In Eq. (2.47), the air temperature is used; however because the temperature 
changes with height due to decreasing pressure, the temperature must be replaced 
by the potential temperature 

p
L

c
R

p
T ⎟⎟

⎠

⎞
⎜⎜
⎝

⎛
= 1000θ , 

 
(2.60) 

which can be calculated with this special form of the Poisson equation. The use of 
the air temperature up to heights of 10 m is possible with an error of about 0.1 K.  

 
Fig. 2.5. Determination of the friction velocity from the wind profile with a semi-log plot  

 
Fig. 2.6. Determination of the roughness height z0 by extrapolation of the log-linear wind 
profile to the point u(z0) = 0 
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Supplement 2.2. Humidity units 
 

humidity unit equation 
water vapor pressure: partial pressure of the water va-
por in hPa 

e 

relative humidity: ratio of the water vapor pressure and 
the water vapor pressure at saturation in % 

%100E
eR =  

dew point τ: temperature, at which the water vapor 
pressure for saturation can be reached in °C 

( )τE  

water vapor pressure for saturation in with Tetens’ 
equation over water (Stull 2000) 

( )
KT

KT

eE 86.35
16.2736294.17

11.6 −
−⋅

=  

water vapor pressure for saturation with Magnus’s 
equation (–45–60°C over water) according to Sonntag 
(1990) in hPa 

t
t

eE +
⋅

= 12.243
62.17

112.6  

water vapor pressure for saturation with Magnus’s 
equation (–65–0.01°C over ice) according to Sonntag 
(1990) in hPa 

t
t
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⋅

= 62.272
46.22

112.6  

absolute humidity: mass water vapor per volume moist 
air in kg m–3 T

ea 21667.0=  

specific humidity: mass water vapor per mass moist air 
in kg kg–1, can be replaced with sufficient accuracy by 
the mixing ratio or visa versa ep

eq
378.0

622.0
−

=

 
mixing ratio: mass water vapor per mass dry air in kg 
kg–1 

p
em 622.0=  

 
 

 
The integration of the profile equation for the momentum flux Eq.  (2.46) from 

height z0 up to height z is 

( ) ( ) ( )
0

*
0 ln

z
zu

zuzuzu
κ

==− , (2.61) 

where z0 is the height of the extrapolated logarithmic wind profile where u(z0) = 0 
as illustrated in Fig. 2.6. Thus, z0 is only an integration constant. Because this pa-
rameter is dependant on the state of the surface it is called roughness parameter or 
roughness length. It varies from 10–3–10–6 m for water and ice, 10–2 m for grass-
land, and up to 0.2 m for small trees. More values are given in Table 3.1. 

The integration of the equations for the sensible and the latent heat flux is for-
mally identical to those of the momentum flux. The integration constants are the 
so-called roughness temperature and roughness humidity. At these heights, the 
temperature and the humidity are assumed to have approximately the same values 
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as at the ground surface. That this cannot be true was already shown in Fig. 1.5, 
because near the surface large temperature gradients occur. Therefore, no typical 
parameterizations are available and approximately 10% of the surface roughness 
length z0 assumed. 

For atmospheric models these roughness lengths are parameterized (see Chap. 
5.5) and used in the following equations 

( ) ( )
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T z
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where 

*
*

''
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TwT −=  (2.64) 

is the dynamic temperature or temperature scale and 

*
*

''
u

qwq −=  (2.65) 

is the humidity scale. 

2.3.  Monin-Obukhov’s Similarity Theory 

The equations given in Chap. 2.3.1 are strictly speaking only valid in the dynamic 
sub-layer in which the influence of thermal stratification can be neglected. Monin 
and Obukhov (1954) used dimensional analysis according to Buckingham’s Π-

case (Foken 2006a). In this analysis, the dependent parameters in the surface layer 
are the height z in m, the friction velocity u* in ms–1, the kinematic heat flux  

p

H

c
QTw
ρ

=''  (2.66) 

in Kms–1, and the buoyancy parameter g/T in ms–2K–1. The independent dimensions 
are the length in meters, the time in seconds, and the temperature in K degrees. 
The dimensionless parameter that characterizes the processes in the surface layer 
is: 

L
z=ς ,  

(2.67) 
where 

 
 

2

theorem (Supplement 2.3), to extend these equations to the non-neutral (diabatic) 
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Supplement 2.3. Buckingham’s Π-theorem 
 

Buckingham’s Π-theorem (Kantha and Clayson 2000) states that for n+1 dependent pa-
rameters and k independent dimensions, there exist exactly n+1-k dimensionless parameters 
which characterize the process. This can be demonstrated for the free throw of an object 
(Kitajgorodskij 1976), where z, u0, g and x are the n+1 dependent parameters corresponding 
to the dropping height, velocity of the throw, gravity acceleration, and distance of the im-
pact point. The independent dimensions are the length in m and the time in s. The benefit of 
the dimension analysis is shown stepwise: 
- The determination of x=f (z,u0,g) from many single experiments is very expensive. 
- The assumption g = const gives an array of curves for different dropping heights. 
- Using Buckingham’s Π-theorem one can determine both dimensionless values x+ = x/z 

and z+ = g z u0
2, which gives a direct functional relation between x+ and z+. 

- If you increase the number of dimensions by separation of the length scale for the 
horizontal and vertical direction, the process can be described with only one dimen-
sionless parameter x* = c u0 (z g–1)1/2. With some experiments it is even possible to de-
termine for the constant c the standard deviation. 

The difficulty in the application of Buckingham’s Π-theorem is the selection of the pa-
rameters, the dimensions, and the determination of the suitable dimensionless parameters. 
Because of the many influencing parameters in meteorology, this theorem is very impor-
tant. 
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The characteristic length scale L is called the Obukhov length (Obukhov 1946). 
Initially, the notation Monin-Obukhov-length was used, but this is, in the histori-
cal sense, not exact (Businger and Yaglom 1971). The Obukhov length gives a re-
lation between dynamic, thermal, and buoyancy processes, and is proportional to 
the height of the dynamic sub-layer (Obukhov 1946), but is not identical with it 
(Monin and Yaglom 1973; 1975). 

Currently (Stull 1988), the Obukhov length is derived from the TKE-equation 
Eq. (2.41). A physical interpretation of L was made by Bernhardt (1995), i.e., the 
absolute value of the Obukhov length is equal to the height of an air column in 
which the production (L < 0) or the loss (L > 0) of TKE by buoyancy forces is 
equal to the dynamic production of TKE per volume unit at any height z multi-
plied by z. 

It is more accurate to define the Obukhov length using the potential tempera-
ture. Furthermore, for buoyancy considerations the content of water vapor is 
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important, which changes the air density. This can be considered using the virtual 
temperature: 

Tv = T 1+ 0.61q( ) (2.69) 

The Obukhov length now can define as: 
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This is precise, but is not often used. The universal functions, discussed below, 
were determined in the lower surface layer and often in dry regions. Observations 
made in other regions showed within the accuracy of the measurements no signifi-
cant differences. 

The application of Monin-Obukhov similarity theory on the profile equations 
Eqs. (2.46) to (2.48) is done using the so-called universal functions φm(ς), φH(ς) 
and φE(ς) for the momentum, sensible and latent heat exchange respectively. 
Therefore, a new functional dependence on the dimensionless parameter ζ, is 
given along with Eqs. (2.50)–(2.52): 

( ) ( ) z
u

z
uzwuu

mm ln
''* ∂

∂=
∂
∂=−=

ςϕ
κ

ςϕ
κ

 (2.71) 

( ) z  
T  

u     
= Tw

H ln
'' *0

∂
∂−

ςϕ
κα

 (2.72) 

( ) z  
q  

u    
 = qw

E

E

ln
'' *0

∂
∂−

ςϕ
κα

 (2.73) 

 The universal functions can be approximated by a Taylor series (Monin and 
Obukhov 1954) with the argument ς: 

( ) ...1 2
21 +++= ςβςβςϕ   

(2.74) 
Based on Obukhov’s (1946) investigations, the so-called O’KEYPS-function 

(Kaimal, Elliot, Yamamoto, Panofsky, Sellers) followed from the studies made in 
the 1950s and 1960s (Businger 1988; Panofsky 1963): 

( )[ ] ( )[ ] 134 =− ςϕςγςϕ mm   
(2.75) 

Solutions of this equation are of the form 
( ) ( ) 4

1
1

−
+= ςγςϕm ,  

(2.76) 
with the coefficient γ determined experimentally. This form is called Dyer-
Businger relation, and is the most often used form of the universal functions. 
Therefore, the relation of the universal functions of momentum and sensible heat 
is given by: 
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Consequently, the influence of stratification in the surface layer on the univer-
sal functions can be described with the stability parameter ς. The universal func-
tions are generally defined in the range of –1 < ς < 1. In the stable case (ς > 1) a 
height-independent scaling occurs, the so-called z-less scaling. In this case, the 
eddy sizes do not depend on the height above the ground surface but on the Obuk-
hov-length (Table 2.7, Fig. 2.7). 

Presently the universal functions derived from the Kansas-experiment of 
1968 by Businger et al. (1971) and later modified by Högström (1988) are 
widely used. Högström (1988) considered important criticisms of the Kansas-
experiment, for example of the wind measurements (Wieringa 1980), and has re-
calculated the von-Kármán constant from κ = 0.35 to the presently used value of 
κ = 0.40 (Table 2.8). 

The universal functions given in Table 2.8 are recommended for use. In the last 
40 years, many universal functions where determined. The most important of 
these are given in Appendix A4. A difficulty in applying the universal functions is 
the normalization. The basics were discussed by Yaglom (1977). For applying the 
universal functions, one must consider if the parameter α0 is part of the universal 
function, is used in the profile equation, or even included in the Obukhov length 
(Skeib 1980). Furthermore, all universal functions must be recalculated for the 
updated value of the von-Kármán constant of 0.4 (Högström 1988). It must be 
noted that the universal functions by Zilitinkevich and Tschalikov (1968) and 
Dyer (1974) are widely used in the Russian and English literature respectively. 
Also interesting, is the universal function by Skeib (1980) which is based on the 
separation of the atmospheric boundary layer into a dynamical sub-layer (without 
influence of stratification) and a surface layer. In analogy with hydrodynamics, 
critical values for the separation of both layers are used. A disadvantage is the 
non-continuous function, but the integration gives a physically rational function. 

There are only a few papers with results using the universal function for the 
water vapor exchange. Therefore, the universal function for the sensible heat flux 
is used widely for the latent heat flux and the fluxes of trace gases. 

Table 2.7. Determination of the stratification in the surface layer dependent on the dimen-
sionless parameter ς and the universal function φ(ς) 

stratification remark ς φ(ς) 
free convection, 
independent from u* 

–1 > ς no definition unstable 

–1 < ς < 0 φ(ς) < 1 
neutral dependent from u* ς~ 0 φ(ς) = 1 

dependent from u*, T* 0 < ς < 0.5...2 1 < φ(ς) < 3 ... 5 stable 
independent from z 0.5...1 < ς φ(ς) ~ const ~ 3 ... 5 

dependent from u*, T* 
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Fig. 2.7. Typical graph of the universal functions for momentum flux (bold line) and sensi-
ble and latent heat flux (fine line); ‘modified’ indicates the function is characterized under 
the conditions of z-less-scaling 

Table 2.8. Universal function according to Businger et al. (1971), recalculated by Hög-
ström (1988) 

stratification φm(ς) φH(ς) ~ φE(ς), α0 = α0E = 1 
unstable (1 – 19.3 ς)–1/4 0.95 (1 – 11.6 ς)–1/2 

stable 1 + 6.0 ς 0.95 + 7.8 ς 
 
Applying the universal function in the stable case is difficult. It is already well 

known that the universal function in the above form underestimates the turbulent 
exchange process. The assumption of a nearly constant universal function, which 
also supports the z-less scaling is obvious. The lack of measurements has not al-
lowed a general applied formulation (Andreas 2002). Handorf et al. (1999) based 
on measurements in Antarctica that for ζ > 0.6 a constant universal function 
φm ~ 4.  

The uncertainty of the universal functions is similar to those of the parameter 
α0 (Table 2.6), and is also dependent on the accuracy of the measuring methods. 
Furthermore, the determination of α0 and κ for neutral conditions is relevant for 
the universal function at ζ=0. The von-Kármán constant is presently accepted as 
κ = 0.40 ± 0.01 (Högström 1996). But a slight dependency on the Rossby and 
Reynolds numbers was discovered (Oncley et al. 1996), which is probably a self-
correlation effect (Andreas et al. 2004). An overview of values of the von-Kármán 
constant appearing in the literature is shown in Table 2.9. Regarding the universal 
function, the following accuracies are given by Högström (1996), where normally 
the virtual temperature is not applied:  
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Table 2.9. The von-Kármán constant according to different authors (Foken 1990, 2006a), 
where the value by Högström (1996) is recommended  

author κ 

Monin and Obukhov (1954) 0.43 

Businger et al. (1971) 0.35 

Pruitt et al. (1973) 0.42 

Högström (1974) 0.35 

Yaglom (1977) 0.40 

Kondo and Sato (1982) 0.39 

Högström (1985; 1996) 0.40 ± 0.01 

Andreas et al. (2004) 0.387 ± 0.004 

Table 2.10. Overview about different stability parameters 

stratification temperature Ri L ς = z/L 
unstable T(0) > T(z) < 0 < 0 < 0 
neutral T(0) ~ T(z) ~ 0 ± ∞ ~ 0 
stable T(0) < T(z) 0 < Ri < 0.2=Ric > 0 0 < ς < ~1 
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The discussion of the accuracy of the parameters and functions is not yet fin-
ished. For example, a dependence on the mixed layer height cannot be excluded 
(Johansson et al. 2001). This means that processes in the surface layer may be in-
fluenced by the whole boundary layer  

In addition to the parameter ς, the Richardson number Eq. (2.20) is used to de-
termine the stratification. The definitions of the gradient, bulk, and flux Richard-
son numbers are: 

 Gradient Richardson number: 

( )2z
u

z
T

T
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∂
∂

∂
∂

⋅−=  (2.79) 

Bulk Richardson number: 
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ΔΔ−=  (2.80) 
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Flux Richardson number: 

( )z
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T
gRf
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∂

=
''

''
 (2.81) 

Analogous to the Obukhov length, the temperature can be replaced by the vir-
tual potential temperature. 

The critical Richardson numbers are Ric = 0.2 and Rfc =1.0, for which in the 
case of stable stratification the turbulent flow changes suddenly to a quasi laminar, 
non-turbulent, flow. The conversion of ς into Ri is stratification-dependent accord-
ing to (Arya 2001): 

ς = Ri for Ri < 0

ς = Ri
1− 5 Ri

for 0 ≤ Ri ≤ 0.2 = Ric
 

 
(2.82) 

An overview about the ranges of different stability parameters is shown Table 
2.10. 

The integration of the profile equations (2.71) to (2.73) using the universal 
functions in the form of Eq. (2.76) for the unstable case is not trivial and was first 
presented by Paulson (1970). For the wind profile, the integration from z0 to z us-
ing the definition of the roughness length u(z0) = 0 is 
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where the integral of the universal function, ψm(ς), is: 
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The integration of the universal function for the momentum and sensible heat 
flux for unstable conditions according to Businger et al. (1971) in the form of 
Högström (1988) is 

ψm (ς ) = ln 1+ x 2
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with 
( ) ( ) 2/14/1 6.11195.03.191 ςς −=−= yx . (2.87) 
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It is obvious that the cyclic term in Eq. (2.85) is not physically realistic. But 
this term is relatively small and has no remarkable influence on the result. The 
universal function according to the Dyer-Businger relation Eq. (2.76) shows a 
good asymptotic behavior for neutral stratification. Physically more accurate, is 
the integration for different layers according to Skeib (1980). However, in the sta-
ble case there are very simple solutions for the integrals of the universal functions:  
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2.3.3 Bowen-Ratio Similarity 

The Bowen ratio (Bowen 1926) is defined as the ratio of the sensible to the la-
tent heat flux: 

E

H
Q
Q

Bo =  (2.90) 

Using Eqs. (2.72) and (2.73) in Eq. (2.90), and taking the conversion between 
kinematic and energetic units into consideration according to Eqs. (2.56) and 
(2.59) a very simple relation develops. With the assumption φH(ς) ~ φE(ς), for neu-
tral stratification or restriction to the dynamic sub-layer, α0 ~ α0E, and replacing 
the partial derivatives by finite-differences gives  
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Bo pp
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Δ=
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Δ
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λλ 622.0
, (2.91) 

where the psychrometric constant is γ = 0.667 for p = 1000 hPa and 
A special case of the flux-gradient similarity Eq. (2.91), is the so-called Bo-

wen-ratio similarity. The ratio of the gradients of temperature and humidity be-
tween two heights behaves like the Bowen ratio. This simplification is the basis of 
the Bowen-ratio method (see Chap. 4.2.2). It must be noted that the simplifications 
used are also limitations of the method.  

The generalization of this similarity is  

y
x

F
F

y

x
Δ
Δ≈ , (2.92) 

i.e., the ratio of two fluxes is proportional to the ratio of the differences of the 
relevant state parameters between two heights. 

This equation opens the possibility of determining the flux of an inert gas if 
the energy flux is known, if the differences of the trace gas concentrations can 

t = 20°C.  
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be determined with a high accuracy, and if the above made simplifications can be 
accepted. This method was proposed as a modified Bowen-ratio method by Bus-
inger (1986), compare with Chap. 4.2.3. 

2.4 Flux-Variance Similarity 

Analogous to the derivation of the TKE equation, Eq. (2.41), the balance equations 
for the momentum and sensible heat flux can be derived (Foken et al. 1991; Wyn-
gaard et al. 1971a): 
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These equations include the standard deviations of the vertical wind component 
and the temperature:  

22 '' Tundw Tw == σσ  
 

(2.95) 
For steady state conditions and after estimation of the size of the terms II and 

VII in Eq. (2.93) and terms III and VII in Eq. (2.94) it follows for the surface layer 
(Foken et al. 1991; Wyngaard et al. 1971a): 

constTundconstu
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. σσ  

 
(2.96) 

These normalized standard deviations are also called integral turbulence char-
acteristics (Tillman 1972), because they characterize the state of turbulence inte-
gral over all frequencies. For the integral turbulence characteristics of the three 
wind components, the following values are given (Lumley and Panofsky 1964; 
Panofsky and Dutton 1984): 
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(2.97) 

The constancy is only valid for neutral stratification. From similarity relations 
for diabatic conditions follows (Foken et al. 1991): 
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Many dependencies are reported in the literature for the integral turbulence 
characteristics under diabatic conditions (see Appendix A4). An experimentally 
verified relation is, for example, given in Table 2.11. Therefore, for the integral 
turbulence characteristics a general form is used for the wind components 
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and for temperature and other scalars 
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At least for the vertical wind, there are no significant differences between the 
available parameterizations. The most common parameterization by Panofsky et al. 
(1977) can be applied in the neutral and unstable case: 
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The integral turbulence characteristics for temperature and other scalars in the 
case of neutral stratification are not exact because T*→0. In the case of unstable 
stratification for wind components and scalars, dependencies on stratification were 
found. Thus, some authors (Johansson et al. 2001; Panofsky et al. 1977; Peltier et al. 
1996) reported a dependency on the mixed layer height in the case of strong 
unstable stratification. But the difference is relevant only for free convection 
(Thomas and Foken 2002). For stable stratification, only a few verified measure-
ments are available. Therefore, the use of the given parameterizations for the un-
stable case with the argument |(z-d)/L| is recommended as a first approximation. 
For temperature, a slightly modified approach in Table 2.11 is given (Thomas and 
Foken 2002). 

Based on Rossby similarity (Garratt 1992) some authors (Högström 1990; 
Smedman 1991; Tennekes 1982; Yaglom 1979) assumed, at least in the neutral 
case, a visible dependency on the Coriolis parameter. The verification was devel-
oped by Högström et al. (2002). A parameterization according to this finding for 
the neutral and slightly unstable and stable range is given in Table 2.12. For sca-
lars, such a parameterization cannot be found due to the high dependency on the 
stratification in this range. 
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Table 2.11. Integral turbulence characteristics for diabatic stratification (Foken et al. 1991; 
Foken et al. 1997a; Thomas and Foken 2002) 

parameter z/L c1 c2 

σW/u* 0 > z/L > –0.032 
–0.032 > z/L 

1.3 
2.0 

0 
1/8 

σu/u* 0 > z/L > -0.032 
–0.032 > z/L 

2.7 
4.15 

0 
1/8 

σT/T* 0.02 < z/L < 1 
0.02 > z/L > –0.062 
–0.062 > z/L > –1 
–1 > z/L 

1.4 
0.5 
1.0 
1.0 

–1/4 
–1/2 
–1/4 
–1/3 

 

Table 2.12. Parameterization of the integral turbulence characteristics for neutral and 
slightly unstable and stable stratification (Thomas and Foken 2002)  

Parameter –0,2 < z/L < 0,4 
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For free convection (z/L < –1), a scaling with the Deardorff velocity Eq. (2.42) 

and the mixed layer height, zi, is necessary (Garratt 1992). Such parameterizations 
must show the decrease of the integral characteristics with increasing height as 
well as the increase in the Entrainment layer. The following parameterizations 
were given by Sorbjan (1989): 
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2.5 Turbulence Spectrum 

Knowledge of the turbulence spectrum (see Chap. 1.4.3) is a basic assumption for 
the optimal adaptation of measuring sensors and measuring conditions in the at-
mosphere. Many measuring methods are possible only in certain ranges of the 
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turbulence spectra, and many modeling approaches are based on the distribution 
of spectral energy density. Turbulence spectra distinguish between different state 
parameters and fluxes, and are dependent on the micrometeorological conditions. 
In the frequency range of interest to micrometeorology, i.e. periods shorter than 
about 30 min, three ranges can be identified. The range of production of the turbu-
lent energy by the mean flow is characterized by the integral turbulent length scale 
Λ, which is in the order of 10 to 500 m (Kaimal and Finnigan 1994). The typical 
frequency range is f ~ 10–4 Hz (note that here f is not the Coriolis parameter). This 
range is followed by the inertial sub-range in which turbulence is assumed to be 
isotropic, i.e. the turbulent movements have no preferential direction. In this 
range, a well defined energy decrease with increasing frequency occurs according 
to Kolmogorov’s laws (Kolmogorov 1941a; 1941b). The decrease of energy is 
proportional to f-–5/3. After multiplying the energy by the frequency the Kolmo-
gorov laws predict an f –2/3 decrease for state parameters and an f –4/3 decrease for 
the fluxes. In the third range, with frequencies of 10 – 30 Hz the kinetic energy of 
the small eddies are transformed into thermal energy (energy dissipation). The 
typical dissipation length scale is the Kolmogorov’s microscale 
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(2.105) 

which is about of about 10–3 m. 
The three parts of the turbulence spectrum in the micrometeorological range are 

plotted against wave number in Fig. 2.8. Maximum energy occurs at the integral 
turbulence length ~1/k. Note that Λ=π/k, is the Eulerian integral turbulence length 
scale. This length scale can be given for all wind components and scalars. Accord-
ing to Taylor’s frozen turbulence hypothesis (Taylor 1938): 

ufk π2=   
(2.106) 

Using Eq. (2.106), the integral turbulence length scale can be transferred into 
an integral turbulence time scale using the autocorrelation function for the hori-
zontal velocity perturbation, ρu, 
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Because the autocorrelation function is usually an exponential function, the in-
tegral time scale, τ, is given ρ(τ) = 1/e ~ 0.37. This is schematically illustrated in 
Fig. 2.9. 

The energy spectrum under the assumption of local isotropy along with the 
Kolmogorov constant βu ~ 0.5–0.6 (Kolmogorov 1941a) can be given in the iner-
tial sub-range by the so-called –5/3-law, here presented for the horizontal wind 
component: 

( ) 3532 −= kkE uu εβ   
(2.108) 
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In an analogous way, the energy spectrum of the temperature in the inertial 
sub-range is  

( ) 3531 −−= kNkE TTT εβ , (2.109) 

where βT ~ 0.75–0.85 (Corrsin 1951), and NT is the dissipation rate of the variance 
of the temperature Eq. (2.94). For humidity, the inertial sub-range spectrum is 

( ) 3531 −−= kNkE qqq εβ  (2.110) 

with βq ~ 0.8–1.0. The mathematical background for spectral diagrams is briefly 
given in Supplement 2.4. 

Multiplying the TKE equation, Eq. (2.41), by the factor 3
*/ uzκ  and assuming 

steady state conditions ( 0/ =∂∂ te ), gives the dimensionless TKE equation for 
the surface layer (Kaimal and Finnigan 1994; Wyngaard and Coté 1971): 
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The imbalance term I is based on the pressure term. I disappears in the unstable 
case and is of order z/L in the stable case. The transport term, φt, is of order –z/L 
in the unstable case, and disappears in the stable case.  

The dimensionless energy dissipation term is 

3
*u

kzεϕε = , (2.112) 

which can be described by a universal function (Kaimal and Finnigan 1994): 
 
 

 
Fig. 2.8. Schematic plot of the turbulence spectra and the ranges of energy production (A), 
the inertial sub-range (B) and the dissipation range (C) dependent on the wave number k 
(Kaimal and Finnigan 1994) 
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Fig. 2.9. Autocorrelation function and its relation to the integral time scale. The value 1/e is 
a good approximation for which the area of the shown rectangle is equal to the area below 
the exponential plot (Kaimal and Finnigan 1994) 

Supplement 2.4. Fourier series and frequency spectrum  
 

A function f, e.g., a time series of a meteorological parameter with turbulent fluctuations 
(Fig. 1.13), can be represented by a system of orthogonal functions: 
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In an analogous way, its representation by an exponential function is possible:  
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The Fourier transformation is an integral transformation, which converts a function of 
time into a function of frequency: 
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The square root of the time integral over the frequency spectrum (energy spectrum, 
power spectrum) corresponds to the standard derivation. The frequency spectrum of two 
time series is called the cross spectrum. Its real part is the co-spectrum, and the time inte-
gral of the co-spectrum corresponds to the covariance. 
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Further universal functions for the energy dissipation are given in Appendix 
A4. A practical application of these equations is the determination of the friction 
velocity using a scintillometer (see Chap. 6.2.5). Also, the energy spectrum of the 
horizontal wind can be derived in the inertial sub-range (Kaimal and Finnigan 
1994): 
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Fig. 2.10. Models of the energy density spectrum of state variables and fluxes (Kaimal 
et al. 1972) 
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The turbulence spectra of various parameters differ significantly in peak fre-
quency (maximum of the energy density) and their dependence on the stratifica-
tion. The peak frequency of the vertical wind corresponds to the highest frequen-
cies (0.1–1 Hz), and those of the horizontal wind are one order of magnitude lower 
(Fig. 2.10). The vertical wind shows this typical form of spectrum for stable (peak 
frequency shifted to higher frequencies, neutral, and unstable stratification. For the 
other wind components and scalars, the peak frequencies are shifted to lower fre-
quencies, and because of large scatter in the data, they are often not clearly seen. 

Energy density spectra are often used for the correction of measurement data 
(see Chap. 4.1.2). Because of the difficulty in calculating spectra, models of spec-
tra are often applied. Such models were parameterized by Kaimal et al. (1972) on 
the basis of the data of the Kansas experiment. With the usual normalization of the 
frequency according to Eq. (1.19) 

u
zfn = , (2.119) 

the wind components for neutral and slightly unstable stratification (Kaimal and 
Finnigan 1994) are: 
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Højstrup (1981) proposed a stability-dependent parameterization for the verti-
cal wind for unstable stratification:  
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For the temperature spectrum, which can also be used for other scalars, Kaimal 
et al. (1972) published the following parameterization: 
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For the co-spectra, (Kaimal and Finnigan 1994) proposed for the unstable case 
(–2 < z/L < 0) 
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and for the stable case (0 < z/L < 2): 
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The log–log plot of ln (f SA(f)) versus ln f show the graphs of the power laws in 
the form f SA(f) ≈ f-–2/3 and The plot ln SA(f) versus ln f in Fig. 2.10 shows SA(f) ≈ f –5/3. 
In a plot of SA(f) versus f, the area below the graph in the range Δf is equal to the 
standard deviation σA(Δf). The resolution at low frequencies is often bad. The area 
below the graph of f·SA(f) versus ln f, is equal to the energy density. With the 
multiplication of the values of the ordinate by f and logarithmic abscissa, a good 
representation of the low frequencies is possible.  

The energy density in the inertial sub-range according to Eq. (2.108) can also 
be determined using the structure function (Tatarski 1961, Supplement 2.5) 

( ) 3232 rcrD uu ε= , (2.129) 

with the structure constant cu ~ 2 and the structure function parameter  
3

22 εuu cC = . (2.130) 

The structure function for the temperature is given by  
( ) 3231 rNcrD TTT

−= ε , (2.131) 

with the structure constant cT ~ 3.2 and the structure function parameter  
312 −= εTTT NcC . (2.132) 

The structure function for moisture is given by  
( ) 3231 rNcrD qqq

−= ε , (2.133) 

with the structure constant cq ~ 4.02 βq and the structure function parameter  
312 −= εqqq NcC . (2.134) 
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Supplement 2.5. Structure Function 
 

An alternative statistical parameter to the autocorrelation function, Eq. (2.107), is the 
structure function. It is a relation between the value of a variable at time t, A(t), and its 
value at a later time , A(t+L), note L is not the Obukhov length. If the time between the 
measurements is ΔT, then L = j ΔT and 

( )A - A 
N
1 = (L)D j+kk

2
j-N

=0k
AA ∑  (2.135) 

 
 

 
The structure function parameters are very relevant for meteorological measur-

ing techniques (Beyrich et al. 2005; Kohsiek 1982), because they are directly con-
nected to the refraction structure function parameter Cn

2 (Hill et al. 1980), which 
is proportional to the backscatter echo of ground-based remote sensing technique: 

22222 2 qTqTn CBABCCAC ++=  (2.136) 

The coefficients A and B are dependent on temperature, humidity, pressure and the 
electromagnetic wave length. Data are given by Hill et al. (1980) and Andreas 
(1989). While a dependence on temperature and humidity exists for microwaves, 
the humidity dependence on visible and near infrared light is negligible: 
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The stability dependence of the structure function parameter is given by a di-
mensionless function of the energy dissipation, which has the character of a uni-
versal function (Wyngaard et al. 1971b). For the surface layer, they are given in 
the form (Kaimal and Finnigan 1994): 
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If instead of time, the measurements are made in distance, then L=jΔr where Δr is the 
spatial separation between measurements. 
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Other universal functions are listed in Appendix A4. These will be used later 
for the determination of the sensible heat flux with scintillometers (see Chap. 6.2.5). 

The temperature structure function parameter CT
2 can be determined according 

to Wyngaard et al. (1971b) by the vertical temperature profile 

( ) ( )RifzzC TT

22 3
4

∂
∂= − θ  

(2.140) 

with the empirical stability function fT (Ri). 



3 Specifics of the Near-Surface Turbulence 

The equations given in Chap. 2 describe the atmospheric turbulence near the sur-
face for ideal conditions such as horizontally homogeneous surfaces free of obsta-
cles, steady-state conditions, and others. Such conditions are seldom seen in na-
ture, and the Earth’s surface is not completely flat with uniform properties. 
Furthermore, all processes are not steady-state because of changing cloudiness and 
the diurnal cycle of irradiation. In this Chapter, the properties of the plant covered 
heterogeneous surface and its influences on the exchange process are described. 
Because these effects are important in the generation of atmospheric turbulence, 
they must be taken into account for all measurements and modeling efforts. 

3.1 Properties of the Underlying Surface 

Underlying surfaces are distinguished according to their thermal properties, 
roughness, canopy height and other obstacles, and unevenness. For low vegeta-
tion, the surface can be approximated as a porous sponge-like layer, which can be 
described by simple mathematical equations; however, no special phenomena 
should be considered. Much more complicated to handle are obstacles and tall 
vegetation. Therefore a special paragraph on this subject is included in this section. 

3.1.1 Roughness 

As illustrated in Fig. 3.1, there are two different ways to determine roughness: the 
determination of the geometric surface structure, and the calculation of the rough-
ness from the turbulence near the surface. There have been many investigations of 
both methods, but the second way has the highest practical relevance. 

The possibility of the determination of the surface roughness as an integration 
constant of the profile equation Eq. (2.46) for neutral conditions Eq. (2.61) was 
shown in Chap. 2.3.1 with the roughness height z0 defined by: 
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Fig. 3.1. Scheme of the possible ways to determine the roughness of the surface (Foken 
1990) 

Table 3.1. Roughness height (roughness length) of different surfaces (ESDU 1972; Oke 1987) 
and effective roughness height according to Fiedler and Panofsky (1972) 

surface roughness height in m 
ice 
water 
wavy snow 
short grass 
long grass 
grain 
bushes 
forest 
suburban 

0.00001 
0.0001–0.001 
0.002 
0.005 
0.02 
0.05 
0.2 
1–2 
0.5–2 

 effective roughness height in m 

low hills 
high mountains 

0.42 
0.99 
1.42 

 
The values of the roughness height (Table 3.1) given by various authors differ 

only slightly (Davenport et al. 2000; ESDU 1972; Wieringa 1992). The direct de-
termination of the roughness height using the profile equation under neutral condi-
tions is the most common method. The method is limited to roughness elements 
with small vertical extension (maximal forest and suburban with low houses). 

flat lands 
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Principally the method can also be applied on the profile equation for more com-
plex landscapes, towns and others, which are higher than the surface layer. These 
heights are called effective roughness (Fiedler and Panofsky 1972). Effective 
roughness heights are used in connection with the blending-height-concept (see 
Chap. 3.2.4) and area averaging (see Chap. 5.7). 

If the roughness values in Table 3.1 are not accurate enough, then estimates of 
the roughness height can be made using wind measurements at different levels 
(see Chap. 4.2.5). From a log–linear plot analogous to Fig. 2.6, the roughness 
height can be determined for neutral stratification. In the case of low roughness 
(ice or water) this method can be very inaccurate, because small errors in the 
measurements of the wind velocity can cause large changes in the estimated 
roughness height. This is the reason for the large scatter in the reported roughness 
heights over water. 

Panofsky (1984), proposed an interesting way of determining the roughness 
height using the integral turbulence characteristics or turbulence intensities. From 
the combination of Eq. (2.61) and Eq. (2.97) for neutral stratification, one gets: 
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A more exact method is to use the morphological determination of the rough-
ness from the surface structures. For solid surfaces, this method was used for a 
long time in hydrodynamics where the roughness elements are exactly measured. 
In hydrodynamical investigations, the so-called equivalent sand roughness ks ac-
cording to Nikuradse (1933) is applied, which can be determined in a way analo-
gous to the profile method Eq. (3.1) with the integration constant B of about 2.5: 
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(3.3) 

This method is the connection between the exact determination of the surface 
structures and the application of the profile equation. Errors in the determination 
of the surface structure and the influence of stratification are transferred into the 
integration constant B. This method has been used mostly in wind tunnel experi-
ments (Raupach 1992); however, in urban meteorology it is a good method to es-
timate and classify roughness (Grimmond and Oke 1999, 2000; Lettau 1969).  

In some applications, roughness parameters based on the statistical distribution 
of the roughness elements have been used. One example is the replacement of the 
roughness height in the roughness-Reynolds-number 

ν
*0Re

uz
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⋅
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(3.4) 

with the standard deviation of the height of water waves (Kitajgorodskij and 
Volkov 1965), which was used successfully by Russian scientists. A further ex-
ample is the so-called macro roughness which is based on the standard deviation 
of the topography or geometric structures within a certain horizontal scale (Zelený 



64     Specifics of the Near-Surface Turbulence 

 

and Pretel 1986). For both cases, a direct connection with the profile equation is 
not possible, but e.g. integral turbulence characteristics have significant correla-
tions with these parameters. 

For real land surfaces, estimating roughness parameters is complicated because 
landscapes are often complex, and do not have uniform roughness which is com-
parable with the data given in Table 3.1. A further complication is that single 
roughness elements such as trees can have a significant influence on the roughness 
of the area. Furthermore, it is impossible to calculate a simple area-average rough-
ness from the roughness of individual regions because Eq. (3.1) is non-linear. For 
example, an area comprised of 50% bush land and 50% open water is on average a 
bush land with a lower surface roughness height. The wind field calculated with 
this new roughness height will not be representative of the smooth water surface. 
In spite of these findings, the arithmetic averaging is still widely applied in model-
ing. This is because the heterogeneity of the landscape exists on spatial scales that 
are smaller than the grid size of most of the models (see Chap. 5.7).  

The determination of surface roughness for wind power applications is of high 
practical significance. Therefore, for the European Wind Atlas an averaging 
scheme was developed (Petersen and Troen 1990) which takes into account the 
non-linear character of averaging and integrating low roughness surfaces into the 
area roughness. For simplicity, the authors classify only four types (0–3) of sur-
face roughness (class 0: water; class 1: open landscape with flat meadows; class 2: 
croplands with bushes; class 3: forest and suburban). The whole area is divided 
into quarters; then depending on the combination of the surfaces of each quarter a 
mean surface roughness, z0

R, is determined as in Table 3.2. This is a special form 
of parameter averaging, which is described in more detail in Chap. 5.7.1. More 
sophisticated approaches use flux averaging so that the roughness distributions can 
be determined, e.g., by remote sensing (Hasager and Jensen 1999). 

For the case of roughness calculations over vegetated land, the annual change 
of foliage and the growth of plants must also be taken into account. An example of 
these changes is given in Fig. 3.2. 

For water surfaces, the roughness height z0 is generally parameterized as a 
function of the wind velocity. The parameterization by Charnock (1955) 

g
uz
1.81

2
*

0 =  (3.5) 

is often used in models. However, Eq. (3.5) underestimates z0, for low wind ve-
locities, because under these circumstances existing capillary waves are very 
rough. It is highly recommended to use the relation by Zilitinkevich (1969), which 
is a combination of Eq. (3.5) and the relation by Roll (1948) in the form 
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2
*

*
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, (3.6) 

where the coefficients, c1 and c2 are given in Table 3.3 and plotted in Fig. 3.3. Be-
cause of the remarkable scatter of experimental data for the determination of the 
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roughness height (Kitajgorodskij and Volkov 1965), all combinations of both 
parameterizations as well the Roll-type for u* < 0.1 ms–1 and the Charnock-type 
for u* > 0.1 ms–1 are applicable. 

Table 3.2. Averaging scheme for the mean roughness length z0
R in the European Wind Atlas 

(Petersen and Troen 1990). In the Table, the different portions of the roughness classes 0–3 to 
the whole area are given 

type 
z0 in m 

0 
0.0002 

1 
0.03 

2 
0.1 

3 
0.4 

z0
R 

in m 
 3 

3 
3 
2 

1 
 
 
2 

 
1 

 
 
1 

0.001 
0.002 
0.003 
0.004 

 2 
2 
2 
2 

1 
1 
 

1 
 
2 
1 

 
1 
 
1 

0.006 
0.010 
0.009 
0.015 

 2 
1 
1 
1 

 
3 
2 
2 

 
 
1 

 
1 
2 

0.025 
0.011 
0.017 
0.027 

 1 
1 
1 
1 

1 
1 
1 

2 
1 
 
3 

 
1 
2 

0.024 
0.038 
0.059 
0.033 

 1 
1 
1 
 

 
 
 
3 

2 
1 
 
1 

1 
2 
3 

0.052 
0.079 
0.117 
0.042 

  3 
2 
2 
2 

 
2 
1 

1 
 
1 
2 

0.064 
0.056 
0.086 
0.127 

  1 
1 
1 
1 

3 
2 
1 
 

 
1 
2 
3 

0.077 
0.113 
0.163 
0.232 

   3 
2 
1 

1 
2 
3 

0.146 
0.209 
0.292 
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Table 3.3. Coefficients for Eq. (3.6) 

author c1 c2 

Roll (1948) 0.48 ∞ 
Charnock (1955) 0.0 81.1 
Zilitinkevich (1969) 0.1 20.8 
Brocks and Krügermeier (1970) 0.0 28.5 
Foken (1990) 0.48 81.1 
Beljaars (1995) 0.11 55.6 
Zilitinkevich et al. (2002) 0.1 56 open ocean 

32 costal zone 
 

 

Fig. 3.2. Change of the roughness height and the leaf-area index (LAI) during the growth of a 
corn field according to Hurtalová et al. (1983), added by data given by Gurtalova et al. (1988)  

 

 

Fig. 3.3. Dependence of the roughness height over water on the friction velocity according 
to different authors  



Properties of the Underlying Surface      67 

3.1.2 Zero-Plane Displacement 

For dense vegetation (grass, grain) the zero-level for the wind field according to 
Eq. (3.1) is no longer the ground surface but is within the plant canopy, which can 
be simplified as a porous medium. For this level, with the height d (displacement 
height, zero-plane displacement ) all equations given thus far are valid analogs to 
the bare soil (Paeschke 1937). The scale, which is based on this level, is called the 
aerodynamic scale with z'(d) = 0. In contrast, the geometric scale, which is meas-
ured from the ground surface, is z = z' + d (Fig. 3.4). Because Eq. (3.1) is valid 
only for the aerodynamic scale, for low vegetation the geometric scale gives: 

( )
dz

d -z   
u

 = zu
−0

* ln
κ

 (3.7) 

Consequently, all profile equations and equations for integral turbulence char-
acteristics in Chap. 2 must be modified for low vegetation by replacing “z” with 
“z+d”. 

The log-linear extrapolated plot of the wind profile above a dense plant canopy 
with the geometric height as the ordinate cuts the ordinate at u(z0+d) = 0. Thus, it 
is not possible to determine the roughness and displacement heights in a simple 
way. Instead, a system of a number of equations is required. However, it is possi-
ble to use a value of z0 from Table 3.1 and then calculate d. A simple approxima-
tion is also given by  

Bzz 1.00 = , (3.8) 

 

 
 

Fig. 3.4. Aerodynamic and geometric scale for dense vegetation (d = 1.2 m) 
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where zB is the canopy height. Another method is to assume that the displacement 
height is about 2/3 of the canopy height. Therefore, with a known value of z0+d 
the roughness height can be determined by: 

[ ] Bz 
3
2 -  dz= z +00  

 
(3.9) 

The relation between zero-plane displacement and canopy height is independ-
ent of the plant species, but changes during the growth of the plants (Table 3.4). 
There are also approaches available which include the plant cover (Raupach 
1994). There is a wind-velocity dependence caused by the changing of the canopy 
structure with wind speed (Marunitsch 1971). For low wind velocities over the 
forest, the ratio d/zB increases up to values of about 0.8, while for high wind ve-
locities values of about 0.5 are found. In the opposite way, the ratio z0/zB changes 
from about 0.01 to 0.2. 

Of great difficulty, is the determination of the canopy height. This is because 
the top of the canopy often has a non-uniform height, and the highest parts of the 
canopy have a disproportionably large influence on the roughness (Foken 1990). It 
is therefore recommended to determine the canopy height using the largest canopy 
heights covering 10% of the area.  

For a more exact determination of the zero-plane displacement, it is necessary 
to measure the friction velocity using the eddy-covariance method (see Chap. 4.1) 
and the wind profile above the canopy. With an iterative model, the zero-plane 
displacement is varied until the friction velocity of the profile method is equal to 
the friction velocity from the eddy-covariance.  

Table 3.4. Dependence of the ratio of zero-plane displacement and canopy height on the canopy 
density for winter wheat field (Koitzsch et al. 1988) 

canopy density 
stems with ears m–2 

canopy height in m ratio d/zB 

390 0.80 0.60 
660 0.97 0.73 
570 0.40 0.76 

3.1.3 Profiles in Plant Canopies 

Meteorological measurements within low plant canopies are very rare because 
they cannot be made with the usual measuring techniques without disturbing the 
canopy. Temperature measurements are very costly because of the difficulties in 
measuring temperature without a radiation error (see Chap. 6.2.3). An introduction 
to the principle structures of temperature, wind speed, relative humidity, water va-
por pressure, and the saturation deficit are given in Fig. 3.5.  
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Fig. 3.5. Profiles of different meteorological elements in a dense grass canopy on a sunny 
day in June, 3–4 p.m., in Scotland (Waterhouse 1955) 

By normalizing the profiles of turbulence parameters with their mean values at 
the canopy height, the profiles become very similar regardless of the character of 
the surface, i.e. obstacles in a wind tunnel, low vegetation, or forest (Fig. 3.6). For 
the determination of the wind profile, exponential expressions are used with coef-
ficients dependent on the plant species and the leaf-area index: 

( ) ( ) ( )1−= Bz
z

ezuzu B
α

 (3.10) 

Table 3.5 contains the values of profile coefficient, α, for different plant canopies 
(Cionco 1978). An explicit expression for α was given by Goudriaan and cited by 
Campbell and Norman (1998),  
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physiological investigations, the distribution of light is important in the calculation 
of photosynthesises. Relevant contributions to this topic were made by Ross 
(1981) and Jones (1992). 

Table 3.5. Values of the profile parameter of the wind profile within the plant canopy in Eq. 
(3.10) according to Cionco (1978)  

plant canopy profile parameter α 
wheat  2.45 
rye 1.97 
rice 1.62 
sun flowers 1.32 
larch tree plantation 1.00 
fruit plantation 0.44 

where LAI is the leaf-area index, lm is the mean separation of leaves. For plant 
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Fig. 3.6. Profiles of the mean wind velocity, the friction velocity and the standard 
deviations of the horizontal and vertical wind velocity normalized with their val-
ues at the canopy height according to different authors (Kaimal and Finnigan 
1994)  
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3.2 Internal Boundary Layers 

3.2.1 Definition 

The statements so far are based on the assumption of a homogeneous surface. 
More typical for our landscapes are heterogeneous surfaces with a change in the 

cated flow system is developing above such an inhomogeneous surface. The rea-
son is that over each surface a wind profile is generated dependent on the surface 
roughness or a temperature profile dependent on the surface temperature. Due to 
the horizontal wind field the different profiles are shifted downwind forming a 
layer of discontinuity, which is called an internal boundary layer. Therefore, 
neighboring areas can also affect the exchange of energy and matter above a dif-
ferent downwind area. The internal boundary layers are caused by different sur-
face roughness and different source areas of surface temperature, moisture etc. In-
ternal boundary layers can be found for neutral, stable, and unstable stratifications. 
In the case of free convection, the exchange process is more vertically dominated.  

Internal boundary layers are significantly developed disturbance layers in 
the near-surface layer, which are generated by horizontal advection over 
discontinuities of the surface properties (roughness, thermal properties, 
etc.).  

 

 
Fig. 3.7. Generation of internal boundary layers above an inhomogeneous surface (Stull 
1988) 

 

surface characteristics within about 100 m. In Fig. 3.7, it is shown that a compli-
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The internal boundary layer is sometimes composed of several layers each with 
a different thickness. The layer below the discontinuity layer is called new equilib-
rium layer (NEL). Their properties come from the new surface. Above the discon-
tinuity layer (internal boundary layer, IBL) the layer is influenced by the surface 
upwind of the site (Fig. 3.8). Relevant to the development of mechanical internal 
boundary layers are the roughness heights upwind and downwind of the site of a 
sudden change of the surface roughness and the friction velocities related to the 
wind field on both sides of the change. The height of the internal boundary layer 
depends on the fetch (distance to the roughness change). For large fetches the dif-
ferences between both sides of an internal boundary layer decreases. Overviews 
are given by Stull (1988), Garratt (1990, 1992), and Savelyev and Taylor (2001, 
2005). 

In Fig. 3.8 it is shown that above the new equilibrium layer the internal bound-
ary layer has a large range of transition. To determine the height of the internal 
boundary layer several methods are available. 

In the simplest case, the height of an internal boundary layer can be determined 
by extrapolation of the wind profiles from both sides of the internal boundary 
layer (Elliott 1958; Raabe 1983): 

( ) ( )δδ 21 uu =  (3.12) 

This method has the disadvantage that the point of intersection may be outside 
the internal boundary layer. 

More successful is the assumption that if the undisturbed wind profiles can be 
measured below and above the internal boundary layer, than the point of intersec-
tion is taken to be the height of internal boundary layer: 

2
21 δδδ +

=  
 

(3.13) 

The height of the internal boundary layer can also be determined by the change 
of the friction velocity (Peterson 1969; Shir 1972; Taylor 1969): 

z = δ for
u* x,z( )− u*1

u*2 − u*1

< c ~ 0.1 (3.14) 

 

 
Fig. 3.8. Schematic structure of the internal boundary layer at a sudden change of the sur-
face roughness according to Rao et al. (1974) 
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Equation (3.14) is often used by modelers. It should be mentioned that the in-
ternal boundary layer defined this way is higher than those derived from wind pro-
files (Shir 1972).  

For practical reasons, it is useful to use the lower level of the layer of distur-
bances as the height of the internal boundary layer, δ=δ1, because the new equilib-
rium layer can be assumed as undisturbed above the new surface (Rao et al. 1974), 
and is therefore relevant for making measurements. 

 Mechanical internal boundary layers occur for flow from rough to smooth or 
from smooth to rough surfaces. Because of the different wind gradients above 
smooth and rough surfaces, there are characteristic forms of internal boundary 
layers as illustrated in Fig. 3.9.  

The classical model for the height of an internal boundary layer based on Eq. 
(3.1) was given by Elliott (1958): 

δElliott = z02
z01
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Current parameterizations give a value that is multiplied by the base of the 
natural logarithm. i.e. 

Elliotte δδ ≈  (3.16) 

Parameterizations base also on Eq. (3.1) where developed by Radikevitsch 
(1971) and Logan and Fichtl (1975): 
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Fig. 3.9. The wind profile at an internal boundary layer for neutral stratification: (a) typical 
profile for rough and smooth surfaces, (b) change of the surface roughness from rough to 
smooth, (c) change of the surface roughness from smooth to rough 
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The height of an internal boundary layer as a function of fetch was found in 
hydrodynamical investigations, and is given by a 4/5-exponential law (Garratt 
1990; Savelyev and Taylor 2001; Shir 1972): 
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3.2.2 Experimental Findings 

There are many experimental results available about internal boundary layers, but 
more fundamental experiments which could update our present models and 
parameterizations in a more physical way are missing (Garratt 1990; Raabe 1991). 
Consequently classical experiments, such as Bradley (1968a), are still used for 
model comparisons (Fig. 3.10). The first experimental investigations in nature 
were made by Taylor (1969) and Peterson (1969) in a coastal zone. An example of 
the difficulties in the evaluation of experimental data is given by measurements 
made with an ascending and descending probe by Hupfer et al. (1976) and shown 
in Fig. 3.11. Their high-resolution temperature and wind profile measurements 
showed a narrow internal boundary layer, which cannot be found in the mean 
wind profile.  

 

 
Fig. 3.10. Ratio of the friction velocities on both sides of a sudden roughness change 
(Bradley 1968a) 
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A number of experiments were done to determine the heights of either the in-
ternal boundary layer or the new equilibrium layer using an equation comparable 
to Eq. (3.18). At this time, the influences on the IBL height of the stratification, 
which increases the exponent from 0.8 to 1.4 according Rao et al. (1974), and the 
possible differences in the transitions from smooth to rough or from rough to 
smooth are not yet determined. Garratt (1990) assumed a greater increase of the 
IBL height in the case of the transition from smooth to rough than from rough to 
smooth. Because of the large scatter of the results from all experiments, most au-
thors assume a simplified relation 

bxa=δ  (3.19) 

instead of Eq (3.18). Experimental data for this equation are given in Table 3.6. 
These data are related to the new equilibrium layer according to Rao et al. (1974).  

Table 3.6. Experimental results for the coefficients in Eq. (3.19) to estimate the height of the in-
ternal boundary layer (new equilibrium layer according to Rao et al. 1974); for more data see 
Savelyev and Taylor (2005)  

author a b conditions 
Bradley (1968a), Shir (1972) 0.11 0.8 z01/z02 = 125 and 0.08 

artificial roughness 
Antonia and Luxton (1971; 
1972) 

0.28 
0.04 

0.79 
0.43 

x ≤ 10 m, rough–smooth 
x ≤ 10 m, smooth–rough 
wind tunnel 

Raabe (1983) 0.30±0.05 0.50±0.05 beach, on- and off-shore winds, 
5 m < x < 1000 m 

 
 

 

 

 

Fig. 3.11. Wind and temperature pro-
file measurements in the costal zone 
at 75 m distance to the shore line ac-
cording to Hupfer et al. (1976): bold 
line: wind profile measured with an 
ascending and descending probe 
within 1–2 min, dotted line: tempera-
ture profile measured with an ascend-
ing and descending probe, horizontal 
double line: position of the internal 
boundary layer, points: mean wind 
velocity from profile measurements 
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Fig. 3.12. Measured heights of the internal boundary layer from the boundary layer measur-
ing site Falkenberg of the German Meteorological Service (Jegede and Foken 1999), 
roughness changes from smooth (zo = 0.008 m) to rough (z0= 0.032 m).  

The relation proposed by Raabe (1983)  
x3.0=δ  (3.20) 

can be classified as exceedingly robust for the determination of the new equilib-
rium layer. This was experimentally shown by Jegede and Foken (1999), who de-
termined internal boundary layers from wind profile data for roughness changes 
from smooth to rough and from rough to smooth, and for different wind directions 
which are related to different fetches (Fig. 3.12). Evaluated was the intersection of 
both wind profiles above and below the internal boundary layer. The height of the 
middle of the internal boundary layer is well represented by Eq. (3.19) with 
a = 0.43 and b = 0.5. The prominent disagreement for a wind direction of about 
270° is caused by an additional internal boundary layer due to a group of bushes 
about 500 m away, which makes the actual internal boundary layer not verifiable. 
The remarkable scatter for wind directions < 230° is caused by changing wind di-
rections which are partly connected with short fetches.  

3.2.3 Thermal Internal Boundary Layer 

Analogous to the mechanical internal boundary layer due to a step change of the 
surface roughness, there is also a thermal internal boundary layer due to a step 
change of the surface temperature. Such changes in temperature are possibly due 
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to different land use characteristics, moisture, or gas exchange condition. Few ex-
perimental results are available because the investigations are often made in costal 
zones where the thermal internal boundary layer is combined with the mechanical 
internal boundary layer.  

The height of the thermal internal boundary layer is given by Raynor et al. 
(1975): 
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(3.21) 

The temperature gradient is measured on either the upwind side of the surface 
temperature change or above the internal boundary layer; all other parameters are 
measured at a reference level. The coefficient c depends on the reference level and 
is in the order of one (Arya 2001). Such parameterizations are probably as robust 
as Eq. (3.20) for the mechanical internal boundary layer. 

A special case is the thermal internal boundary layer in the afternoon mainly 
due to the so-called oasis effect (see Chap. 1, Stull 1988). Shortly after noon 
above a strongly evaporating surface, the temperature near the ground surface de-
creases and the stratification becomes stable. The height of the inflection point be-
tween the stable stratification near the surface and the unstable stratification in the 
upper layer grows with the time. Below the inversion, the sensible heat flux is 
downwards, and above the inversion it is upwards. The height increases 50 to 100 
m above the ground after sun set, and is then identical with the stable boundary 
layer. In the early morning, a similar effect can be found but with a much shorter 
duration.  

Another special case of a thermal internal boundary layer, is a near-surface in-
version layer (height about 1 m), which cannot be described by any of the phe-
nomena already discussed. This layer was observed first by Andreev et al. (1969) 
above the Black Sea. Further results are available from the Caspian Sea (Foken 
and Kuznecov 1978) and from Antarctica during the FINTUREX experiment 
(Sodemann and Foken 2005). In all cases, the surface was relatively smooth and 
the stratification was either neutral or stable. Explanations for the layer include a 
release of heat by chemical reactions, or eddy dissipation (Chundshua and An-
dreev 1980) or condensation processes (Foken and Kuznecov 1978); also possible 
are decoupling effects due to a large wind shearing near the surface or counter-
gradient fluxes (see Chap. 3.5.2) are possible. 

3.2.4 Blending-Height Concept 

An important question for modelers is the possible height of an internal boundary 
layer. According to the structure of internal boundary layers, it can be assumed 
that layers are separate only up to a certain height (Fig. 3.7). At a greater horizontal 
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distance from the change in surface roughness, they merge. This so-called blend-
ing height is assumed to be about 30–100 m above the ground surface. Above this 
height, an area-averaged flux is assumed. This means that the properties near the 
surface are smoothed (Taylor 1987). This idea was proposed by Mason (1988) and 
updated by (Claussen 1991; Claussen and Walmsley 1994). The concept considers 
especially larger-scale changes of surface roughness with characteristic horizontal 
distances of Lx > 1 km. The blending height can be estimated by lb = Lx/200 
(Mahrt 1996). The blending height concept has practical applications for area av-
eraging in numerical models (see Chap. 5.7) because it can be assumed that for the 
model level at approximately the height of the blending height, the fluxes above a 
heterogeneous surface are area averaged.  

From the experimental point of view, this concept is not much accepted. In an 
atmospheric boundary layer with free convection, the various surfaces can be de-
tected by aircraft measurements through the depth of the boundary layer if the sin-
gle areas are large enough for convection to develop above them. This is the case 
for horizontal scales greater than 200 m (Shen and Leclerc 1994). This is basic 
knowledge for glider pilots because free convection does not start at the surface, 
but above a growing internal boundary layer when δ/L < –1 (Andreas and Cash 
(1999). 

Because the structure of the atmospheric boundary layer over heterogeneous 
surfaces is very complicated, the blending height is meaningful for models with 
grid sizes greater than 2–10 km. In smaller scale models, the blending height con-
cept seems not to be the best tool.  

3.2.5 Practical Relevance of Internal Boundary Layers 

Internal boundary layers are disturbances, which cannot be treated in experiments 
and models. Because of this the Way back to Kansas experiment (see Chap. 2.3.2), 
which implies an absolutely homogeneous surface, cannot be the aim of microme-
teorology. However, for measuring and modeling the properties of the near-
surface layer the identification of internal boundary layers is essential. 

Experimentally this can be done with wind and temperature profile measure-
ments or measurements of turbulence characteristics, which disagree with the 
typical values within the internal boundary layer. The necessary measurements are 
made in the new equilibrium layer or above the internal boundary layer. Problem-
atical are measuring methods that are based on gradient measurements. Extreme 
errors may occur if an internal boundary layer is within the profile. Measurements 
should be done in the new equilibrium layer because due to the logarithmic profile 
functions the gradients above an internal boundary layer are often very small. 
When thermal internal boundary layers are present during the daily cycle, the 
measured gradients are not proportional to a flux.  
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For modeling, internal boundary layers should be taken into account if the grid 
size is less than 1 km. Such models are presently very rare because models with 
high spatial resolution were developed from large-scale low-resolution models. By 
applying these model physics, the modeling of internal boundary layers is impos-
sible (Herzog et al. 2002). 

Investigations of internal boundary layers are very important in the use of wind 
power (WMO 1981). To realize an optimal energy output, wind power stations 
should be installed on the side of a roughness change that has the smoothest sur-
face for most of the wind directions as illustrated in Fig. 3.13. 

 

 
Fig. 3.13. Position of a wind power station in relation to an internal boundary layer (WMO 
1981)  

3.3  Obstacles 

Obstacles have a remarkable influence on meteorological measurements, though 
the disturbance is not only at the downwind side but also on the windward side of 
the obstacle. In general, this range is excluded from measurements. This is impos-
sible in forest, mountain regions, and urban environments. Often, modeling ap-
proaches are compared with wind tunnel simulations (Schatzmann et al. 1986). 
However, wind tunnel measurements are limited to neutral stratification, and the 
atmospheric turbulence structures can be created only provisionally.  

For classical meteorological measurements and especially for micrometeorologi-
cal measurements, the influences of obstacles should be excluded to the greatest 
possible extent. Therefore, the available rough approximations presented in this sec-
tion are relevant only for mean meteorological parameters. For measurements of 
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energy fluxes, the distances should be increased by a factor 2–5, and the footprint 
conditions must be applied (see Chap. 3.4). 

The following approximation from the engineering technique is used for wind 
measurements and the use of wind power. This simple approach (WMO 1981) is 
illustrated in Fig. 3.14. 

In Germany (VDI 2000), for meteorological standard measurements of the 
wind velocity at 10 m height, the necessary distance from an obstacle, A, will be a 
function of the height, H, and the width, B, of the obstacle. In the exceptional case 
of a short distance to the obstacle, D, the measuring height should be increased an 
amount h′ where 

( )DA
A
Hh −=' , 

 
(3.22) 

see also Table 3.7. 

 
 

Fig. 3.14. Disturbance area at an obstacle (WMO 1981) 

 
Fig. 3.15. Determination of the factor R1 (Petersen and Troen 1990)  
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Table 3.7. Minimal distance of meteorological measurements, especially wind measurements, to 
an obstacle (VDI 2000) 

height » wide height ≈ wide height « wide 
A ≥ 0.5 H + 10 B 
for B « H ≤ 10 B 

A = 5 (H + B) A ≥ 0.5 B + 10 H 
for H « B ≤ 10 H 

A ≥ 15 B 
for H > 10 B 

 A ≥ 15 H 
for B > 10 H 

 
The European Wind Atlas (Petersen and Troen 1990) applies a method to de-

termine the lee side of an obstacle on the basis of a paper by Perera (1981). Ac-
cordingly, a corrected wind velocity can be calculated from the measured velocity 
and the porosity P of the obstacle (buildings: 0.0; trees: 0.5):  

( )[ ]PRRuucorr −−= 11 12  (3.23) 

The factor R1 is given in Fig. 3.15 and R2 can be determined from 
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(3.24) 

where x is the distance between obstacle and the measuring point, and L is the 
length of the obstacle). 

Results from the three methods (Eqs. (3.22), (3.23) and Fig. 4.14) are not com-
parable because the length of the obstacle in each case is used in a different way. 
However, for similar obstacles the results are not greatly different. 

It should be noted that an instrument tower can also influence the measure-
ments. Generally, measurements should not be made in the lee of a tower, and on 
the windward side the distance of wind and flux sensors from the mast should be 
large. For the installation of measuring devices, helpful rules of thumb for dis-
tances are 5-times the diameter of the mast for lattice masts, and 10-times the di-
ameter of the mast for concrete masts.  

Obstacles in connection with the generation of internal boundary layers have 
practical applications. For example, bushes used as windbreak lines reduce soil 
erosion on the lee side remarkable well, and distances less than 100 m from these 
break lines are optimal. Windbreaks are also used to shelter rain gauges, and snow 
fences are used to collect snow in the lee side. 
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3.4 Footprint 

3.4.1 Definition 

Measurements made at a particular site and at a particular height do not represent 
the properties or the fluxes below that sensor. Instead, the measurements represent 
the conditions of the underlying surface upwind of the sensor (Gash 1986). This 
effective area of influence is called the footprint. While the phenomenon of the 
footprint has been well known for a long time the term footprint is relatively re-
cent. Thus, different forms of presentation and notation can be found in the litera-
ture. For example Schmid and Oke (1988) call this a source-weight function, and 
Leclerc and Thurtell (1989) call it a footprint function. In subsequent papers, the 
footprint description was widely used (Leclerc and Thurtell 1990; Schmid and 
Oke 1990; Schuepp et al. 1990), but the final mathematical form according our 
present knowledge was given by Horst and Weil (1992; 1994). The footprint func-
tion f describes the source area Qη of a measuring signal η (scalar, flux) in relation 
to its spatial extent and its distribution of intensity, as illustrated in Fig. 3.16, and 
is given by: 
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Fig. 3.16. Schematic picture of the footprint function according to Schmid (1994) 
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The footprint of a special point (measuring device) is the influence of the 
properties of the upwind source area weighted with the footprint function.  

It is interesting, that the horizontal and vertical scales of internal boundary lay-
ers and footprint concepts are also identical with the blending height concept 
(Horst 1999). 

3.4.2 Footprint Models 

The presently available footprint models (Table 3.8) are mainly diffusion models 
with the assumptions of homogeneous surfaces, uniform fluxes with height, and 
constant advection. Important input parameters are the measuring height, the 
roughness height, the stratification, the standard deviation of the lateral wind 
component, and the wind velocity. The core of analytical footprint models are dif-
fusion models such as the often-used model developed by Gryning et al. (1983). 
More sophisticated models include Lagrangian footprint models and backward tra-
jectory models, which can determine the footprint for heterogeneous surfaces. An 
overview of the present state in footprint modeling is given by Schmid (2002) and 
Vesala et al. (2004, 2008).  

Table 3.8. Overview about the most important footprint models (if no remark: analytical model)  

author remarks 
Pasquill (1972) first model description 
Gash (1986) neutral stratification 
Schuepp et al. (1990) use of source areas, but neutral stratification and aver aged 

wind velocity  
Leclerc and Thurtell (1990) Lagrange’ footprint model 
Horst and Weil (1992) only 2-dimensional 
Schmid (1994, 1997) separation of footprints for scalars and fluxes 
Leclerc et al. (1997) LES model for footprints 
Baldocchi (1998) footprint model within forests 
Rannik et al. (2000, 2003) Lagrange’ model for forests 
Kormann and Meixner (2001) analytical model with exponential wind profile  
Kljun et al. (2002) three dimensional Lagrange’ model for diabatic stratification 

with backward trajectories 
Sogachev and Lloyd (2004) boundary-layer model with 1.5 order closure 
Strong et al. (2004) footprint model with reactive chemical compounds 
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While footprint models are widely used, their experimental validation is still an 
outstanding issue (Finn et al. 1996). This validation is all the more necessary be-
cause the models are often applied under conditions that are not in agreement with 
the model assumptions. Currently, two methods of validation are available. The 
first method is the classical validation of dispersion model with tracers (Finn et al. 
2001), and the second method tries to find the influences of obstacles in the foot-
print area by examination of the integral turbulence characteristics (Foken et al. 
2000). In the second method, the differences in the integral turbulence characteris-
tics of the footprint area due to changes of stability are investigated. This approach 
was validated using natural tracers (Foken and Leclerc 2004). These natural trac-
ers are surfaces with different properties which can be verified with measurements 
according their footprint (Göckede et al. 2005). At this time, we are at the begin-
ning of footprint model validation, and to a large extent only comparisons between 
different footprint models are available.  

3.4.3 Application of Footprint Models 

The first applications of footprint models were in the planning of field experi-
ments (Horst and Weil 1994, 1995), i.e. how complex is the target surface in the 
footprint area of the measuring site. Changes in the underlying surface create in-
ternal boundary layers, which can change the local turbulence structure by adding 
mechanical or thermal-induced turbulence. An example of such a footprint calcu-
lation is shown in Fig. 3.17, where it is clearly seen that only the lowest measuring 
height can measure the influence of the surface on which the mast is standing. The 
upper measuring heights record increasing parts of the neighboring surfaces. The 
measurements of gradients can no longer be used for the determination of fluxes; 
it would more likely reflect horizontal differences.  

Another important application is the so-called footprint climatology (Amiro 
1998), which is shown in Fig. 3.18 for a selected measuring place. Depending on 
the stratification and the standard deviation of the lateral wind component, a data 
set over a long time period is necessary in order to calculate the climatology of the 
footprint areas.  

For measuring places with changing roughness in the surrounding region, sur-
face maps are used. The averaging of the roughness heights can be made accord-
ing to Table 3.2, and the results used with some iterations optimal to the footprint 
model (Göckede et al. 2004). With an averaging model for fluxes (Hasager and 
Jensen 1999) the approach can be much better applied to a heterogeneous surface 
(Göckede et al. 2006).  
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. 

Fig. 3.17. Schematic picture of footprint areas according the model by Schmid (1997). It is 
seen that for different measuring heights different footprints and influences of underlying 
surfaces occur.  

 

Fig. 3.18. For the measuring station Waldstein/Weidenbrunnen in the Fichtelgebirge moun-
tains (Germany) calculated footprint areas from a two monthly data set in summer 1998 
(Foken and Leclerc 2004)  

Another application is the evaluation of the quality of carbon dioxide flux 
measuring stations with respect to the target surface in the footprint area and the 
spatial distribution of the estimated data quality within the footprint (see Chap. 
4.1.3 and Rebmann et al. 2005). From Fig. 3.19, it can be seen that in the NW- 
and S-sectors the data quality is not sufficient for the calculation of the latent heat 
flux. The reason for this is that clouds and precipitation often occur in the NW-
sector at the station Waldstein/Weidenbrunnen.  
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Fig. 3.19. Spatial distribution of the data quality according to Table 4.3 for the latent heat 
flux at the measuring station Waldstein/Weidenbrunnen for stable stratification. The rele-
vant footprint climatology is underlined with contour lines, according to Göckede et al. 
(2006). The measuring tower is located at point (0,0).  

a) 

 
b) 

 

 
 
 
 
 
 
 
 
 
 
 

 
Fig. 3.20. Integral turbulence 
characteristics of the vertical 
wind velocity at the station Wald-
stein/Weidenbrunnen as a func-
tion of wind direction for (a) un-
stable and (b) stable stratification; 
measurements are plotted as ● and 
model calculations according to 
Table 2.11 as ▲ (Foken and  
Leclerc 2004)  
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Figure 3.20 shows the measured and modeled integral turbulence characteris-
tics of the vertical wind velocity for stable and unstable stratification at the Wald-
stein/Weidenbrunnen station. Significant differences can be seen between the 
model and experiment in the wind sector 180°–230°. However, for neutral stratifi-
cation this is not the case. The reason is that the Waldstein massif is about 1 km 
from the measuring site, and its effects on the measurements are seen only for sta-
ble stratification. Thus, the disturbances of the vertical wind can explain the low 
data quality of the latent heat flux in the S-sector. Similar influences on the inte-
gral turbulence characteristics were found by DeBruin et al. (1991). They distin-
guish between heterogeneities in the surface roughness and in the thermal or other 
surface properties, the latter can be found with the integral characteristics of the 
scalars.  

3.5 High Vegetation 

The description of meteorological processes over high vegetation is opposite to 
that for dense vegetation (e.g. grain), which was described in Chap. 3.1.2 as a po-
rous layer with a vertical displacement of the height (zero-plane displacement) in 
the profile equation. In a forest, the canopy and the understory are regions where 
complex micrometeorological processes occur. Therefore the crown is a layer that 
often decouples the understory from the atmosphere above the forest canopy. The 
energy and matter exchange between the atmosphere and the upper crown is often 
completely different than those between the lower crown and the trunk space and 
the soil. The stratification in both layers can be different, and the gradients in each 
layer can be of opposite sign. This has significant influence on measurement and 
modeling of exchange processes, which are very complex. Currently, these proc-
esses and their consequences are not fully understood (Finnigan 2000; Lee 2000). 

3.5.1 Behavior of Meteorological Parameters in a Forest  

The typical daily cycle of the temperature in a forest (Baumgartner 1956; Lee 
1978) is illustrated in Fig. 3.21. The maximum air temperature occurs in the upper 
crown usually about 1–2 h after local noon. Below the crown, the daytime tem-
peratures are lower. During the night, the minimum temperature occurs in the up-
per crown due to radiation cooling. Because the cool air in the crown drops to the 
ground surface, the minimum of the temperature near the ground occurs a short 
time later. Especially in the evening, it is warmer in the forest than in the sur-
roundings. Fields near the forest edges may be damaged by frost in the morning 
due to the outflow of cold air, especially on slopes. The temperature structure in a 
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forest has an absolutely different stratification than commonly observed above low 
vegetation. During day time above low vegetation and above the crown, unstable 
stratification is typical, and during the night stable stratification is typical. Due to 
the relatively cool forest ground during daytime and warm forest ground during 
the nighttime, inside the forest the opposite stratifications are realized.  
 

 
Fig. 3.21. Daily cycle of the air temperature in and above a forest according to 
Baumgartner (1956) 

 
Fig. 3.22. Nigh time plot of the temperature in a forest with a sudden inflow of warm air 
connected with a short increase of the wind velocity at 01:40 according to Siegel (1936)  
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A typical phenomenon of the exchange processes in and above a forest is a de-
coupling due to the crown. For example, during a calm night the upper canopy is 
relatively warm, but cool air is stored in the understory. A very small increase of 
the wind speed (gust, sweep) can cause a sudden inflow of warm air into the un-
derstory as seen in Fig. 3.22 at 01:40. Also, the opposite effect (burst, ejection) of-
ten occurs during the day, when warm or moist air is suddenly ejected from the 
understory. Therefore, the exchange of energy and matter within and above a for-
est is not a continuous process but is limited to single events.  

The wind velocity in and above a forest is greatly reduced due to friction. But 
in a clear trunk space with nearly no understory growth a secondary maximum of 
the wind appears (Shaw 1977). This can change the momentum flux below the 
crown (Fig. 3.23). The wind profile near the top of the canopy has an inflection 
point, and at forest edges internal boundary layers can develop. Near the edge, as 
shown by measurements and modeling studies, increased turbulent fluxes occur 
(Klaassen et al. 2002). 

3.5.2 Counter Gradient Fluxes 

Exchange processes of energy and matter according to Chap. 2.3 are proportional 
to the gradient of the particular state parameter. Because of the change of the gra-
dients in a forest site, it follows that convergence and divergence layers for fluxes 
must exist. However, the observed fluxes are opposite to the local gradients of the 
state parameters. This was found to be the case not only for the fluxes of sensible 
and latent heat but also for the fluxes of matter, e.g. carbon dioxide. This phe-
nomenon is called counter-gradient fluxes (Denmead and Bradley 1985) and 
schematically shown in Fig. 3.24. 

While the profiles are determined by the mean structures, the turbulence fluxes 
contain short-time transports by gusts and burst, which cause little change to the 
profiles. Relatively large turbulence eddies called coherent structures, which are 
not comparable with the turbulent elements of the gradient transport, make re-
markable flux contributions (s. Chap. 3.5.4, Bergström and Högström 1989; Gao 
et al. 1989).  

With these findings, the application of either the Monin-Obukhov similarity 
theory or the K-approach for the exchange process at a forest site gives no mean-
ingful results. Alternatives are modeling with the transilient theory if the transil-
ient matrix is well parameterized (Inclan et al. 1996), LES modeling (see Chap. 
5.6), or higher-order closure approaches (Meyers and Paw U 1986; 1987). 

Counter-gradient fluxes are not limited to forest sites. They also occur in con-
nection with decoupling effects in the near-water air layer (Foken and Kuznecov 
1978) or above ice shields (Sodemann and Foken 2005). It is interesting from the 
point of view of the history of science, that experimental findings were already 
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known before the book chapter by Denmead and Bradley (1985) which opened the 
possibility to published these investigations in reviewed journals. 

 
 

 
Fig. 3.23. Typical wind profile in a forest (Bailey et al. 1997); use of data by Amiro (1990)  

 

Fig. 3.24. Profil of the temperatur θ, the mixing ratio r, and the trace gas concentration c, as 
well as the sensible heat flux H, the latent heat flux λE, and the trace gas flux Fc in a forest 
with counter-gradients (Denmead and Bradley 1985) 
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3.5.3 Roughness Sublayer 

Above a forest canopy, the profiles of state parameters are modified due to the high 

together with the canopy is called the roughness sublayer, which has a thickness of 
about three times of the canopy height. This means that above a forest within a dis-
tance of two times of the canopy height undisturbed conditions can be found. The 
verification of the roughness sublayer was made first in the wind tunnel (Raupach 
et al. 1980). Experiments in nature were done, for example, by Shuttleworth (1989). 
While above low vegetation the ratio z/z0 for typical measurement heights has values 
of 100–1000, above a forest roughness sublayer this ratio is typically 5–10 (Garratt 
1980). Accordingly, the profile equations (Eqs. (2.71) to (2.73)) must be changed by 
including functions which compensate for the effects of the increased turbulent dif-
fusion coefficient in the roughness sublayer (Garratt 1992; Graefe 2004) 
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where z* is the height of the roughness sublayer. Below the roughness sublayer the 
profile equations (Eqs. (2.71) to (2.73)) are no longer valid. The correction func-
tions do not change with stratification and can be determined as empirical expo-
nentials according to Garratt (1992): 

ϕ*
z

z*( )= exp −0.7 1− z
z*( )[ ] for z < z*  

(3.29) 

For neutral stratification (3.26) has the simple form: 
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The corrected functions must be used above the forest in all cases; otherwise 
the profile method (see Chap. 4.2) gives false values. The application of Bowen-
ratio similarity (see Chap. 2.3.3) is in principal possible as long as the corrected 
functions for both fluxes are identical, which cannot be assumed from the simple 
form in Eq. (3.29). However, for the application of Bowen-ratio similarity the 
relatively small gradients above the forest are the more limiting factors. 

Another possibility for the correction of the roughness sublayer was proposed 
by DeBruin and Moore (1985). They assumed that the mass flow inside the forest 
compensates the missing mass flow above the forest. The mathematical applica-
tion needs either a detailed assumption about the wind profile in the forest or better 

roughness compared with the ideal profile equations given in Chap. 2.3. This layer 



92     Specifics of the Near-Surface Turbulence 

 

measurements. From the mass flow in the forest, the mass flow above the forest 
and the resulting wind profile can be determined. 

3.5.4 Turbulent Structures in and above a Forest 

In contrast to low vegetation, above a forest ramp-like structures in the time series 
as seen in Fig. 3.25 typically occur. These generally are short-lived but strong tur-
bulent events, which make remarkable contributions to the transport process. 
These ramps have some regularity, and persist for time periods typically ranging 
from tens of seconds to a few minutes; they are different from the normal fluctua-
tions and gravity waves, which can be observed above the canopy in the night. 
The ramp structures are commonly called coherent structures (Holmes et al. 
1996). 

Coherent structures, in contrast to stochastically distributed turbulence ed-
dies, are well organized, relatively stable long-living eddy structures, which 
occur mostly with regularity in either time or space.  

The structures shown in Fig. 3.22 are probably the first observations of coher-
ent structures. More systematic investigations require the applications of statistical 
approaches, for example the wavelet analysis (Supplement 3.1), to clearly isolate 
time and frequency scales. This is not possible with spectral analysis, which gives 
only the frequency distribution. The first papers on this technique were presented 
by Collineau and Brunet (1993a; 1993b). 

The turbulent fluctuations of the vertical wind are shown in the upper part of 
Fig. 3.26. Below this but on the same time axis is the wavelet energy plot. On the 
ordinate, the logarithm of the reciprocal time scale (frequency in Hz) is plotted. 
Long periods of minimum and maximum energy are seen, which are correlated 
with the ramp structures. These structures show a maximum in the variances at 
300 s (lower part of the Figure). We also see in Fig. 3.26, a maximum variance in 
the micro-turbulence range at about 50 s, and another maximum for the very long 
waves. Ruppert et al. (2006b) have shown that not all meteorological variables 
have the same coherent structure, in contrast to stochastically organized eddies 
(Pearson jr. et al. 1998). The main reasons are different sources. This phenomenon 
is called scalar similarity. 
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Fig. 3.25. Fluctuations, waves and ramp structures above a forest (Bailey et al. 1997) by us-
ing data from Gao et al. (1989) and Amiro and Johnson (1991) 

 
Fig. 3.26. Structure of the vertical wind velocity above a forest, above: time series, middle: 
wavelet analysis, below: scale of typical variances (Wichura et al. 2001) 
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Supplement 3.1. Wavelet Analysis 
 

The wavelet transformation Tp(a,b) of a function f(t) is the convolution of a time series f(t) 
with a family of Wavelet functions Ψa,b(t) (see Torrence and Compo 1998) 
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where Tp(a,b) is the wavelet transform; Ψp,1,0(t) is the mother wavelet; b is the translation 
parameter, a is the dilatation parameter (time scale), 1/a is a frequency scale, and p=0.5. If 
a > 1, then a widening of the mother wavelet occurs, and if a < 1 then a contracting of the 
mother wavelet occurs. Wavelet functions differ in their response to time and frequency, 
and so they must be selected according to the application. A wavelet that responds equally 
well in both scales is the Mexican-hat: 
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Wavelet plots show the time on the x-axis and the period or frequency on the y-axis. In 
the wavelet plot in Fig. 3.26, light areas correspond to high energy densities and the dark 
areas to low energy densities. Thus, an explicit localization of frequencies and energy den-
sities in time is possible. This is not possible in spectral analysis. 

 
 

 

 
Fig. 3.27. Turbulent structures above a tropical rain forest (Rummel et al. 2002b) 
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Scalar similarity is also shown in Fig. 3.27. While the ramp structures in the 
vertical wind are not well developed, the ramp structures in the temperature, water 
vapor, ozone, and carbon dioxide fluctuations are; however, the characteristics of 
the ramps are not similar. For example, due to the different sources of carbon di-
oxide and water vapor, their ramps are mirror images.  

Coherent structures are found over all surfaces. Their characteristics above 
highly heterogeneous surfaces are much greater than those over low uniform sur-
faces. Obstacles such as forest edges can generate additional structures, which 
generate periods that are dependent on the distance from the edge (Zhang et al. 
2007). In general, the whole mixed layer is dominated by such structures. Also, 
these structures provide a good coupling between a canopy and the atmospheric 
boundary layer (Thomas and Foken 2007a). 

3.5.5 Mixing Layer Analogy 

In the case of high wind shear, a mixing layer which controls the exchange proc-
esses can develop above a forest (Raupach et al. 1996). A roughness sublayer 
alone cannot explain this observation. The development of the mixed layer is very 
similar to wind tunnel experiments as illustrated in Fig. 3.28. Turbulent exchange 
is possible if the characteristic turbulence scales of the vertical wind velocity and a 
scalar are similar to the scales of the mixing layer. If this is not the case, then de-
coupling may occur.  

The characteristic length scale of the mixing layer is the shearing scale. Assum-
ing that the inflection point of the wind profile is at the top of the canopy and that 
the wind velocity within the canopy is significantly lower it follows (Raupach et 
al. 1996):  
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The development of the mixing layer above a plant canopy was comprehen-
sively described by Finnigan (2000) as is illustrated in Fig. 3.29. The second 
length scale is the characteristic distance between coherent eddies, which is the 
wavelength of the initial Kelvin-Helmholtz instability which is the underlying 
cause of the developing mixing layer. This length scale, Λx, can be determined, for 
example, by a wavelet analysis. According to Raupach et al. (1996) a linear rela-
tion exists between both scales 

sx Lm=Λ , (3.34) 

with values for m ranging from 7 to 10 for neutral stratification. 
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Fig. 3.28. Developing of the mixing layer of the height δw (Raupach et al. 1996) 

 
Fig. 3.29. Schematic description of the developing of the mixing layer above a plant can-
opy (Finnigan 2000) 
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The determination of energy exchange above a forest is extremely complicated. 
Not only the crown space but also the wind shearing above the canopy can de-
couple the forest from the atmosphere. Therefore, the exchange processes between 
the forest and the atmospheric boundary layer is occasionally intermitted.  

3.5.6 Coupling Between the Atmosphere and Plant Canopies 

Tall plant canopies are coupled with the atmosphere by turbulent eddies most of-
ten during the daytime. Then, the energy and matter exchange takes place between 
the ground, the trunk space, and the atmosphere above the canopy. Reasons for the 
occasional decoupling between the canopy and the atmosphere are the high 
roughness at the upper part of the canopy, which damps the wind field, and the 
stable stratification in the canopy. The latter is responsible for the enhancement of 
emitted gases from the ground in the trunk space and large concentrations above 
the canopy. This can be seen for nitrogen monoxide and carbon dioxide produced 
by microbiological and respiration processes in the ground. As a rule these con-
centrations will be removed by turbulent mixing and, in the case of nitrogen mon-
oxide, by reactions with ozone. However, during calm conditions high concentra-
tions may occur above low vegetation.  

The reaction of nitrogen monoxide with ozone can be used as a tracer for the 
turbulent mixing (Rummel et al. 2002a). Also, the stable carbon isotope 13C can 
be used as a tracer because isotope signatures in the atmosphere and the soil differ 
significantly, and carbon dioxide emitted from the ground can be identified in the 
atmosphere even above the canopy (Bowling et al. 2001; Wichura et al. 2004). 
Coherent structures are very effective for the characterization of the turbulent ex-
change process if they can be measured at different heights in the canopy (Thomas 
and Foken 2007b). 

The dependence of the penetration depth of coherent structures into the canopy 
can be classified by five states of coupling (Table 3.9). In the case of gravity 
waves, (Wa) or no penetration of turbulence into the canopy (Dc) no coupling ex-
ist. In the case of penetration of turbulence into the crown (Ds), at least the crown 
is coupled with the atmosphere. A complete coupling (C) is given only for short 
time periods. More often is seen an occasional or partial coupling of the trunk 
space and the crown with the atmosphere (Cs). The typical daily cycle of the 
phase of coupling together with the contribution of the coherent structures to the 
flux is shown in Fig. 3.30.  
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Table 3.9. Characterization of the states of coupling between the atmosphere and tall plant cano-
pies (Thomas and Foken 2007b). The signature with letter is according to the coupling stages in 
Fig. 3.30 (Figures from Göckede et al. 2007) 

Wa Dc Ds Cs C 

 
gravity waves 
above the can-
opy 

turbulent eddies 
only above the 
canopy 

turbulent mixing 
up to the crown 

occasionally 
complete mixing 
of the canopy 

complete mixing 
of the canopy 

no coupling no coupling occasionally 
weak coupling 

occasionally 
coupling 

good coupling 

     

 
Fig. 3.30. Measurements of the characteristics of the turbulent exchange in the period from 
June 1 to June 4, 2003 during the experiment WALDATEM-2003 (Waldstein/Weiden-
brunnen) in a 19 m high spruce forest in the Fichtelgebirge mountains: (a) Relative contri-
bution of coherent structures to the carbon dioxide exchange (○), buoyancy flux (□) and la-
tent heat flux (+) at 1,74 zB (zB: canopy height); (b) Kinematic buoyancy flux of the coher-
ent structure at 1.74 zB (●), 0.93 zB (▲) and 0.72 zB (○); (c) Friction velocity (–––), global 
radiation (○) and wind direction (●) at 1.74 zB; (d) States of coupling between the atmos-
phere and the forest (abbreviations see Table 3.9) according to Thomas and Foken (2007b) 
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3.6  Conditions Under Stable Stratification 

During the last few years, the stable or nocturnal atmospheric boundary layer has 
become an important research topic In contrast to the convective boundary layer, the 
stable boundary layer is remarkably shallow. Often it reaches a depth of only 
10–100 m. It is referred to as a long-living stable (nocturnal) atmospheric boundary 
layer if, as in polar regions, it continues over a long time. The stable free atmosphere 
and the stable boundary layer are often connected by internal gravity waves 
(Zilitinkevich and Calanca 2000). Due to the negative buoyancy of the stable strati-
fication, the turbulence is strongly damped, and longwave radiation processes be-
comes an especially strong influence. These processes have an important role in the 
development of ground inversions under calm and widely non-turbulent conditions. 
Under these situations, the phenomenon of a low level jet often occurs at heights of 
10–300 m. As a general rule, intermittent turbulence and gravity waves are present, 
and steady-state conditions do not exist. The stability of the layer is most often 
greater than that at the critical Richardson number. 

 In Fig. 3.31 it is shown that under stable conditions scalar time series have a 
turbulent and wavy part. Because of gravity waves, perturbations of the vertical 
wind velocity are highly connected with changes of scalar quantities, and thus the 
correlation coefficients may be significantly greater than those for turbulent flow 
alone (see Chap. 4.1.3). Under this circumstances, flux measurements according to 
the eddy-covariance method would give an unrealistic overestimation of the turbu-
lent fluxes if the time series were not filtered excluded to remove the wave signal 
(Foken and Wichura 1996).  

Under stable conditions, intermittency often occurs.  According to a classifica-
tion of the stable atmospheric boundary layer by Holtslag and Nieuwstadt (1986), 
this occurs in a range beyond the z-less scaling, i.e. for local  Obukhov length z/Λ 
> 10 (Fig. 3.32). The exact definition of intermittency is somewhat vague because 
the events must be characterized by relatively long periods with quasi laminar 
condition and interruptions by turbulent processes and their intensities. Therefore 
intermittency cannot be defined only in the micrometeorological scale. Intermit-
tence factors are the ratio between the local (spatial and temporal) turbulent fluc-
tuations and those over a longer time period or spatial area. Relatively convenient 
is the definition of a local intermittency factor using the wavelet coefficients 
(Supplement 3.1) according to Farge (1992) 
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(3.35) 

where the contribution to the energy spectrum at the moment b0 in the scale a can 
be considered as the time average in this scale. For I(a,b) = 1, no intermittency oc-
curs. Because the intermittency factor must be determined for all values of a, it is 
obvious that intermittent events develop differently at different scales. In Fig. 3.33, 
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it is shown that a turbulent event happens at two different turbulent scales (shown 
as functions of frequency) while shortly after the event intermittent conditions can 
be detected only in the low-frequency range.  

 

 
Fig. 3.31: Examples of turbulence time series (above: temperature, experiment 

low) after filtering (Handorf and Foken 1997) 

 
Fig. 3.32. Structure of the stable atmospheric boundary layer (Holtslag and Nieuwstadt 
1986)  

FINTUTREX Antarctica) with selection of the wave (middle) and the turbulent signal (be-
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The frequencies of gravity waves at each height are lower than the correspond-
ing Brunt-Väisälä frequency (Stull 1988): 

z
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v
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 (3.36) 

Using the Brunt-Väisälä frequency, the influence of the stable atmospheric bound-
ary layer on the near surface exchange processes can be determined (Zilitinkevich 
et al. 2002) and this can be used in modeling (see Chap. 5.5).  

 
Fig. 3.33. Temperature spectrum with turbulent and wavy structures on Feb. 01, 2004 in 
Antarctica (experiment FINTUREX), the separation was made at a frequency of 0.3 Hz (the 
scale on the ordinates are different in the single figures!) according to Heinz et al. (1999) 

3.7  Energy Balance Closure 

According to experimental investigations using measuring, technical, and me-
thodical reasons, the energy balance equation (Eq. 1.1) is not fulfilled. Fig. 1.14 
shows that even over a homogeneous surface, a large residual of the energy bal-
ance closure exists. Thus, during the day the ground surface gets more energy by 
radiation than can be carried away by turbulent fluxes. Consequently, the ground 
heat flux and energy storage must be large. In the night, the opposite conditions 
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exist but without a compensation for the day time energy lost (Culf et al. 2004; 
Foken 2008).  

Table 3.10 shows results of experiments with personal data access by the au-
thor to guaranty the comparability. These results are in agreement with many ex-
periments about energy balance closure in the last 20 years. Further investigations 
are given by Laubach (1996).  

 

 
Fig. 3.34. Schematic view of the measuring area of the different terms of the energy bal-
ance equation 

Table 3.10. Experimental results for the energy balance closure, Re: residual 

experiment author Re/(–Qs
* –QG ) 

in %  
surface 

Müncheberg 1983 
and. 1984 

Koitzsch et al. 
(1988) 

14 winter wheat 

KUREX-88 Tsvang et al. (1991) 23 different surfaces 
FIFE-89 Kanemasu et al. 

(1992) 
10 Step 

TARTEX-90 Foken et al. (1993) 33 barley and bare soil 
KUREX-91 Panin et al. (1996b) 33 different surfaces 
LINEX-96/2 Foken et al. (1997a) 20 middle high grass 
LINEX-97/1 Foken (1998b) 32 Short grass 
LITFASS-98 Beyrich et al. 

(2002c) 
37 nearly bare soil 

EBEX-2000 Oncley et al. (2007) 10 irrigated cotton field 
LITFASS-2003 Mauder et al. (2006) 30  different agricultural field 
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Table 3.11. Error on the closure of the energy balance near the surface and possible reasons 
(Foken 1998a) 

term of the energy balance 
equation 

error 
in % 

energy 
in W m–2 

horizontal 
scale in m 

Measuring 
height in m 

latent heat flux  
(carefully corrected) 

5–20 20–50 102  2–10  

sensible heat flux 10–20 15–30 102 2–10 
net radiation 10–20 50–100 101 1–2 
ground heat flux 50 25 10–1 –0.02– –0.10 
storage term ? ? 10–1–101   

 
Reasons for the imbalance are partly the relatively large errors of the single 

components of the energy balance equation and the use of different measuring 
methods (Table 3.11, Fig. 3.34). The single terms of the energy balance equation 
are not measured directly at the surface, but either in the air above it or in the soil. 
Furthermore, the information of the measured fluxes comes from different source 
areas. This is very critical for the turbulent fluxes where the measurement, e.g., at 
2 m height is connected with a much larger area according to the footprint (see 

1:100). Of special relevance for the energy balance closure, is energy storage in 
the upper soil layer (above the soil heat flux measurement). Due to changing 
cloudiness, this can be very variable, while all the other parameters are determined 
over longer time periods (Foken et al. 1999). The calculated fluxes are highly un-
steady (Kukharets et al. 2000). At night, when the turbulent fluxes can be ne-
glected, optimal measurements and an exact determination of the ground heat flux 
at the surface gives a very good closure of the energy balance (Heusinkveld et al. 
2004; Mauder et al. 2007a). Currently, the reason for the energy balance closure 
problem is no longer seen in the soil. Compared with the relatively high energy 
storage in the soil, the storage in the plants, the storage in the air below the turbu-
lence measurements, and the energy loss by photosynthesis in most cases are neg-
ligible (Oncley et al. 2007). 

The energy balance equation is the basis for most atmospheric models. There-
fore, the energy balance closure problem is still an ongoing issue of research to 
validate models with experimental data. The experiment EBEX-2000 (Oncley et 
al. 2007), which was designed for this purpose, yielded some progress regarding 
the sensor configuration and correction methods.  

For the determination of the net radiation, a relatively high effort is necessary 
(see Chap. 6.2.1), because inexpensive net radiometers underestimate the net ra-
diation, and can cause an apparent more accurate closure of the energy balance 
(Kohsiek et al. 2007). The turbulent fluxes must be carefully corrected (see 
Chap. 4.1.2), and their quality must be comprehensively controlled (see Chap. 
4.1.3). Highly relevant, are the measurements of the moisture fluctuations and the 
calibration (also during experiments) of the sensors. A careful calculation of the 

Chap. 3.4), which is up to 200 m upwind from the measuring point (ratio about 
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turbulent fluxes can reduce the energy balance closure gap significantly (Mauder 
and Foken 2006; Mauder et al. 2007b) but cannot close it. 

Energy balance closures cannot be used as a quality criteria for turbulent fluxes 
(Aubinet et al. 2000). This is because the influencing factors are so greatly differ-
ent, wrong conclusions are possible. In comparison with similar experiments, en-
ergy balance can give only a rough criterion about the accuracy of the fluxes.  

Panin et al. (1998) have shown that heterogeneous surfaces in the vicinity of 
the measurements can cause low frequency turbulent structures, which cannot be 
measured with the turbulence systems. A significantly longer averaging time, say 
over several hours, gives nearly a closure (Finnigan et al. 2003), while averaging 
times up to two hours show no significant effects (Foken et al. 2006b). Also, the 
assumption by Kanda et al. (2004) that organized turbulent structures in the lower 
boundary layer make a contribution to the energy balance closure support these 
findings. In this context, two experiments are of special interest; one in areas with 
large-scale homogeneous surfaces in the dessert (Heusinkveld et al. 2004), and the 
other in the African bush land (Mauder et al. 2007a). In both cases, a closed en-
ergy balance was found. Considering the results of these experiments, Foken et al. 
(2006a) have attempted to close the energy balance by investigating secondary 
circulations and low frequency structures using for the LITFASS-2003 experiment 
(Beyrich and Mengelkamp 2006). This was followed by determination of circula-
tions using large-eddy simulation (see Chap. 5.6), and the determination of spa-
tially-averaged fluxes using scintillometer measurements (Meijninger et al. 2006). 
Although for the absolute clarity about these phenomena, further investigations 
are necessary, it can be stated that the energy balance closure problem is a scale 
problem. A complete closure can be reached only if larger scale turbulent struc-
tures are taken into account. These secondary circulations are often stationary. The 
measurements in the surface layer record only smaller scales, and cannot be used 
to close the energy balance.  

These findings have far ranging consequences. For the measurement of turbu-
lent fluxes in heterogeneous areas, measurement methods based on the energy bal-
ance equation should not be used, e.g. Bowen-ratio method (see Chap. 4.2.2). 
Other methods measure the right flux on the small scale, but these methods cannot 
be transferred to larger areas and do not close the energy balance. In a first ap-
proximation, a correction can be made with the Bowen-ratio (Twine et al. 2000) 
by the distribution of the residual to both turbulent fluxes according this ratio. Be-
cause scalar similarity is not always fulfilled (Ruppert et al. 2006b), this method 
can cause large errors. The comparison of experimental data and model output 
remains problematic. 



4 Experimental Methods for Estimating  
the Fluxes of Energy and Matter 
In meteorology and climatology, routine observation programs generally select 
only state variables of the atmosphere for measurement. Because extent of these 
routine measurements is limited, they cannot be used for estimating fluxes of en-
ergy and matter. The growing research on the problem of climate change in the 
last 10–15 years has increased the demand for reliable measurements of evapora-
tion, carbon dioxide uptake by forests, and fluxes of greenhouse gases. Nearly ex-
clusively research institutes made such measurements. The measurements are very 
complex and need comprehensive micrometeorological knowledge. Most of the 
measuring methods are based on simplifications and special conditions, and there-
fore their implementation is not trivial. In the following chapter, the reader will be 
given overview tables listing the fields of applications and their costs. 

4.1 Eddy-Covariance Method 

Flux measurements using the eddy-covariance method (often also called eddy-
correlation method, but this can bring some confusions, see Chap. 4.3) are a direct 
measuring method without any applications of empirical constants (Businger 
1986; Foken et al. 1995; Haugen 1973; Kaimal and Finnigan 1994; Lee et al. 
2004). However, the derivation of the mathematical algorithm is based on a num-
ber of simplifications so that the method can be applied only if these assumptions 
are exactly fulfilled (see Chap. 2.1.2). The quality of the measurements depends 
more on the application conditions and the exact use of the corrections than on the 
presently available highly sophisticated measuring systems. Therefore experimen-
tal experience and knowledge of the special character of atmospheric turbulence 
have a high relevance. The most limiting conditions are horizontally homogeneous 
surfaces and steady-state conditions. The exact determination of the footprint area 
(see Chap. 3.4), which should be over a uniform underlying surface for all stability 
conditions, and the exclusion of internal boundary layers and obstacle influences 

measuring place. This is especially relevant for forest sites, where additional spe-
cifics of tall vegetation must be taken into account (see Chap. 3.5).  

The basic equations are comparatively simple (see Eqs. 2.21 and 2.22): 

wc = Q   ,wq = Q   ,wT =
c
 Q   ,wu - = u cE

p

H ′′′′′′′
ρλρρ

'2
*  (4.1) 

The covariance of the vertical wind velocity, w, and either one of the horizontal 
wind components or of a scalar can be determined in the following way: 

(see Chaps. 3.2 and 3.3) have an outstanding influence on the selection of the 
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(4.2) 

4.1.  Basics in Measuring Technique 

According to Eq. (4.1), the turbulent fluctuations of the components of the wind 
vector and of scalar parameters must be measured at a high sampling frequency 
(see Chap. 6.1.2) so that the turbulence spectra (see Chap. 2.5) can be extended to 
10–20 Hz. The measuring devices used for such purposes are sonic anemometers 
for the wind components and sensors that can measure scalars with the required 
high resolution in time. The latter are often optical measuring methods (see Chap. 
6.2.3). The measuring or sampling time depends on the atmospheric stratification, 
the wind velocity, and the measuring height. For heights of 2–5 m, 10–20 min 
would be required for daytime unstable stratification (summer) and about 30–60 
and sometimes as high as 120 min for nighttime stable stratification. There will 
not be remarkable errors if a sampling time of 30 min is used over the whole day. 
For short sampling times, the low frequency contributions to the fluxes are missed, 
and for long sampling times the steady state condition may not be fulfilled. Ac-
cordingly, the flux can be determined only after the measurements have been 
made. It is also possible to use filtering options. Low pass filters or trend elimina-

1999), thus block averaging with an averaging time of 30 min is now recom-
mended.  

Because the size of the turbulence eddies increases with distance above the 
ground surface, both the measuring path length and the separation between a sonic 
anemometer and an additional device (e.g. hygrometer) depend on the height of 
the measurements. Devices with a path length less than 12 cm should not be used 
below 2m, and devices with a path length more than 20 cm should be not used be-
low 4 m. The minimum distance between a sonic anemometer and an additional 
device, depends on the flow distortions caused by the devices and should be de-
termined in a wind tunnel. Typically, for fine-wire temperature sensors, the mini-
mum distance is 5 cm, and for hygrometers is 20–30 cm. These additional instru-
ments should be mounted downwind of the sonic anemometers and 5–10 cm 
below the wind measuring path (Kristensen et al. 1997). Therefore, to reduce the 
corrections of the whole system (see Chap. 4.1.2) the measuring height must be 
estimated not only dependent on the path length of the sonic anemometer but also 
dependent on the separation of the measuring devices. Also, the measuring height 
should be twice the canopy height in order to exclude effects of the roughness 
sublayer (Fig. 4.1). 

1

tions can create errors in the fluxes (Finnigan et al. 2003; Rannik and Vesala 
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Fig. 4.1. Eddy-covariance measuring complex 
of the University of Bayreuth with a sonic 
anemometer CSAT3 and a hygrometer KH20 
(Photograph: Foken) 

 

 
In basic research, sonic anemometers (see Chap. 6.2.2) with a selected inflow 

sector to exclude flow distortion are used. For most applications, wind direction-
independent omni-directional sonic anemometers are sufficient, but these have 
flow distortions due to mountings and sensor heads. It is recommended that only 
devices with few interfering parts installed below the measuring path for the verti-
cal component of the wind should be applied. 

Most of the sonic anemometers also measure the fluctuations of the sound ve-
locity and therefore indicate the so-called sonic temperature (nearly identical with 
the virtual temperature). The flux calculated with this temperature is the buoyancy 
flux, about 10–20% greater than the sensible heat flux: 

'' v
p

HB Tw
c

Q =
ρ

 (4.3) 

The sensible heat flux can be determined by applying additional corrections, 
which need additional moisture measurements (see Chap. 4.1.2). More expensive 
are direct temperature measurements made with thin thermocouples or free 
spanned resistance wires (diameter < 15 µm).  

Hygrometers are used for the determination of the latent heat flux (evapora-
tion). Such devices are nowadays mostly optical devices. These have either an 
open path or are a closed path. The open path hygrometer is mounted near the 
sonic anemometer, and the closed path is mounted some meters away and the air 
is aspirated below the sonic anemometer. The first works in the UV and IR range, 
and the second works only in the IR range. UV devices should be used for low 
humidity conditions (water vapor pressure 0–20 hPa) and IR devices for high 
moistures (10–40 hPa). Closed path devices need extensive data corrections. One 
correction accounts for the time delay of the measuring signal in relation to the 
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wind measurements, and another correction accounts for the filtering of the fluc-
tuations by the tube (Aubinet et al. 2000; Ibrom et al. 2007; Leuning and Judd 
1996). The effort for maintenance and calibration for all devices is considerable. 
The lifetime of UV devices is very limited (< 1000 h). Very fast optical devices 
for other gaseous components (e.g. ozone, nitrogen oxide, sulfur dioxide) are also 
available and the deposition flux can be measured in a similar way. 

Unfortunately, for a long time no software was commercially available for 
eddy-covariance measurements. Widely used, are versions of software developed 
by McMillen (1988), which includes an internal rotation of the coordinates to 
force the mean vertical wind to zero. This software should not be used in uneven 
terrain because it records also advection components. The software developed by 
producers of sonic anemometers should be used only if it is documented. The ap-
plications of the flow distortion correction need some care because these are de-
termined in the wind tunnel, but these corrections have much lower values in the 
atmosphere (Högström and Smedman 2004). Often these software packages offer 
very short averaging intervals (1–10 min). Due to the spectral character of turbu-
lence, these fluxes will be measured only partially. The simple summation over 
longer time periods is incorrect. Special correction algorithms are necessary, and 
these need further statistical parameters of the short time periods. For the covari-
ance of a long time series of M data points, based N short-time series each with U 
data points, where N=M/U, it follows (Foken et al. 1997a): 
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(4.4) 

For the past 5–10 years, several commercial software programs and programs 
developed at universities (partly free of charge) are available (Appendix A8). 
Comparison experiments, which are available for most of the programs, have 
shown that these can be reliably applied (Mauder et al. 2008; Mauder et al. 
2007b). Nevertheless, the programs differ slightly in the applications of correction 
and quality control methods. Therefore, the user needs some basic knowledge 
about these methods. 

4.1.  Correction Methods  

The application of correction methods is closely connected with the data quality 

outliers, which can be found by electrical and meteorological plausibility tests.  
Further test should detect unfavorable meteorological influences which often 

cannot be separated from measuring technical problems (Vickers and Mahrt 
1997). Spikes are often electronically caused. The value is significantly above the 
normal measuring value but often within the possible range. The usual test is the 
determination of the standard deviation. All values greater than 3.5σ (Højstrup 1993) 

control (see Chaps. 4.1.3 and 6.3). It starts with the exclusion of missing values and 

2
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will be signed as spikes. If single spikes are large, it is recommended to repeat 
the test 2–3 times, because otherwise erroneous data cannot be identified. Measur-
ing series with more than 1% of spikes should not be used. 

The eddy-covariance method is based on a number of assumptions (see Chap. 
2.1.2), which must be controlled, and if the assumptions are not met, then neces-
sary corrections must be applied. Because necessary corrections cannot be seen 
from the recorded data, extensive tests must be made (see Chap. 4.1.3). Most of 
these tests will be done after applying all corrections. Important are the tests for 
steady-state conditions and developed turbulence.  

Because of the logging of several measuring signals, it may occur that the data 
measured at the same point of time are not stored at the same point of time. This 
can be partially corrected in the software of the data logger, but such time delays 
can change with time. A typical example is a measuring system where a gas is as-
pirated with a tube at the sonic anemometer. Then, depending on the stream veloc-
ity within the tube, concentration measurements can be recorded significantly later 
than the wind component. A cross-correlation analysis is recommended with the 
vertical wind and a shift of the time series according to the time delay for maxi-
mum cross-correlation. This must be done before any further calculations are 
made. 

After the time shifting, initial covariances can be calculated. It is helpful to 
store these, because the first two steps use most of the calculation time. The next 
step is the rotation of the coordinates. Currently, the planar-fit method (Wilczak et 
al. 2001) is most often used. This rotation method is applied to the data over the 
whole measuring campaign. Therefore, only preliminary results are available up to 
the end of the experiment.  

The following corrections are given in the order of their application. Because 
some values, for example the stability parameter, must be calculated from the cor-
rected data, but they are also necessary for correction, the correction should be 
calculated with iterative updated values. The iteration often consists of only a few 
cycles, and an improvement of the fluxes by 1% is possible (Mauder et al. 2006).  

Coordinate Rotation (Tilt Correction) 

A basic condition for applying the eddy-covariance method is the assumption of a 
negligible mean vertical wind component (see Eq. 2.5). Otherwise advective 
fluxes must be corrected. This correction is called tilt correction and includes the 
rotation of a horizontal axis into the mean wind direction. It is based on works by 
Tanner and Thurtell (1969) and Hyson et al. (1977). The first correction is the ro-
tation of the coordinate system around the z-axis into the mean wind. Using the 
measured wind components (subscript m), the new components are given by 
(Kaimal and Finnigan 1994) 
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For an exact orientation of the anemometer into the mean wind and for small 
fluctuations of the wind direction (< 30°), this rotation is not necessary (Foken 
1990). The friction velocity can be calculated from the horizontal wind component 
orientated into the mean wind direction; otherwise Eq. (2.24) must be applied. 
With today’s high computer power, this special case has little significance.  

The second rotation is around the new y-axis until the mean vertical wind dis-
appears (Kaimal and Finnigan 1994) 
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where 
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Both rotations are graphically shown in Fig. 4.2a (above).  
With these rotations, the coordinate system of the sonic anemometer is moved 

into the streamlines. Over flat terrain, these rotations would correct errors in the 
vertical orientation of a sonic anemometer. In a sloped terrain, the streamlines are 
not implicitly normal to the gravity force, and at least for short averaging periods 
rotations may be questionable. This is especially true for short convective events 
or for flow distortion problems of the sensor. These effects have a remarkable in-
fluence on the observed wind components, but are not associated with the rota-
tions. Therefore, the second rotation has recently become controversial. The main 
problem is how to apply these rotations. The often-used software by McMillen 
(1988), which does not need any storage of the raw data, determines the averaged 
vertical wind by low pass filtering over about 5 min periods, and rotates the coor-
dinate system with this value. However, for longer averaging periods the method 
is not without doubt. For convection or periods of low wind velocities, rotation 
angels up to 20–40° are typical. 

The third rotation (Fig. 4.2a, below) around the new x-axis was proposed by 
McMillen (1988) to eliminate the covariance from the vertical and the horizontal, 
normal to the mean wind direction, wind component (Kaimal and Finnigan 1994)  
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a) b) 

 

 Fig. 4.2. Definition of the coordinate rotations: (a) double rotation (both upper figures) including 
a possible third rotation (below), with m the measuring parameters are described and with the 
numbers the rotations; (b) planar-fit method according to Wilczak et al. (2001), consist in two 
rotations after a linear multiple regression (both upper figures) followed by a rotation into the 
mean wind field (below), with index I subrotations are described and with apostrophe the coordi-
nates after rotation.  
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This rotation does not significantly influence the fluxes, and introduces some 
problems. Therefore, it is recommended to use only the first two rotations 
(Aubinet et al. 2000).  

A rotation into the mean stream lines was proposed by Paw U et al. (2000) and 
Wilczak et al. (2001). With this so called planar-fit method, the differences be-
tween the measuring device and the mean stream field for an unchanged mounting 
of the anemometer is estimated over a long time period (days to weeks) for a 
given measuring place. This means that the measuring device must be orientated 
over this period without any changes. It is therefore recommended to combine the 
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sonic anemometer with an inclinometer and to observe the inclinometer data 
regularly. If necessary, the anemometer must be set in its initial orientation. 

A matrix form is suitable to describe the planar-fit method (Wilczak et al. 
2001) 

( )cuPu mp −= , (4.11) 

where mu is the vector of the measured wind velocities, pu  is the vector of the 

planar-fit rotated wind velocities, c is an offset vector, and P is a transformation 
matrix. The equations of rotations are then:  
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(4.12) 

The offset vector is necessary because, for example, the flow distortion of the 
sonic anemometer generates a slightly positive vertical wind velocity (Dyer 1981), 
and therefore a value of c3 which differs from zero is required. The offset of the 
horizontal wind components can be assumed negligible. Nevertheless, before us-
ing a sonic anemometer the offset values during calm conditions (or observed in a 
box) should be controlled and if necessary corrected.  

The planar-fit coordinate system fitted to the mean-flow streamlines is charac-
terized by 0=pw . The tilt angels can be calculated according Eq. (4.12) with   
multiple linear regressions 
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where p31 = sinα, p32 = –cosα sinβ and p33 = cosα cosβ. Knowing these angles, the 
coordinate system can be rotated according to Fig. 4.2b in the proposed order. 
This means that the rotation is first around angle α and than around β. The rotation 
angles for this method are only a few degrees. If the rotation angels differ for dif-
ferent wind directions and velocities, then this method must be applied for single 
wind sectors and velocity classes.  

After the rotation into the mean streamline level, each single measurement 
must be rotated into the mean wind direction according to (Fig. 4.2b, below): 
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This is an absolute analogue to other rotation methods, but is the last step. In gen-
eral, for the single measurements a block averaging over 30 min is used.  
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Spectral Correction in the High Frequency Range 

An important correction to the actual available turbulence spectra is the adjust-
ment of the spectral resolution of the measuring system. Hence, the resolution in 
time (time constant), the measuring path length, and the separation between dif-
ferent measuring paths must be corrected. Currently, the correction method ac-
cording to Moore (1986) is usually applied. Note that the published software pro-
gram has errors. The stability-dependent spectral function must be taken from the 
original source (Kaimal et al. 1972), see Chap. 2.5. Furthermore, the published 
aliasing correction should not be applied. Take in mind that the spectral functions 
are based on a few measurements from the Kansas experiment, and therefore its 
universal validity is limited.  

The spectral correction is made using transfer functions (see Chap. 6.1.3). For 
each combination of the path length for the vertical wind velocity of a sonic ane-
mometer (w) and the sensor for the determination of the relevant flux parameter 
(x), there are separate filters for the time constant (τ), the measuring path length 
(d), and the senor separation (s), which must be determined. The product of these 
single functions is the total transfer function:  

( ) ( ) ( ) ( ) ( ) ( )fTfTfTfTfTfT xwsxdwdxwxw ,,,,,,, ττ=  (4.15) 

If the sensors are aligned parallel to the mean wind, the spectral correction is 
partially done using the above-mentioned cross-correlation correction.  

For the applied measuring system, it is also possible to use a simple analytical 
correction for the observation site (Massman 2000). From Eugster and Senn 
(1995), a method was proposed which is based on an electronic damping circuit.  

Spectral Correction in the Low Frequency Range 

Often a sampling time of 30 min is not long enough to measure the low frequency 
part of the fluxes. In principle, the averaging interval can be extended by an elimi-
nation of a trend, and in most cases it is sufficient to subtract only the linear trend. 
This of course involves the danger that the low frequency events, which are not 
associated with turbulent fluxes, contribute to the calculated flux (Finnigan et al. 
2003).  

It is therefore advised to test if the flux has its maximum value within the usual 
averaging time. This is done using the so called ogive test (Desjardins et al. 1989; 
Foken et al. 1995; Oncley et al. 1990). It is calculated using the cumulative integral 
of the co-spectrum of the turbulent flux beginning with the highest frequencies: 
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Fig. 4.3. Converging ogive (Oguw) and co-spectrum (f COuw) of the momentum flux during the 
LITFASS-2003 experiment (09.06.2003, 12:30–16:30 UTC, Foken et al. 2006b)  

If the value of the integral approaches a constant value (flux) for low frequen-
cies, and if an enhancement of the averaging interval gives no significant changes, 
then no additional correction is necessary.  

Foken et al. (2006b) have shown for the LITFASS-2003 experiment that in 
about 80% of all cases the ogive converged within an averaging time of 30 min. In 
the remaining cases, mainly in the transition periods of the day, the ogives did not 
converge or had reached a maximum value before the integration time of 30 min, 
and then they decrease. By applying the ogive correction for low frequency fluxes 
of the investigated data set, the fluxes would increase less than 5%. The ogive cor-
rection is currently not routinely applied (Fig. 4.3).  

Correction of the Buoyancy Flux 

The temperature measured with sonic anemometers is the so called the sonic tem-
perature (Kaimal and Gaynor 1991): 

⎟
⎠
⎞⎜

⎝
⎛ += p

eTTs 32.01  
 

(4.17) 

This differs only slightly from the virtual temperature (see Eq. 2.69): 

⎟
⎠
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eTTv 38.01  
 

(4.18) 
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Therefore, the heat flux measured with the sonic temperature is approximately 
equal to the buoyancy flux. To transfer the measured buoyancy flux into the sensi-
ble heat flux, the Reynolds decomposition of Eq. (4.17) must be used in Eq. (4.1). 
It must be noted that the sound signal will be modified depending on the construc-
tion of the sonic anemometer and the wind velocity. Schotanus et al. (1983) de-
veloped a correction method which is widely used. It is valid only for vertical 
measuring paths. For recently available sonic anemometers, Liu et al. (2001) 
adapted the correction including the so called crosswind correction:  
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Because most of the producers include the crosswind correction in the sensor 

Table 4.1. Coefficients for Eq. (4.19) according to Liu et al. (2001), φ: angle between the meas-
uring axis and the horizontal line for different presently used sonic anemometer types. Except for 
the USA-1 without turbulence module, these corrections are already included in the sensor soft-
ware 

factor CSAT3 USA-1 Solent Solent-R2 
A 7/8 3/4 1 – 1/2· cos2φ ½ 
B 7/8 3/4 1 – 1/2· cos2φ 1 

WPL-Correction 

Webb et al. (1980), discussed the necessity for a density correction (WPL-
correction according to Webb, Pearman, and Leuning, formerly also called Webb-
correction), which is caused by ignoring density fluctuations, a finite humidity 
flux at the surface, and the measurement of gas concentration per volume unit in-
stead of per mass unit. A review of the continuing discussions over the last 20 
years is given by Fuehrer and Friehe (2002). A different way is the use of the den-
sity-weighted averaging according to Hesselberg (1926), Kramm et al. (1995), and 
Kramm and Meixner (2000). The application of this version would lead to incon-
sistencies in this book; therefore in the following, the version by Webb et al. 
(1980) is used.  

Webb et al. (1980) begin their derivation assuming dry air while Bernhardt and 
Piazena (1988) assume moist air. The differences between both methods are neg-
ligible. Using the moist air approach, Liu (2005) showed significant differences at 
least for the correction of the carbon dioxide flux. The discussions of this complex 
correction continue. Therefore, at this time the classical WPL-correction should be 
used without changes.  

software, the second term in the nominator of Eq. (4.19) can be neglected (Table 4.1). 
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The total flux measured per unit mass, must be represented by the specific con-
tent of the matter qc, according to the relation 

( ) ''
cccc qwqwwqF ρρρ +== . 

(4.20) 

Using the partial density 

cc qρρ =  (4.21) 

the relation per unit volume is  
''
cccc wwwqF ρρρ +== , (4.22) 

which is be applied for measurements. The mean vertical wind velocity is in-
cluded in the correction term, which is given in the following form:  
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The WPL-correction is large if the turbulent fluctuations are small relative to 
the mean concentration. For example, this is the case for carbon dioxide where 
corrections up to 50% are typical. For water vapor flux, the corrections are only a 
few percent because the effects of the Bowen ratio and the sensible heat flux are in 
opposition (Liebethal and Foken 2003; 2004).  

The conversion from volume into mass-related values using the WPL-
correction is not applicable if the water vapor concentrations or the concentrations 

eddy-covariance. However, the calculation is possible depending of the sensor 
type and if it is offered by the manufacturers.  

Correction of the Specific Heat 

Due to the presentation by Stull (1988) of the correction of humidity-dependent 
fluctuations of the specific heat proposed by Brook (1978), which is some per-
centage of the flux, this correction is often used. However, shortly after the publi-
cation of this correction several authors (Leuning and Legg 1982; Nicholls and 
Smith 1982; Webb 1982) showed the this correction is based on incorrect condi-
tions, and should never be used.  

Advection Correction 

In recent extensive measurements in heterogeneous terrain, it was found that ad-
vection couldn’t be completely neglected when applying the eddy-covariance 
method. In Fig. 4.4 it is shown for flat and sloping terrain that in addition to the 
flux measured at the upper border of the volume element there also exists vertical 
and horizontal fluxes, which are balanced in the simplest case. Matter transforma-
tions and especially vertical fluxes in complex terrain are the reasons for the of use 

of other gases are transferred into mol per mol dry air before the calculation of the 
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special corrections proposed by Lee (1998). The starting point is the balance equa-
tion for the net flux from a volume element:  
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The net flux is the sum of the flux above the volume element (1st term), the 
source and sink term due to the change in time of the partial density of the investi-
gated substance (2nd term), and finally the advection term (3rd term). Paw U et al. 
(2000) showed that this advection term includes the vertical advection flux dis-
cussed by Lee (1998) as well as the effect of an additional vertical flux due to the 
WPL-correction (Webb et al. 1980). By choosing a streamline-adapted coordinate 
system, the second influencing factor can be excluded on average. The present 
recommendation is to not use any advection correction, but rather use the source 
and sink term in the net flux and apply WPL-correction (Finnigan et al. 2003; Paw 
U et al. 2000). However, it requires the use of the planar-fit method (Wilczak et 
al. 2001), and accordingly the measurements must be based on a coordinate sys-
tem adapted to the mean streamlines. The problem is still a subject of recent re-
search activities over the complex terrain (Aubinet et al. 2003b; 2005). 
 

 
Fig. 4.4. Schematic image of the advection through a volume element in homogeneous terrain (a) 
and in a terrain with complex topography (b). The x–y–level is defined as an ensemble average of 
the wind vector, and the control volume is not parallel to the mean level of the surface (Finnigan 
et al. 2003).  
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4.1.3 Quality Assurance 

Turbulence measurements with the eddy-covariance method cannot be controlled 
in a simple way with plausibility tests (see Chap. 6.3.1). The quality assurance of 
turbulence measurements is a combination of the complete application of all cor-
rections and the exclusion of meteorological influences such as internal boundary 
layers, gravity waves, and intermitted turbulence. The main aim of the control of 
the data quality is to validate if, under given meteorological conditions, the simpli-

Wichura 1996; Foken et al. 2004; Kaimal and Finnigan 1994) are used to validate 
the theoretical assumptions of the method such as steady-state conditions, homo-
geneous surfaces, and developed turbulence.  

For the eddy-covariance method, steady states are required. Meteorological 
measurements fulfill these conditions for short time periods up to one hour only 
roughly. There are several tests, which can be used directly or indirectly. For ex-
ample, stationarity can be determined by examining the fluxes for different aver-
aging times (Foken and Wichura 1996; Gurjanov et al. 1984). In this way, the flux 
is determined once over M short intervals each of only about 5 min duration, and 
than the average over the short time intervals is calculated:  
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(4.25) 

Next, the flux is calculated over the whole averaging interval (e.g. 30 min): 
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Steady-state conditions can be assumed, if both results do not differ by more 
than 30%. A gradation of the differences can be used as a classification of the data 
quality.  

From Vickers and Mahrt (1997), two tests were proposed, which give similar 
results. They calculate the skewness and excess of the time series. For values of 
skewness > |2| and values of excess < 1 and > 8, the authors suggested a bad data 
quality, and for skewness > |1| and excess < 2 and >5 medium data quality is as-
sumed. For wind components, the data at the beginning and end of a time series 
are compared. The difference of these values normalized by the mean wind veloc-
ity must fulfill the relation  

5.01 <
−
u

uu N , (4.27) 

if the time series can be accepted as steady-state.  

fications of Eq. (4.1) are warrantable (see Chap. 2.1.2). Quality tests (Foken and 



Eddy-Covariance Method      119 

 

The steady-state test often identifies large sudden jumps in the signal, a con-
stant signal for a certain time, or changes of the signal level. The reason for these 
events is often an electronic one. Mahrt (1991) proposed a test using the Haar-
wavelet for which the time of events can be well located. The test can also identify 
periods of intermittent turbulence. 

The development of the turbulence can be investigated with the flux-variance 
similarity described in Chap. 2.4 (Foken and Wichura 1996). In this case, the 
measured integral turbulence characteristics are compared with the modeled char-
acteristics according to Tables 2.10 and 2.11. A good data quality is assumed for 
differences less than about 30%. In a similar way, the comparison of the correla-
tion coefficient between values used in the flux calculations with the mean values 
can be used for quality assurance testing (Kaimal and Finnigan 1994). 

Table 4.2. Ranging of the data quality of the steady-state test according to Eqs. (4.21) and 
(4.22); the comparison of the integral turbulence characteristics with model assumptions accord-
ing to Tables 2.10 and 2.11, and the wind criteria, for example for the sonic anemometer CSAT3 

steady state according Eqs. 
(4.21) and (4.22), differences 

integral turbulence characteris-
tics, differences 

horizontal inflow sector 

1 0–15  1 0–15  1 ± 0–30° 
2 16–30  2 16–30  2 ± 31–60° 
3 31–50  3 31–50  3 ± 60–100° 
4 51–75  4 51–75  4 ± 101–150° 
5 76–100  5 76–100  5 ± 101–150° 
6 101–250  6 101–250  6 ± 151–170° 
7 251–500  7 251–500  7 ± 151–170° 
8 501–1000  8 501–1000  8 ± 151–170° 
9 > 1000  9 > 1000  9 > ± 171° 

Table 4.3. Proposal for the combination of single quality tests (Table 4.2) to an overall data 
quality of flux measurements (Foken et al. 2004) 

overall quality steady state integral turbulence 
characteristics 

1 1 1–2 1–5 
2 2 1–2 1–5 
3 1–2 3–4 1–5 
4 3–4 1–2 1–5 
5 1–4 3–5 1–5 
6 5 ≤ 5 1–5 
7 ≤ 6 ≤ 6 ≤ 8 
8 ≤ 8 

≤ 8 
≤ 8 
6–8 

≤ 8 
≤ 8 

9 one ranging 9 
 

class range (%) class range (%) class range 

horizontal inflow  
sector 
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Additionally, the wind components should be included in a system for quality 
control tests. The mean vertical wind must be low such that over flat terrain and 
for horizontal wind velocities < 5 ms–1 it is < 0.15–0.20 ms–1. For sonic 
anemometers with a limited range of acceptable wind directions (due to the 
support system measurements in the inflow range plus the typical standard 
deviation of the wind direction dependent on the location and the 
micrometeorological conditions) the inflow sector should be reduced by ±30–40° 
as a general rule. For sonic anemometers with unlimited inflow angles (omni-
directional) the flow through supports and sensor heads can reduce the overall data 
quality.  

An evaluation system for turbulent fluxes consists of two steps: The single tests 
should be evaluated according to the threshold values with data quality steps 
(Table 4.2) and the overall quality of a measurement is expressed as an appropri-
ate combination of the single tests (Table 4.3). The highest priority should be 
given to the steady-state test. Note that for the test on integral turbulence charac-
teristics for neutral stratification, the errors in the determination of the characteris-
tics for scalars can be very high. This test should not be overly interpreted, and the 
test on the characteristics of the wind parameters should dominate. In any case, the 
ranging of the single tests should be available in cases of doubt. The classification 
according to Table 4.3 was done so that classes 1–3 have a high accuracy and the 
data can be used for basic research. Classes 1–6 can be used for long-term meas-
urements of fluxes without limitations. Measurements of the classes 7–8 should 
only be used for orientation and should be if necessary deleted while class 9 is al-
ways canceled.  

4.1.4 Gap Filling 

The application of the eddy-covariance method in long-term measuring programs 
such as the international FLUXNET programe (Baldocchi et al. 2001) requires ob-
jective methods on how to handle missing data. This is because with such measur-
ing programs annual sums such as the Net Ecosystem Exchange (NEE) will be de-
termined. In substance, two types of missing data must be corrected. One type is 
missing data from single systems due to meteorological influences such as heavy 
rain or failure of the whole system. The second type is data that must be replaced. 
If, for example, during the night no turbulent exchange conditions exist, then the 
measuring method no longer works satisfactorily. For the measurements of carbon 
dioxide fluxes, the methods of gap filling are well developed (Falge et al. 2001; 
Gu et al. 2005; Hui et al. 2004). Nevertheless theses methods, which use an ap-
proach for the carbon assimilation at daytime and a different approach for respira-
tion, are still under of discussion. Recently, gap filling with models (z.B. Papale 
and Valentini 2003) are applied. 

The determination of the carbon uptake (NEE) at daytime take place with 
the so called Michaelis-Menton function (Falge et al. 2001; Michaelis and 
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Menton 1913), which must be evaluated for different temperature classes and 
the global radiation: 

R
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The respiration of an ecosystem can be determined with the Lloyd-Taylor-
function (Falge et al. 2001; Lloyd and Taylor 1994) 
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where QR,10 is the respiration at 10 °C, T0=227.13 K (Lloyd and Taylor 1994), and 
E0 describes the temperature dependence of the respiration. The parameters of this 
equation will be determined from nighttime (K↓ < 10 Wm–2) eddy-covariance 
measurements with the assumption that for such low radiation fluxes only the res-
piration can be measured. The coefficients will be determined also for temperature 
classes.  

It must be noted that for both methods the equations for the carbon flux during 
the day and the respiration during the night are climatological parameterizations. 
These can have significant differences from the individual values.  

While the Michaelis-Menton function is in general used for gap filling for the 
daytime, the Lloyd-Taylor function must be used at night because of low turbu-
lence. The decision regarding the application follows from the so called u*-
criterion (Goulden et al. 1996). Therefore, the respiration will be normalized to 
exclude the temperature sensitivity using a model calculation according to Eq. 
(4.29), and plotted as a function of the friction velocity u*. From a certain friction 
velocity, the normalized respiration will be constant. Measurements with a lower 
friction velocity will be gap filled. Typical threshold values are in the range 
u* = 0.3–0.4 ms–1. Not for all stations can such a threshold value be determined 
(Gu et al. 2005).  

A more objective approach seems to be the application of the quality criterion 
for turbulent fluxes as introduced in Chap. 4.1.3 (Ruppert et al. 2006a). According 
to this, very high data quality will be used to determine the Michaelis-Menton and 
Lloyd-Taylor functions. Then both functions will be used to fill gaps of data with 
low data quality. The benefit of this method is that nighttime data with high data 
quality and low friction velocity can be used to parameterize the Lloyd-Taylor 
function. On the other hand, daytime values with low data quality must be gap 
filled.  

day day

where Qc,sat is the carbon flux for light saturation (K↓=∞), QR, day is the respiration 
at daytime, and a and Qc,sat must be determined with multiple regression using 
data from an available dataset for the specific measuring site.  
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4.1.5 Overall Evaluation 

To give an overview of the expenses of the different methods, in the following all 
methods costs and quality of the measuring results are given. It is seen that the 
eddy-covariance method (Table 4.4) is the only direct measuring method and the 
most accurate with the largest time resolution. However, it needs also the most 
comprehensive knowledge and great experimental effort.  

The very complicated algorithm of the eddy-covariance method does not allow 
the use for the determination of the errors according the error propagation law. 
Nevertheless Mauder et al. (2006) have tried using sensor and software compari-
sons during the experiments EBEX-2000 and LITFASS-2003 to determine the ac-
curacy of the measuring method. A significant dependence was found on the type 
of sonic anemometer (compare Table 6.10) and on the data quality. The results are 
summarized in Table 4.5. 

Table 4.4. Evaluation of the eddy-covariance method 

criterion evaluation 
area of application basic research and expensive continuously 

measuring programs  
financial expense 10–50 k€ per system 
personal expense continuous scientific and technical support  
education good micrometeorological and measuring 

technique knowledge  
error depending on the micrometeorological condi-

tions 5–10% 
sampling 10–20 Hz 
time resolution of fluxes 10–60 min 
application for chemical compounds selected inert gases (gas analyzers with high 

time resolution) 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary, 
depending on the senor, possible precipitation 

Table 4.5. Evaluation of the accuracy of the eddy-covariance method on the basis of the results 
of the experiments EBEX.-2000 and LITFASS-2003 (Mauder et al. 2006) dependent on the data 
quality (Chap. 4.1.3) and from the type of the sonic anemometer (Table 6.9, Foken and Oncley 
1995) 

sonic anemometer data quality class sensible heat flux latent heat flux 
1–3 5% or 10 Wm–2 10% or 20 Wm–2 type A, 

e.g.. CSAT3 4–6 10% or 20 Wm–2 15% or 30 Wm–2 
1–3 10% or 20 Wm–2 15% or 30 Wm–2 type B, 

e.g.. USA-1 4–6 15% or 30 Wm–2 20% or 40 Wm–2 
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4.2 Profile Method 

Under the general term of the profile method, all methods are combined which are 
based on the flux-gradient similarity (see Chap. 2.3). Because of the progress of 
the eddy-covariance method in measuring technique, the profile method with 
measurements at several heights has become increasingly irrelevant in the last 10–
15 years. The disturbing influence of internal boundary layer makes this technique 
applicable only in homogeneous terrain with large uniform fetch. Conversely, 
simple approaches with measurements only at two levels are common; the more so 
since these approaches are also part of many models where because of computer 
technical reasons no alternative versions are possible.  

4.2.1 Bulk Approaches  

The most simple profile method to determine the energy exchange is the bulk ap-
proach, which is also used as a model closure approach of zero order. Bulk ap-
proach means that a uniform (linear) gradient is assumed for the given layer and 
only values at the upper and lower boundaries are used (Mahrt 1996). If the lower 
boundary of this layer is identical to the surface, than the method is strictly speak-
ing only applicable over water bodies, because only there the gradient between 
surface values and measuring data at a certain measuring height (mostly 10 m) can 
be explicitly determined. For instance, the surface temperature and moisture for 
land surfaces cannot be determined exactly because of roughness elements (plant 
cover and others). Nevertheless, the method is partly applied by the calculation of 
surface information measured with satellites, even when considerable losses in the 
accuracy must be accepted. It is also possible to fix the lowest level a certain dis-
tance above the surface. As a general rule, this is double the canopy height, and 
the methods described in Chaps. 4.2.2–4.2.4 are applied.  

The application of the actual bulk method above water bodies is not without 
problems, because normally it is not the water surface temperature that is meas-
ured but rather the temperature some decimeters below the water surface. Because 
of the cold film at the surface due to the cooling by evaporation, this temperature 
is about 0.5 K lower than the temperature in measuring level. The absolute accu-
racy of the determination of the surface temperature with remote sensing methods 
is of the same order. Instead of the turbulent diffusion coefficients, bulk coeffi-
cients are used. Then the friction velocity can be determined with the drag coeffi-
cient CD and the wind velocity 

( ) ( )zuzCu D=* , (4.30) 

where it is assumed that the wind velocity at the ground surface is zero. 
The sensible heat flux is parameterized with the Stanton number CH and the la-

tent heat flux with the Dalton number CE: 
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The bulk coefficients (Table 4.6) are stability and wind velocity dependent. 
Over the ocean with mostly neutral stratification, the first sensitivity is not a prob-
lem. Over the land, the application for non-neutral stratification should be limited 
to the dynamical sublayer because the bulk coefficients have a remarkable de-
pendency on stratification with differences up to 50% (Brocks and Krügermeyer 
1970; Foken 1990; Panin 1983). In the literature, a number of relations for the 
drag coefficient are given (Geernaert 1999; Smith et al. 1996). Currently, the 
parameterization dependent on the wind velocity for the 10 m reference level is 
the most useful version. Coefficients as mean values from a large number of ex-
periments are given in Table 4.6 for the following equation: 

( )[ ] 3
1010 10−−+= cubaCD  (4.33) 

For greater wind velocities, the bulk coefficients increase dramatically, but are 
not more clearly determined. The reason for this is that there are higher energy 
fluxes under storm conditions than under normal conditions. The values over lakes 
are slightly higher and over land where nearly no data are available at least one 
order of magnitude higher than those over the ocean.  

The Stanton and Dalton numbers over water are about 20% lower than the drag 
coefficient. For the same wind velocity classes as given in Table 4.6 follows ac-
cording to Foken (1990) the following coefficients for Eq. (4.33): a = 1.0, 
b = 0.054, c = 7 ms–1. With increasing roughness the differences in the drag coef-
ficient increases (Garratt 1992). 

By comparison of Eq. (4.33) with the profile equation for neutral stratification, 
a relation between the drag coefficient and the roughness height is: 
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For the determination of the Stanton number, the roughness length for tempera-
ture must be considered (for the Dalton number use the roughness length for spe-
cific humidity):  
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In a similar way, the stability dependence of the bulk coefficients can be de-
termined. Note that slight errors in the determination of the roughness length have 
a remarkable influence on the bulk coefficient. Therefore, these bulk coefficients 
are not really an alternative to experimental parameterizations.  
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Bulk approaches for the determination of the momentum and energy exchange 
over water bodies are widely used because the input data are routinely available or 
can be easily determined, i.e. these data are contained in models. Thus, the rough-
ness parameter is often determined with the Charnock approach, Eq. (3.5). An 
overall evaluation of this approach is given in Table 4.7.  

Table 4.6. Coefficients for the determination of the drag coefficient above water bodies accord-
ing to Eq. (4.33) for u10 < 20 m s–1 

author a b c in ms–1 u10 in ms–1 

Foken (1990) 1.2 0 0 < 7  

 1.2 0.065 7 ≥ 7  
Garratt (1992) 1.0 0 0 < 3.5  
 0.75 0.067 0 ≥ 3.5  

Table 4.7. Evaluation of the bulk method 

criterion evaluation 
area of application application over water, 

modelling, if no other possibilities 
financial expense 1–3 k€ per system 
personal expense low technical maintenance 
education introduction 
error according to the micrometeorological condi-

tions 10–50% 
sampling 1–10 s
time resolution of fluxes 10–30 min, higher accuracy for daily averages 
application for chemical compounds selected inert gases qualified possible 
restrictions in the application turbulent conditions necessary 

4.2.2 Bowen-Ratio Method 

The Bowen-ratio method is one of the most common methods used to determine 
the fluxes of sensible and latent heat. The method is based on Bowen-ratio similar-
ity (see Chap. 2.3.3) and the energy balance equation 

e
TBo

Δ
Δ= γ , 

(4.36) 

GEHs QQQQ ++=− * , (4.37) 
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where the psychrometric constant γ = 0,667 K hPa–1 for p = 1000 hPa and 
t = 20 °C. From both equations, the sensible and latent heat fluxes can be deter-
mined: 
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In addition to the simplifications discussed in Chap. 2.3.3, it is apparent that 
Eqs. (4.38) and (4.39) do not include the wind velocity and do not prescribe a cer-
tain difference between the measurement heights. To ensure that a sufficient tur-
bulent regime exists, Foken et al. (1997b) recommend that only measurements 
with a wind velocity at the upper height greater than 1 ms–1 and a difference of the 
wind velocities between both heights greater than 0.3 ms–1 should be used. This 
requires additional instrumentation with anemometers. Even though the height dif-
ference of the measurements (Δz) is not included into the equations, an increase of 
Δz also increases the difference of the temperature and the humidity. Consequently 
the influence of the measuring errors decreases. It is therefore recommended to 
choose a ratio of the measuring heights greater than 4–8 (Foken et al. 1997b). 
These requirements are seldom taken into account in practice because measure-
ments over high vegetation have ratios of the aerodynamical heights of about 1.5 
(Barr et al. 1994; Bernhofer 1992). Equations (4.38) and (4.39) are singular for 
Bo = –1. Consequently, in the morning and evening hours interpretable values do 
not occur. Therefore, the range –1.25 < Bo < –0.75 should be excluded from fur-
ther analysis. To determine the correct sign of the fluxes in the case Bo < 0 the fol-
lowing decision criteria are necessary (Ohmura 1982): 

If −Qs
* − QG( )> 0 then λΔq + cpΔT( )> 0.

If −Qs
* − QG( )< 0 then λΔq + cpΔT( )< 0.

 (4.40) 

If the criteria are not fulfilled, the fluxes must be deleted.  
The crucial disadvantage of the Bowen-ratio method is that because of the ap-

parent unclosed energy balance (see Chap. 3.7) the residual is either added to the 
net radiation or distributed according to the Bowen ratio to the sensible and latent 
heat flux. In general, the fluxes determined with the Bowen-ratio method are lar-
ger than those determined with the eddy-covariance method. But they fulfill the 
energy balance equation, which is part of the method. The quantitative correctness 
of the fluxes may be limited.  

Error analysis for the Bowen-ratio method are available to a large extent 
(Foken et al. 1997b; Fuchs and Tanner 1970; Sinclair et al. 1975), and in the given 
references, sources of further investigations are given. Many of these investiga-
tions are based on either single measurements or false assumptions. Often, only 
the electrical error of the sensor is used (about 0.01–0.001 K), but not the error in 
the adaptation of the sensor to the surrounding medium and atmosphere with ra-
diation, ventilation and other influences. Only with much effort in measuring 
technique is it possible that sensors under the same meteorological conditions and 
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mounted close together show differences of only 0.05–0.1 K or hPa. Therefore, 
the errors in temperature and humidity measurements in the atmosphere are sig-
nificantly higher than the pure electrical error (Dugas et al. 1991).  

The error plots given in Fig. 4.5 are taken from Foken et al. (1997b), and are 
based on an accepted measuring error of ± 0.05 K or hPa. From Fig. 4.5 we see 
that for 20 and 40% error in the Bowen ratio corresponds to about a 10 and 20% 
error in the sensible and latent heat flux respectively. Consideration of the three 
values of Bowen ratios in Fig. 4.5 shows that optimal conditions exist for 
Bo = 0.677; also, the Bowen ratio should not significantly differ from this value. 
To realize errors of < 20% (< 40%) for the Bowen ratio, the temperature and hu-
midity differences must be > 0.6 (> 0.4) K or hPa. This underlines the requirement 
for large differences in the measuring heights. Limitations result from internal 
boundary layers and possible roughness sublayers, which must be excluded be-
tween the measuring heights. Note that in this error analysis, possible errors due to 
energy imbalance were not taken into account.  

An overall evaluation of the method is given in Table 4.8. The evaluations of 
the errors of the method are based under the assumption of good net radiometer 
measurements (see Chap. 6.2.1) with sensor costs of at least 4 k€. Furthermore, 
the heat storage in the soil should be calculated very accurately to reduce the in-
fluence of the residual of the energy balance closure (Fig. 4.6). 

 

 
 

Fig. 4.5. Error of the Bowen ratio (20 und 40%) dependent on the measured temperature and wa-
ter vapor differences (Foken et al. 1997b). 
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Fig. 4.6. Bowen-ratio measuring system (Pho-
tograph: Campbell Scientific, Inc. Logan UT, 
USA) 

 

 

Table 4.8. Evaluation of the Bowen-ratio method 

criterion evaluation 
area of application applied research, partly continuously running 

programs 
financial expense 10–15 k€ per system 
personal expense continuous scientific and technical support 
education knowledge in micrometeorology and measur-

ing technique  
error according to the micrometeorological condi-

tions 10–30% (assumption of a closed energy 
balance) 

sampling 1–5 s 
time resolution of fluxes 10–30 min 
application for chemical compounds principle possible (see Chap. 4.2.3) 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary 

4.2.3 Modified Bowen-Ratio Method 

According to Businger (1986), the application of Bowen-ratio similarity (see 
Chap. 2.3.3) and the abandonment of the energy balance equation, which excludes 
the problems of energy balance (see Chap. 3.7), are the basis of the modified 
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Bowen-ratio method (see Eq. 2.89). On the one hand the benefits of the Bowen-
ratio similarity (Eq. 2.88) can be used for the modified Bowen-ratio method, and 
on the other hand the sensible heat flux can be directly determined with a sonic 
anemometer and a correction of the buoyancy flux (Liu and Foken 2001). Such a 
measurement system is shown in Fig. 4.7. Usual limitations of the Bowen-ratio 
method are not valid when the modified Bowen-ratio is used. But the recom-
mended ratio of the heights of z2/z1 = 4–8 is required to reduce the measuring er-
rors. Also, the observed data are not useful when the friction velocity u* < 0.07 ms–1 
and the Bowen ratio Bo ~ 0. Because of the decreasing cost of sonic anemometers, 
they are now in the price range of good net radiation sensors, and so there is no 
overall increase measuring system costs. Furthermore, the expensive measure-
ments of the soil heat flux and the heat storage in the soil is not necessary. The 
heat flux equation using the buoyancy flux with the sonic temperature Ts is  
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Fig. 4.7. Measuring system for the modified 
Bowen-ratio method (METEK GmbH 
Elmshorn and Th. Friedrichs & Co. Schenefeld 
near Hamburg; Photograph: Foken) 

 

 

where the anemometer- type dependent constants are given in Table 4.1.  
If u is approximately in the direction of the mean horizontal wind, the second 

sum in the numerator of Eq. (4.41) is negligible. For most anemometer types, this 
sum is negligible, because the crosswind correction is already included in the ane-
mometer software. The Bowen ratio can be calculated with Eq. (4.36), and the la-
tent heat flux can be calculated with: 

Bo
QQ HE = . 

 
(4.42) 
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The modified Bowen-ratio method was originally developed for the determina-
tion of trace gas fluxes (Businger 1986; Müller et al. 1993). According to Eq. 
(2.92) a turbulent flux, e.g. the sensible heat flux, can be directly determined, and 
from the relevant difference (here temperature difference, ∆T) and the concentra-
tion difference, ∆c, between two measurement levels, the trace gas flux (dry depo-
sition) can be calculated using: 

T
cQQ Hc Δ

Δ=  
 

(4.43) 

 In an analogues way to the Bowen-ratio method, criteria for and limitations of 
the method, which are dependent on the deposited or emitted matter, must be de-
veloped. The wind or friction velocity criteria can be used; also, the turbulent 
scales of both scalars must be similar (see Chaps. 2.5 and 4.4). An overall evalua-
tion of the methods is given in Table 4.9.  

Table 4.9. Evaluation of the modified Bowen-ratio method 

criterion evaluation 
area of application applied research, partly continuously running 

programs 
financial expense 10–15 k€ per system 
personal expense continuous scientific and technical support 
education knowledge in micrometeorology and measur-

ing technique  
error according to the micrometeorological condi-

tions 10–30%  
sampling 1–5 s, 10–20 Hz for turbulent flux 
time resolution of fluxes 10–30 min 
application for chemical compounds for selected inert gases possible 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary, 
similarity of the turbulence characteristics nec-
essary 

4.2.4 Further Parameterization Methods 

The determination of turbulent fluxes with observations at only two heights is an 
interesting measuring approach because the fluxes can be estimated in a simple 
way. While the bulk method (see Chap. 4.2.1) requires a uniform (linear) gradient 
between both measuring heights and the Bowen-ratio method requires (see Chaps. 
4.2.2 and 4.2.3) similar gradients of both parameters, there is also the possible 
solution of the profile equations with stability influences (Eqs. 2.71–2.73) for 
two heights. Corresponding proposals (Itier 1980; Lege 1981) were used by 
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Richter and Skeib (1984) for a method to determine the turbulent fluxes in an it-
erative way. They introduced a critical height, zc, which is approximately equal to 
the height of the dynamical sublayer. Below this height, the equations for neutral 
stratification can be applied. The use of the universal functions by Skeib (1980), 
which allows for this method a simple layer-wise integration, gives the following 
equations for the flux calculation (Richter and Skeib 1991): 
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(4.44) 

In an analogues way, follow the equation for the sensible and latent heat flux:  
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The coefficients in Eqs. (4.44) and (4.45) are given in Table 4.10. The critical 
height, which is a function of the bulk-Richardson number (Eq. 2.80) and a 
weighting factor R (the stability-dependent curvature of the profile according to 
Table 4.11), is: 
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The application of Eq. (4.46) requires an iterative solution of the equation. 
Starting with an initial estimate of ς, the friction velocity and then the sensible 
heat flux are calculated. Using these values, an updated value for ς is calculated, 
and the process is repeated. After about 3–6 iteration steps, the method converges. 
As a measuring technique the Bowen-ratio system without net radiometer but with 
anemometers at both measuring heights can be used. The wind velocity criterion 
of the Bowen-ratio method, which is a test on developed turbulence, must be used 
in the analogues form. Also, measurements must be excluded when the differences 
between the levels is of the order of the measuring error. The method can be ex-
tend in principle by using humidity and/or concentration measurements to measure 
the latent heat and/or deposition flux. An overall evaluation is given in Table 4.12.  
Table 4.10. Coefficients for Eqs. (4.44) and (4.45) 

stability range ς < 0 ς > 0 
ςc –0.0625 0.125 
nu 0.25 –1 
nT 0.5 –2 
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Table 4.11. Weighting factor R for Eq. (4.46) according to Richter and Skeib (1984) 

z2 / z1 2 4 8 16 
–0.0625 ≤ ς ≤ 0.125 0.693 0.462 0.297 0.185 
–1 < ς < –0.0625 0.691 0.456 0.290 0.178 
0.125 < ς < 1 0.667 0.400 0.222 0.118 

Table 4.12. Evaluation of the parameterization approach according to Richter and Skeib (1991) 

criterion evaluation 
area of application applied research, partly continuously running 

programs 
financial expense 10–15 k€ per system 
personal expense continuous scientific and technical support 
education knowledge in micrometeorology and measur-

ing technique  
error according to the micrometeorological condi-

tions 10–30%  
sampling 1–5 s 
time resolution of fluxes 10–30 min 
application for chemical compounds for selected inert gases possible 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary 

4.2.5 Profile Calculation 

heights were discussed. The classical profile method (Fig. 4.8) is based on wind, 
temperature and moisture measurements made at 3–6 levels, where 4–6 levels are 
optimum (Foken and Skeib 1980). These measurements were used for more than 
10 years because to a larger extent the eddy-covariance method was too costly. 
Today, profile measurements are applied most often in basic research to determine 
parameters of the profile equation or disturbances by internal boundary layers. 

The basis for the profile method in the neutral case are Eqs. (2.46)–(2.48) or in 
the integral form as in Eq. (2.59). The simplest case is the linear approximation, 
which is more or less also the basis of the bulk and Bowen-ratio method:  
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In Chaps. 4.2.1–4.2.4, special cases of the profile method with only two measuring 
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The logarithmic approximation to Eq. (4.47) is a much better representation of 
the physical facts with a geometric average of the heights:  
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The basis for the profile method in the diabatic case are Eqs. (2.71) to (2.73). 
For a simple graphical analysis, the integral form (Eq. 2.83) is used with ln z -
 ψ(z/L) on the ordinate and u or T on the abscissa according to the following equa-
tions (Arya 2001): 

( ) 0
*

lnln zu
u

z L
z

m +=− κψ  (4.49) 

( ) TL
z

H zT
T

T
T

z 00
*

0

*

0 lnln +−=− κακαψ  (4.50) 

Before both equations can be calculated, either the Richardson number (Eq. 
2.79) or the Obukhov length (Eq. 2.68 and Eq. 2.70) must be determined. The 
method can be solved iteratively.  

There are approximations that are not directly based on the profile equation. 
The simplest is the series expansion: 

( ) zazaazu 210 ln ++=  (4.51) 

 

 

 

 
 
 
 
 
 

 

 

 

 

Fig. 4.8. Measuring mast for profile meas-
urements (Photograph: Foken) 
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Table 4.13. Overall evaluation of the profile method with 4–6 measuring heights  

criterion evaluation 
area of application basic and applied research, partly continuously 

running programs 
financial expense 10–15 k€ per system 
personal expense continuous scientific and technical support 
education good knowledge in micrometeorology and 

measuring technique  
error according to the micrometeorological condi-

tions 5–20%  
sampling 1–5 s 
time resolution of fluxes 10–30 min 
application for chemical compounds for selected inert gases possible 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary 
 
A more commonly used expansion is one developed by Kader and Perepelkin 

(1984): 
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For the interpolation of profiles, several approaches are used, for example, 
spline methods. To insure that these methods do not overcorrect measuring errors 
and falsify the result, special cubic interpolation methods between neighboring 
grid points should be used, e.g., Akima (1970). 

Because of the availability of powerful personal computers, lavish interpolation 
methods are used such as the Nieuwstadt-Marquardt approach. In this approach, a 
quadratic cost function is calculated as a measure of the tolerance between the 
measured data and the model based on the profile equations (Nieuwstadt 1978). 
The nonlinear system of equations to minimize the cost function can be solved us-
ing the method described by Marquardt (1983).  

As with the Bowen ratio method, the profile method requires high accuracies in 
the measuring data. High ratios of the upper to the lower measuring height, and 
negligible influences from the surface are also necessary. The wind criteria for the 
Bowen ratio method to exclude non-turbulent cases can be also used. A complete 
error analysis was made by Foken and Skeib (1980). An overall evaluation is 
given in Table 4.13.  

4.2.6 Quality Assurance 

For all profile measurements, it should be demonstrated that the measuring ac-
curacy is at least 10-fold greater than the expected difference between the two 
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measuring heights so that the flux can at least be determined with an accuracy of 
20% (positive and negative measuring errors are assumed). It is further assumed 
that wind and temperature measurements can be made with a sufficient accuracy. 
According to a method proposed by Foken (1998), the profile equations Eqs, 
(2.71) to (2.73) can be divided into a turbulence-caused part and in the difference 
of the state parameter between both heights:  

 

 
Fig. 4.9. Course of the normalized flux QN in dependency of the stratification and the friction ve-
locity for m = z2 / z1 = 8 (UBA 1996)  

 Table 4.14. Minimal determinable flux (20% error) for energy and different matter fluxes above 
low (m = z2 / z1 = 8) and tall (m = 1.25) vegetation for neutral stratification and u* = 0.2 m s–1 
(units µg m–3 for concentrations and µg s–1 m–2 for fluxes), the italic fluxes are larger than the 
typical fluxes (Foken 1998, completed) 

energy or matter flux cmin Δc.min flux 
m = 8 

flux 
m = 1.25 

sensible heat 0.05 K 0.5 K 0.025 m K s–1 
30 W m–2 

0.05 m K s–1 
60 W m–2 

latent heat 0.05 hPa 0.5 hPa 0.025 hPa ms–1 
45 W m–2 

0.05 hPa ms–1 
90 W m–2 

nitrate particles 0.01 0.1 0.005 0.01 
ammonium particles 0.02 0.2 0.01 0.02 
CO2 100 1000 50 100 
NO 0.06 0.6 0.03 0.06 
NO2 0.1 1.0 0.05 0.1 
O3 1.0 10.0 0.5 1.0 
NH3 0.014 0.14 0.007 0.014 
HNO3 0.2 2.0 0.1 0.2 
HNO2 0.25 2.5 0.125 0.25 
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( ) ( )[ ] cL
z

Nc dzuQQ Δ−= ln,,* ϕ  (4.53) 

The normalized flux QN is plotted Fig. 4.9. The minimal measurable flux with 
20% accuracy is the 10-fold resolution of the measuring system cmin: 

minmin, 10cQQ Nc =  (4.54) 

Typical values of still-measurable fluxes over low and high vegetation are 
given in Table 4.14.  

4.2.7 Power Approaches 

For many applied methods, the power approach is widely used for the determina-
tion of the wind distribution near the ground surface. This is not only done in the 
surface layer but also in the lower part of the atmospheric boundary layer (Doran 
and Verholek 1978; Hsu et al. 1994; Joffre 1984; Sedefian 1980; Wieringa 1989): 
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For wind power applications, an exponent of p = 1/7 is applied often (Peterson 
and Hennessey jr. 1978). Detailed approaches use a stability and roughness de-
pendency on the exponent. After differentiation of Eq. (4.55), it follows according 
to Huang (1979): 

p = z
u

∂u
∂z

 (4.56) 

This version allows complicated approaches including the roughness of the sur-
face and the stratification expressed with universal functions. Irvin (1978) pro-
posed the approach 
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Similar is the approach by Sedefian (1980): 
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(4.58) 

Huang (1979) used this form of the exponent with the universal function given 
by Webb (1970) and Dyer (1974) and a special integration for large roughness 
elements. For unstable stratification, it follows that 
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and for stable stratification:  
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The numbers in both equations differ from those in the original reference accord-
ing to the investigations by Högström (1988). This approach is for instance used in 
the footprint model by Kormann and Meixner (2001). 

The application of this method is not without problems. In the morning daylight 
hours, these approaches are in a good agreement with measurements, but in the 
early afternoon – with the start of the thermal internal boundary layer (see Chap. 
3.2.3) – the values of the stratification measured in the surface layer cannot be ap-
plied to the whole profile. An overall evaluation of the method is given in Table 
4.15.  

Table 4.15. Evaluation of exponential approaches for the determination of the wind profile in the 
lowest 100 m 

criterion evaluation 
area of application engineer–technical applications, continuously 

running programs 
financial expense 1–3 k€ per system 
personal expense continuous technical support 
education experiences in measuring technique  
error according to the micrometeorological condi-

tions 5–20% (unstable stratification), otherwise 
significant larger errors 

sampling 1–5 s 
time resolution of the gradients 10–30 min 

turbulent conditions necessary 

restrictions in the application only for unstable stratification sufficient ac-
curacy, significant influences by internal 
boundary layers band thermal internal bound-
ary layers at the afternoon for near surface 
measurements, 
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An interesting approach was given with the definition of the radix layer 
(Santoso and Stull 1998), which is approximately one fifth of the atmospheric 
boundary layer (surface layer and lower part of the upper layer). In the uniform 
layer above the radix layer, no increase of the wind velocity occurs and a constant 
wind velocity uRS predominates:  
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The application of this method is limited to convective conditions. Furthermore 
there are difficulties to determine the height zRS of the radix layer. 

4.3 

The flux-variance relation (variance method) according to Chap. 2.4 allows the 
calculation of fluxes using the measured variance of a meteorological parameter 
and the integral turbulence characteristics. Many investigations of this method 
have been made. However, the variance method has never reached a practical 
relevance even though the method has an accuracy comparable to the eddy-
covariance method (Tsvang et al. 1985). Thus, the application of the variance 
method according to Eqs. (2.98) and (2.99) as well as Tables 2.11 and 2.12 is pos-
sible. 

The equations can also be derived from the definition of the correlation coeffi-
cient or the covariance. Therefore, the method is often called eddy-correlation 
method, which should not be confused with the eddy-covariance method: 
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By using assumed values of correlation coefficients (Table 4.16), well-known 
standard deviations, and one well-known flux, a second flux can be determined. 
The sign of the flux must be determined by additional measurements, e.g. by 
measurements of the temperature gradient:  
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The standard deviations can be determined only for a low-frequency spectral 
range, which differs from the necessary spectral range of the eddy-covariance 
method for the reference flux. This method can be applied for example, only if one 
of the two gas fluxes can be measured with high time resolution using the eddy-
covariance method.  

Flux-Variance Methods 
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Furthermore the flux can also be determined according to Eq. (4.65), if the cor-
relation coefficient is well known: 

XwwXX rF σσ=  (4.65) 

The correlation coefficient can be roughly parameterized according to the 
stratification (Table 4.16)  

( )ςϕ~=wXr . (4.66) 
But the table gives no sufficient data basis.  

An evaluation of the practically rarely used flux-variance method is given in 
Table 4.17. 

Table 4.16. Typical values of the correlation coefficient 

author ruw rwT 

Kaimal and. Finnigan (1994) –0.35 0.5 (unstable) 
 0.4 (stabile) 

Arya (2001) –0.15 0.6 (unstable) 
 

Table 4.17. Evaluation of the flux-variance method 

criterion evaluation 
area of application basic research  
financial expense 2–10 k€ per system 
personal expense continuous scientific and technical support  
education good micrometeorological and measuring 

technique knowledge  
error depending on the micrometeorological condi-

tions 10–30% 
sampling 10–20 Hz (probably lower) 
time resolution of fluxes 10–30 min 
application for chemical compounds selected inert gases (gas analyzers with high 

time resolution) 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary, 
if necessary similarity of the scalars 

–
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4.4 Accumulation Methods 

4.4.1 Eddy-Accumulations-Method (EA) 

The basic idea of the eddy-accumulation method (conditional sampling) originates 
in the work of Desjardins beginning in 1972 (Desjardins 1977). He assumed that 
the covariance of the turbulent flux could be averaged separately for positive and 
negative vertical wind velocities: 
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Realization of this direct measuring technique should be done by concentration 
measurements in two separate reservoirs for positive and negative vertical wind 
velocities weighted with the actual vertical wind velocity (Fig. 4.10). However, 
the therefore necessary valve control technology did not yet exist.  

 

 

Fig. 4.10. Schematical view of the 
eddy-accumulation method (Foken et 
al. 1995) 

 

4.4.2 Relaxed Eddy-Accumulation Method (REA) 

The accumulation method comes to the fore by the work of Businger und Oncley 
(1990). They combined the eddy-accumulation method (EA) according to Eq. 
(4.67) with the flux-variance similarity according to Eq. (2.97). Their method be-
comes an indirect method:  

( )−+ −= ccbcw wσ''  (4.68) 

where the coefficient b = 0.627 for an ideal Gaussian frequency distribution 
(Wyngaard and Moeng 1992), otherwise low variations occur which are also 
probably different for different gases (Businger and Oncley 1990; Oncley et al. 
1993; Pattey et al. 1993): 



Accumulation Methods      141 

 

b = rwcσ c

c+ − c−( )= 0.6 ± 0.06 (4.69) 

The coefficient b is to a large extent independent of the stratification. This is 
probably the opposite stability dependency of the integral turbulence characteris-
tics for the vertical wind and matter (Foken et al. 1995). The relaxed eddy-
accumulation (REA) method is schematically shown in Fig. 4.11. The weighting 
of the concentrations is no longer necessary, but the high switching frequency of 
the valves for zero passages of the vertical wind is still necessary.  

A further improvement was realized with the modified relaxed eddy-
accumulation method (MREA) according to Businger and Oncley (1990), which is 
of practical use and generally called REA. In this method, the air in the case of 
positive and negative maximal values of the vertical wind velocity are collected 
into two separate reservoirs; for fluctuations around zero the air is rejected or col-
lected in a control volume (Fig. 4.12). 

Equations (4.68) and (4.69) get the following modifications 

′ w ′ c = bσ w c+ w > w0( )− c− w < −w0( )( ) (4.70) 

with 
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The threshold value w0 is dependent on the experimental conditions and the 
gas. This requires that with a parallel simulation using a proxy parameter, e.g. the 
temperature or the water vapor, b must be actually determined: 
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Fig. 4.11. Schematical view of the re-
laxed eddy-accumulation method 
(Foken et al. 1995) 
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Fig. 4.12. Schematical view of the 
modified relaxed eddy-accumulation 
method (Foken et al. 1995) 
 

 
Simulation experiments have shown (Ruppert et al. 2006b) that the optimal 

value for b is approximately 0.6. The accuracy of the method is up to one order 
lower if a constant b-value is used with respect to the determination with a proxy 
value. It must be taken into consideration that only for small eddies are scalars 
similar (Pearson jr. et al. 1998). This is not the case for the application of larger 
eddies (Ruppert et al. 2006b). This so-called scalar similarity can also change dur-
ing the daily cycle (see also Chap. 3.5.5). Therefore the choice of the proxy scalar 
must be made very carefully.  

For the implementation of the method, the measuring system must be adapted 
to the stream field by a coordinate transformation, and the planar-fit method 
(Wilczak et al. 2001) is recommended (see Chap. 4.1.2). Furthermore attention 
must be paid so that the integral turbulence characteristics of the vertical wind ve-
locity, which must follow the known dependencies, are not specifically modified 
by the measuring place. An overall evaluation is given in Table 4.18.  

Often, the accuracy of gas analyzers is not high enough to measure sufficient 
concentration differences between both reservoirs. This can be overcome by the 
hyperbolic relaxed eddy-accumulation method (HREA), which is based on an idea 
by von Shaw (1985). Bowling et al. (1999) and Wichura et al. (2000) developed 
this method for practical use for carbon dioxide isotope fluxes. In this method, 
only air is collected outside a hyperbolic curve, which must be defined for the 
special measuring case (Fig. 4.13) 
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The hyperbolic relaxed eddy-accumulation method needs a considerable ex-
pense to determine exactly the dead band. The value calculated by Bowling et al. 
(1999) D = 1.1 is probably too large so that only extreme events are collected 
which are not adequately distributed among the quadrants. A simulation study by 
Ruppert et al. (2006b) showed that an optimal value is D ~ 0.8. Very important is 
the correct choice of the proxy scalar and the control of the scalar similarity of the 
measuring and proxy parameters. Deviations have a much larger effect than on the 
simple REA method.  
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The benefit of the hyperbolic relaxed eddy-accumulation method is the signifi-
cant increase of the concentration differences in both reservoirs, which may be 
compensated by the high efforts to control turbulent similarity relations. An over-
all evaluation is given in Table 4.19.  

The relaxed eddy-accumulation method is still under development. Further re-
search is desirable because the method opens perspectives for matter fluxes that 
cannot be measured with other methods. This indirect method can be successfully 
used only if the underlying flux-variance similarity is fulfilled. Therefore methods 
are also necessary to control these basics.  

 

 

 

 
 

 

Fig. 4.13. Schematical view of the hy-
perbolic relaxed eddy-accumulation 
method (Ruppert et al. 2002) 

 

Table 4.18. Evaluation of the relaxed eddy accumulation method (REA) 

criterion evaluation 
area of application basic research and extravagant continuous 

measuring programs 
financial expense 10–50 k€ per system 
personal expense continuous scientific and technical support  
education good micrometeorological and measuring 

technique and probably also chemical knowl-
edge  

error depending on the micrometeorological condi-
tions 5–20% 

sampling 10–20 Hz  
time resolution of fluxes 30–60 min 
application for chemical compounds selected inert gases (gas analyzers with high 

time resolution) 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary, 
similarity of turbulent scales of the scalars, 
no local influences on integral turbulence char-
acteristics 
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Table 4.19. Evaluation of the hyperbolic relaxed eddy accumulation method (HREA) 

area of application basic research  
financial expense 10–50 k€ per system 
personal expense intensive scientific and technical support  
education good micrometeorological and measuring tech-

nique and probably also chemical knowledge  
error depending on the micrometeorological condi-

tions 5–20% 
sampling 10–20 Hz  
time resolution of fluxes 30–60 min 
application for chemical compounds selected inert gases (gas analyzers with high 

time resolution) 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary, 
similarity of turbulent scales of the scalars, 
no local influences on integral turbulence char-
acteristics 

4.4.3 Disjunct Eddy-Covariance Method (DEC) 

Up to now, only methods have been discussed which can be used for inert gases or 
gases that do not react during their stay in the reservoirs. Gas analyzers with sam-
pling rate about 10–20 Hz are necessary for the measurement of turbulent fluxes 
with the eddy-covariance method. Such instruments are available for only a few 
gases such as ozone. The basic idea of the disjunct eddy-covariance method bor-
rows from the eddy-covariance method for aircraft measurements and is therefore 
a direct measuring method. Due to the velocity of the aircraft and the nearly iden-
tical sampling frequencies as for surface measurements, there is no optimal adap-
tation of the sampling frequency on the resolvable turbulent eddies according to 
the sampling theorem (see Chap. 6.1.2). According to investigations by Lenschow 
et al. (1994), it is possible to estimate fluxes for a fully-developed turbulent re-
gime even when the sampling frequency is low in comparison to the eddy size. 
This means a larger separation in time (disjunct) of the single samples.  

This is the benefit of the disjunct eddy-covariance method where samples are 
taken only in certain time intervals (Rinne et al. 2000). Although the direct sam-
pling is taken over a time interval < 0.1 s, the gas analyzer can process the data for 
several second due to its high inertia if no remarkable reactions occur during this 
time.  

To reduce the error < 10% relative to the eddy-covariance method, based on 
simulations the time difference between two samplings should be in the range of 1–5 s 
(Ruppert et al. 2002). The method is still in development, and it is anticipated that it 

criterion evaluation 
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will be an applicable method for fluxes of reactive gases, particles, etc. An initial 
evaluation of the method is given in Table 4.20.  

Table 4.20. Evaluation of the disjunct eddy-covariance method (DEC) 

criterion evaluation 
area of application In the moment only basic research  
financial expense 10–20 k€ per system 
personal expense Intensive continuous scientific and technical 

support  
education good micrometeorological, measuring tech-

nique and chemical knowledge  
error depending on the micrometeorological condi-

tions 5–20% 
sampling 1–10 s, sampling duration < 0.1 s  
time resolution of fluxes 30–60 min 
application for chemical compounds selected inert gases (gas analyzers with time 

resolution < 10 s) 
restrictions in the application sufficient footprint area, 

turbulent conditions necessary, 
influences of turbulent scales up to now not in-
vestigated 

4.4.4 Surface Renewal Method 

The surface renewal method (Paw U et al. 1995) is based on the concept of eddy 
accumulation (conditional sampling). Turbulence measurement are not used, in-
stead concentration measurements of ramp structures (see Chap. 3.5.4), which oc-
cur over the vegetation, are used. Because these structures renewal permanent the 
flux can be defined with the emptying of the storage. The derivation was made us-
ing the sensible heat flux but it can also be applied for matter fluxes. The sensible 
heat flux is defined as the temperature change in time in a volume V above an area 
A, where V/A can be used as canopy height zB: 

⎟
⎠
⎞

⎜
⎝
⎛=

A
V

dt
dTcQ pH ρ  (4.75) 

A practical equation was developed by Snyder et al. (1996) based ramp struc-
tures such as those shown in Fig. 4.14 for stable and unstable stratification. Ac-
cordingly, the temperature change in time dT/dt in Eq. (4.75) can be substituted by 
a/l and is multiplied with the relative duration of the heating or cooling l/(l+s): 
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Fig. 4.14. Schematic view fort he calculation of ramp structures of the surface renewal method 
(Snyder et al. 1996) 

Table 4.21. Evaluation of the surface renewal method 

criterion evaluation 
area of application basic research and extravagant continuous 

measuring programs for special cases 
financial expense 5–10 k€ per system 
personal expense intensive continuous scientific and technical 

support  
education good micrometeorological and measuring 

technique and probably also chemical knowl-
edge 

error depending on the micrometeorological condi-
tions 10–30% 

sampling 10–20 Hz  
time resolution of fluxes 30–60 min 
application for chemical compounds selected inert gases (gas analyzers with high 

time resolution) 
restrictions in the application only over vegetation with ramp structures, 

influences of turbulent scales up to now not in-
vestigated 

  

BpH z
sl

acQ
+

= ρ  (4.76) 
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The method needs careful analysis of the turbulence structure and promises 
possibilities for the application of fluxes above high vegetation, especially for pre-
dominant stabile stratification with significant ramp structures. An initial evalua-
tion is given in Table 4.21.  

4.5 Fluxes of Chemical Substances 

The deposition of chemical substances occurs in three different ways (Finlayson-
Pitts and Pitts 2000; Foken et al. 1995): 
− wet deposition of solute gases and substances in rain water,  
− moist deposition of solute gases and substances in fog water, 
− dry deposition by turbulent transport of gases and particles (aerosols).  

Only the dry deposition can be measured with the previously described meth-
ods of energy and matter exchange. The wet deposition is a precipitation meas-
urement made with so-called wet-only collectors, which open only during precipi-
tation to avoid the collection of dry deposition and sedimentation. The problems 
with this measurement are similar to those for precipitation measurement (see 
Chap. 6.2.4). The moist deposition is important only in areas with frequent fog 
conditions such as hilly regions (Wrzesinsky and Klemm 2000). 

 In ecological studies, bulk deposition is measured with open collectors located 
in the trunk space of a forest. These measurements are the sums of the wet deposi-
tion, the sedimentation, the wash up of deposited substances from leafs, and partly 
dry deposition. The crown-eaves method attempts to compare the bulk deposition 
with the wet deposition outside the forest, and to estimate the dry deposition as a 
difference term (Guderian 2000). This method cannot measure the dry deposition 
quantitative, because substances are also directly absorbed by the plant surfaces or 
deposited in the understory or the soil.  

matter  high roughness 
(forest) 

low roughness 
(meadow) 

SO2/SO4
– 3–4 : 1 

1:1 
NO2 + HNO3 1.8–4 : 1 
NO3

– 1.2–2 : 1 
NH3/NH4

+ 0.2–5 : 1 
0.2–5 : 1 

metal ~ 1: 1 
 

Table 4.22. Ratio of the dry deposition (DD) to the wet deposition (WD) resp. dry particle depo-
sition (DPD) over rural areas (Foken et al. 1995) 

DD/WD 
DD/DPD 

1–1.5 : 1 
3–10 : 1 

DD/WD 
DD/DPD 

DD/WD 1–2 : 1 DD/WD 
DD/DPD 2–10 : 1 DD/DPD 
DD/WD 
DD/DPD 

? 
1 : 1 

DD/WD 
DD/DPD 

DD/WD 1 : 20 DD/WD 
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Fig. 4.15. Relation between the characteristic transport time td and characteristic reaction time tc 
for different chemical reactions for a layer of 10 m thickness and different thermal stratifications 
according to Dlugi (1993), 1: HO2 + HO2 → H2O2 + O2, 2: HNO3 + NH3 ↔ NH4NO3, 3: O3 + 
NO → NO2 + O2, 4: O3 + isoprene → reaction products (R), 5: O3 + monoisoprene → R, 6: NO3 
+ monoisoprene → R, 7: NO3 + isoprene → R, 8: OH + isoprene → R, 9: OH + monoisoprene 
→ R, 10: O3 + olefins → R, 11: O3 + NO2 → NO3 + O2  

The distribution of the total deposition of the three deposition paths depends 
significantly on the properties of the surface. High vegetation with a large surface 
roughness is much better able to absorb matter by dry deposition from the air 
(comb out) than by wet or moist deposition. Depending on the substances, dry 
deposition makes a contribution to the total deposition of about ¾ above high 
vegetation and ⅔ above low vegetation (Foken et al. 1995). The substance-
dependent differences are shown in Table 4.22.  

The dry deposition can be determined, in principle, with all the methods de-
scribed thus far. One of the difficulties is the limited number of gases for which 
high-frequency gas analyzers are available for the eddy-covariance method. For 
profile measurements, the absolute accuracy of the gas analyzers is often not good 
enough for the necessary resolution or else the sampling times are larger than the 
typical meteorological averaging times. Often, modified Bowen-ratio methods, 
flux-variance similarities, or accumulation methods are utilized. All these methods 
are not suitable for continuously running measuring programs. For recording of 
the dry deposition estimates, the so-called deposition velocity is used. For climate 
research worldwide, carbon dioxide exchange measurements with the eddy-
covariance method are used (Valentini et al. 2000). Therefore, extensive technical 
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guides are available (Aubinet et al. 2000; Aubinet et al. 2003a; Moncrieff et al. 
1997). The existence worldwide of more than 200 measuring stations (Baldocchi 
et al. 2001) does not ignore the fact that technical and methodical problems still 
exist.  

The previous remarks are only valid for inert gases as carbon dioxide or sulfur 
dioxide. For reactive gases, the methods can be used only if one gas is signifi-
cantly in surplus and reactions do not play an important role, for example ozone 
deposition during daytime in a rural area. It is also possible to combine complexes 
of matter, for instance the NOx-triade consisting of nitrogen monoxide, nitrogen 
dioxide, and ozone, or the ammonium-tirade consisting of ammoniac, ammonium 
ions and ammonium nitrate. With the application of the profile method, it must be 
taken into account that due to reactions the gradient do not always present the di-
rection of the flux (Kramm et al. 1996a). For the application of the eddy-
covariance and eddy-accumulation methods, it must be considered that the reac-
tion times of typical chemical reactions are in the order of 101–104 s and therefore 
just in the rang of the turbulence fluctuations (Fig. 4.15). Therefore, these methods 
more or less cannot be used except for multipoint measurements under the as-
sumption of isotropy turbulence (Foken et al. 1995).  

A measure for the ratio of the transport time to the reaction time is the Dam-
köhler number (Molemaker and Vilà-Guerau de Arellano 1998)  

*ck
t
t

Da
c

d
t = , (4.77) 

where k is the kinematical reaction constant and *c  is a dimensionless volume-
averaged concentration of one of the reaction partners in the equilibrium. Other 
definition scale with the emission flux (Schumann 1989). Because the reactions 
often occur within the smallest eddies, the Kolmogorov-Damköhler number is ap-
plied  

*ckDak ε
ν=  (4.78) 

with the kinematic viscosity, υ, and the energy dissipation ε. An estimate of the 
dependence of chemical reactions on the Damköhler number was given by Bilger 
(1980): 
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slow chemistry 
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fast chemistry 

(4.79) 

 A simple and routinely applicable method, but physically unrealistic (see be-
low), is based on the deposition velocity defined by Chamberlain (1961):  

( ) ( )zc
Q

zv c
D −=  

(4.80) 

This definition is inconsistent with the gradient approach (Roth 1975). But the 
deposition velocity can be assumed to be a reciprocal transport resistance (see 
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Chap. 5.3), in which the concentration can be replaced by the concentration differ-
ence between the measuring height and a second reference height (in the ground), 
where the concentration is constant or very low. In this way, the physical incor-
rectness can be overcome. This assumption has the disadvantage that short time 
changes of the dry deposition (daily cycle or shorter) cannot be exactly repro-
duced. The method is therefore applicable for long-term measurements.  

Deposition velocities are on the order of 10–3 m s–1 and are highly variable 
depending on the surface and the meteorological conditions (Table 4.23). For 
countrywide investigations, the deposition velocity listed by the relevant agencies 
is dependent on the time of the year in which the averaged dry deposition was 
measured. 

The proportionality given in Eq. (4.80) between the flux and the concentration 

that this proportionality can be realized only with a large scatter. For stable strati-
fication, changes of the concentration are nearly independent of the flux.  

Due to the non-physical definition of the deposition velocity, there are also 
problems with its experimental determination. The exact definition would be the 
transport or transfer velocity (Arya 1999; Roth 1975): 

( ) ( ) ( )0czc
Q

zv c
D −

−=  
(4.81) 

Only for the case c(0) = 0, i.e. for matter which disappears nearly completely 
by reactions at the surface, the deposition velocity would be identical with the 
transfer velocity. Otherwise one obtains unrealistic values (Businger 1986). The 
determination of the transfer velocity can be made with all the methods described 
in this Chapter; however, the profile method (see Chap. 4.2) is the simplest 
method (Table 4.24). 

The usual way of the determination of the deposition velocity is the resistance 
approach (Seinfeld and Pandis 1998), which is described in detail in Chap. 5.3. 
Thus, the calculation using simple models is possible (Hicks et al. 1987). 

Table 4.23. Examples for the deposition velocity (Helbig et al. 1999) 

gas surface vD in 10–2 ms–1 conditions 
grass 0.5 neutral stratification SO2 
needle forest 0.3–0.6 averaged value 
grass 0.55 neutral, 5 ms–1 O3 
spruce forest 0.4 averaged value 
grass 0.05 neutral, 5 ms–1 NO 
spruce forest 0.1–0.4 averaged value 
grass 0.6 neutral, 5 ms–1 NO2 
spruce forest 1.2 in spring 

is generally fulfilled only for unstable and neutral stratification. Figure 4.16 shows 
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Table 4.24. Evaluation of the determination of the dry deposition with the deposition velocity  

criterion evaluation 
area of application routinely measuring programs 
financial expense 2–15 k€ per system 
personal expense technical support 
education knowledge in measuring technique 
error according to the micrometeorological  

conditions 20–50%, partly > 50%  
sampling 1–5 s, determination of averages over 10–30 

min 
time resolution of fluxes decade and monthly averages  
application for chemical compounds selected inert gases 
restrictions in the application only for rough estimates usable 

 
 

 Fig. 4.16. Dependency of the sulfur dioxide deposition on the concentration under the assump-
tion of a constant deposition velocity; filled symbols are values at noon time with unstable strati-
fication, and open symbols values with stable stratification (Hicks and Matt 1988)  



5 Modeling of the Energy and Matter Exchange 

Within micrometeorology the term modeling is not defined especially well, and 
covers a range of complexity extending from simple regressions up to complicated 
numerical models. In applied meteorology (agro meteorology and hydro meteor-
ology) simple analytical models are widely distributed over this range. An impor-
tant issue is the modeling of evaporation. Sophisticated numerical models made 
nearly no entrance into the field. The following chapter describes different types 
of models beginning with simple analytical methods up to the consideration of en-
ergy and matter transport in the surface layer in numerical models for specific 
problems. The application of models in heterogeneous terrain and flux averaging 
is addressed in a special subchapter.  

5.1 Energy Balance Methods 

Energy exchange measurements and modeling form the bases for many applied 
investigations. Regardless of the related methodical problems of measurement (see 
Chap. 3.7), the energy balance equation is addressed using methods such as the 
Bowen-ratio method (Chap. 4.2.2). Many models in the field are based on similar 
theoretical backgrounds. Often, the general problems of application are unknown 
to the user. Most applications can be used only for hourly values at noon with un-
stable stratification or for daily and weekly averages (see below). Various models 
distinguish between potential evaporation from free water bodies or water satu-
rated surfaces and actual evapotranspiration, which is the sum of the evaporation 
of the soil and transpiration from the plants.  

In most of the models, parameters are used which were empirically determined 
by experiments. Strictly speaking, only the climatological conditions of the ex-
perimental area are valid. The values of parameters can vary from place to place, 
and more importantly they are valid only for special mean climatological condi-
tions. Thus, the parameters are functions of the place, the time of the year, and the 
weather or climate of the period when the experiment was done. They may not be 
any more valid than those determined recently or in the near future (Houghton et 
al. 2001). Therefore, hourly and daily values have only a low representativness. 
Depending on the sensitivity of the parameterization, decade or monthly averages 
have an acceptable accuracy. Therefore, it is necessary to associate the time scale 
of the model with the intended use and the geographically valid region.  
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5.1.1 Determination of the Potential Evaporation 

Dalton Approach 

The simplest way to determine the potential evaporation over open water is the 
Dalton approach, which is comparable to the bulk approach discussed in Chap. 
4.2.1, and cannot be assigned to the energy balance approach. Instead of the Dal-
ton number alone, simple correction functions are used which include the depend-
ency of the wind velocity,  

[ ]
,

,0
c

E

u  b + a = f(u)

   e(z) - )E(T f(u) = Q
 (5.1)

where a = 0.16; b = 0.2; c = 0.5 for lakes in Northern Germany (Richter 1977) 
(Table 5.1). 

Table 5.1. Application possibilities of the Dalton approach 

criterion evaluation 
defining quantity potential evaporation of free water bodies 

area of application according to the validity of the area specific 
constants (DVWK 1996) 

resolution of ten input parameters  10–60 min averages 
representiveness of the results  (daily-), decade and monthly averages 
error 20–40% 

Turc Approach 

Many approaches are based on radiation measurements, e.g. the evaporation calcu-
lation, where only the air temperature (t in °C) and the global radiation (in Wm–2) 
are used as input parameters (Turc 1961):  

15 + t
t 09330 209) + (Kk = Q TURK-E

.↓  
(5.2) 

The method was developed for the Mediterranean Sea and for the application in 
Germany Eq. (5.2) needs a correction factor of about k = 1.1 (DVWK 1996)  
(Table 5.2). 
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Table 5.2. Applications of the Turc approach 

criterion evaluation 
defining quantity potential evaporation of free water bodies, 

possible for well saturated meadows 
area of application Mediterranean Sea, Germany (lowlands) 

with correction factor k=1.1  
resolution of ten input parameters  10–60 min averages 
representiveness of the results  decade and monthly averages 
error 20–40% 

Priestley-Taylor Approach 

The Bowen ratio is the starting point for the derivation of several methods for the 
determination of sensible and latent heat flux. The Priestley-Taylor approach starts 
with Eq. (2.91), which can be written with the potential temperature and the dry 
adiabatic temperature gradient as:  

( )[ ]
z / q

 +zT
 = 

z / q
z /   = Bo d
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∂∂
∂∂ γθγ  (5.3) 

With the temperature dependence of water vapor pressure for saturation ac-
cording to the Clausius-Clapeyron’s equation  
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it follows that 
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For the further derivation, the second term on the right-hand-side of Eq. (5.5) 
will be ignored; however, this is valid only if the gradient in the surface layer is 
significantly greater than the dry adiabatic gradient of 0.0098 Km–1. This is not 
possible in the neutral case, but the fluxes then are generally small. After introduc-
tion of the Priestley-Taylor coefficient αPT ~ 1.25 for water saturated surfaces and 
of the energy balance equation Eq. (1.1), follows the Priestley-Taylor approach 
(Priestley and Taylor 1972):  
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Typical values of the ratios cp/λ = γ and des/dT = sc are given in Table 5.3 and can 
be calculated approximately with the following relation: (Table 5.4) 

tc es ⋅+−= 0443.0042.140.0
γ

 (5.8)

Table 5.3. Values for the temperature dependent parameters γ und sc based on the specific mois-
ture (Stull 1988) 

temperature in K γ in K–1 sc in K–1 
270 0.00040 0.00022 
280 0.00040 0.00042 
290 0.00040 0.00078 
300 0.00041 0.00132 

Table 5.4. Applications of the Priestley-Taylor approach 

criterion evaluation 
defining quantity potential evaporation of free water bodies 
area of application universally 
resolution of ten input parameters  10–60 min averages 
representiveness of the results  (daily-), decade and monthly averages 
error 10–20% 

Penman Approach 

A commonly used method for the determination of the potential evaporation is 
that proposed by Penman (1948). This method was developed for Southern Eng-
land and underestimates the evaporation for arid regions. The derivation is based 
on the Dalton approach and the Bowen ratio, whereas the equation of the 
Priestley-Taylor type is an intermediate stage (DVWK 1996). The evaporation in 
mm d–1 is  

( )
γ

γ
 + s

E + QQ s = Q
c

aGsc
E

−− *

, (5.9)

where the available energy must be used in mm d–1. The conversion factor from 
mm d–1 to Wm–2 is 0.0347. The second term in the numerator of Eq. (5.9) is called 
the ventilation term Ea (also in mm d–1) and contains the influence of turbulence 
according to the Dalton approach. It is significantly smaller than the first term and 
is often ignored in the simplified Penman approach (Arya 2001). The Priestley-
Taylor approach follows when αPT = 1.0. 
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The ventilation term is a function of the wind velocity and the saturation deficit: 

( ) ( )uffeEEa 21 +−=  (5.10)

While one can use daily averages in Eq. (5.10), the use of 10–60 min aver-
ages is considerably more meaningful; however, in this case the units must be 
converted. Typical values for both wind factors f are given in Table 5.5. These 
values are valid for water surfaces, but they can also be used for well-saturated 
grass surfaces, which to a large degree is the actual evaporation. To include the ef-
fects of larger roughness, the ventilation term according to the approach by van 
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za −= 2
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314

 (5.11)

Table 5.5. Wind factors in the ventilation term of Eq. (5.10) 

surface and reference f1 in mm d–1 hPa–1 f2 in mm d–1 hPa–1 m–1 s 
original approach for water bodies (Hillel 1980) 0.131 0.141 
small water bodies (DVWK 1996)  0.136 0.105 
water bodies (Dommermuth and Trampf 1990) 0.0 0.182 
grass surfaces (Schrödter 1985) 0.27 0.233 

Table 5.6. Applications of the Penman approach 

criterion evaluation 
defining quantity potential evaporation of free water bodies 
area of application universally 
resolution of ten input parameters  10–60 min averages 
representiveness of the results  (daily-), decade and monthly averages 
error 10–20% 

Overall Evaluation of Approaches for the Determination  
of the Potential Evaporation  

All approaches presented thus far are valid only for long averaging intervals. 
Less sophisticated approaches have only low accuracy for short averaging 
intervals (Table 5.7).  

Even when the calculation must be done with 30–60 min averages, which is 
necessary due to the non-linearity of the approaches, no statements can be made 
for these short time periods. 

Bavel (1986) can be applied in hPa m s–1 (Table 5.6): 



158      Modeling of the Energy and Matter Exchange 

Table 5.7. Methods for the determination of the potential evaporation of water bodies. The un-
derlying grey scale corresponds to the accuracies given in the last line 

minute     
hour     
day   

decade Priestley-Taylor 
 approach 

month 

 
Dalton 

approach 
Turc  

approach 

 

 
Penman 
approach 

 

 

very good good satisfactory rough 
estimate 

inadequately 

5–10% 10–20% 20–40% 40–100% > 100% 

5.1.2 Determination of the Actual Evaporation 

Empirical methods for the determination of evaporation are widely used, but are 
applicable only in the areas of their development. Therefore, the following chapter 
is written without such approaches. Thus, in Germany the commonly used meth-
ods developed by Haude (1955) and Sponagel (1980) or the modified Turc ap-
proach according Wendling et al. (1991) are described extensive in the German 
version of this book (Foken 2006b). 

Penman-Monteith Approach  

The transition from the Penman to the Penman Monteith approach (DeBruin and 
Holtslag 1982; Monteith 1965; Penman 1948) follows by consideration of non-
saturated surfaces and cooling due to evaporation, which reduce the energy of the 
sensible heat flux. Including both aspects lead to the Penman-Monteith method for 
the determination of the actual evaporation (evapotranspiration)  

( )
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−− *

, (5.12)
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with the so-called ventilation term 

( ) q RR u C = F satsGEw − , (5.14)

where RG is the relative humidity of the surface; Rs is the relative humidity close 
to the surface, and qsat is the specific humidity for saturation. Eq. (5.14) can also 
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be formulated according the resistance concept (see Chap. 5.3) without the mo-
lecular-turbulent resistance: 

ca

asat

rr
qq

+
−=wF  

(5.15)

In the simplest case, the canopy resistance, rc, will be replaced by the stomatal 
resistance rs. The stomatal resistance can be calculated from the stomatal resis-
tance of a single leaf rsi and  the leaf-area index (LAI, leaf surface of the upper side 
per area element of the underlying surface)  

aktiv

si
s LAI

r
r = , (5.16)

where LAIaktiv is the LAI of the active sunlight leafs. Generally, this is only the up-
per part of the canopy, and therefore is LAIaktiv = 0.5 LAI (Allen et al. 2004). In the 
simplest case, the turbulent resistance is given (Stull 1988) as: 

uC
r

E
a

1= . 
 

(5.17) 

Table 5.8. Typical values of the LAI (Kaimal and Finnigan 1994) and the stomata resistance 
of single leafs (Garratt 1992) 

surface height in m LAI in m2 m–2 rsi in s m–1 
seat (begun to grow) 0.05 0.5  
cereal 2 3.0 50–320 
forest 12–20 1–4 120–2700 

Table 5.9. Application of the Penman-Monteith approach 

criterion evaluation 
defining quantity actual evaporation  
area of application universally 
resolution of ten input parameters  10–60 min averages 
representiveness of the results  hourly and daily averages 
error 10–40% 

 
But usually ra is calculated from Eqs. (2.61) and (2.63): 
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In the non-neutral case, universal functions can be used in Eq. (5.18). Typical val-
ues of the parameters are given in Table 5.8.  

The Food and Agriculture Organization of the United Nations (FAO) has put 
much effort into the development of a uniform method to determine the evapora-
tion, and recommended an applicable equation with a limited input data set (Allen 
et al. 2004) 
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where rs and ra are given by Eqs. (5.16) and (5.18), respectively. The factor 
0.622/p was included contrary to the original reference, and is necessary for con-
sistency; the constants sc and γ are used in the dimension K–1 and not as in the 

To compare worldwide evaporation rates and to use input parameters, which 
are available everywhere, the FAO has formulated a (grass) reference evaporation 
(Allen et al. 2004). This is based in principle on Eq. (5.19), but includes the esti-
mated input parameters given in Table 5.10.  

The Penman-Monteith approach is widely used in diverse applications, for ex-
ample, in the atmospheric boundary conditions of many hydrological and ecologi-
cal models. With satisfactory accuracy, it allows at least during the daytime, the 
calculation of hourly data, generally the determination of daily sums of the evapo-
ration, and the sensible heat flux. 

parameter value remark 
ra d= 2/3 zB; z0 =0.123 zB; z0q = 0.1 z0 

with zB = 0.12 m and z = 2 m follows  
ra = 208 / u (2m)  

it is κ=0.41 applied  

rs LAIaktiv = 0.5 LAI; LAI = 24 zB 

with rsi = 100 s m–1 and zB = 0.12 m follows 
rs = 70 s m–1 

 

–Qs
*–QG various simplifications possible with an 

albedo of 0.23 
Allen et al. (2004) 

The available energy is the main forcing, but because the atmospheric turbu-
lence and the control by the plants influence the ventilation term, the method is in-
accurate if the turbulent conditions differ from an average stage. Therefore, this 
approach is often not used in meteorological models that have several layers in the 
surface layer (see Chap. 5.3).  

original reference, i.e. hPa K–1 (Table 5.9). 

Table 5.10. Fixing of the input parameters for the FAO-(grass)-reference evaporation (Allen  
et al. 2004)  
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Other approaches not discussed here require long averaging intervals and thus have 
low accuracy for short averaging periods. Water balance methods use the water bal-
ance equation Eq. (1.23) while runoff and precipitation are measuring parameters.  

5.1.3 Determination from Routine Weather Observations 

The equations previously presented are generally unsuitable to determine the en-
ergy exchange with routine available data. Holtslag and van Ulden (1983) devel-
oped a method to determine the sensible heat flux under application of the 

cording to DeBruin and Holtslag (1982), and varied αPT with the soil moisture 
between 0.95 and 0.65; however, for summer conditions with good water supply 
αPT = 1 can be assumed. Eq. (5.6) then has the following form with temperature-
dependent constants according to Table 5.3: 

( )[ ] ( ) β
γ

γα +−−+−
 + s

 QQs= Q
c

GscPT
H

*1
 (5.20)

To estimate the available energy an empirical equations is used  

−Qs
* − QG( )= 0.9

1−α( )K ↓+c1T
6 −σT 4 + c2N

1+ c3

, (5.21)

where T is the air temperature; N is the cloud cover; K↓ is the downward radiation; 
α is the surface albedo, and the constants c1 = 5.3·10–13 Wm–2K–6, c2 = 60 Wm–2 
and c3 = 0.12. The disadvantage of this method is that the cloud cover from rou-
tine weather observations is often not available. The application is limited to day-
light hours with either neutral or unstable stratification and neither rain nor fog.  

Göckede and Foken (2001) have tried to use, instead of the cloud cover, the of-
ten-measured global radiation as input parameter. They applied the possibility to 
parameterize the radiation fluxes from cloud observation according to Burridge 
and Gadd (1974), see Stull (1988), to determine a general formulation for the 
transmission in the atmosphere, see Eqs. (1.5) and (1.7). After that follows for the 
available energy  

( ) ,08.019,0
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G
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where K↓ is the measured global radiation, and K↓G is the global radiation near the 
surface which can be calculated from the extraterrestrial radiation and the angle of 
incidence:  

( )Ψ+↓=↓ sin2.06.0extrG KK  (5.23)

Priestley-Taylor approach. They included an advection factor β = 20 W m–2 ac-
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With Eq. (5.25) it is necessary only to calculate the angle of incidence for 
hourly data with astronomical relations (Appendix A4). The method can be ap-
plied as well on Eq. (5.20) and on the Penman-Monteith approach in Eq. (5.12). 
Possibilities for application are similar to those by the method of Holtslag and van 
Ulden (1983) as shown in Table 5.11. 

Table 5.11. Application of the Holtslag-van-Ulden approach 

criterion Evaluation 
defining quantity sensible heat flux and actual evaporation  
important input parameters cloud cover (original method) 

area of application universally 
resolution of ten input parameters  10–60 min averages 
representiveness of the results  hourly and daily averages 
error 10–30% 

5.2 Hydrodynamical Multilayer Models 

The development of multilayer models began soon after the start of hydrodynamic 
investigations (see Chap. 1.3). In these models, the energy exchange in the mo-
lecular boundary layer, the viscous buffer layer, and the turbulent layer of the sur-
face layer (Fig. 1.4) was separately parameterized according to the special ex-
change conditions. The exchange of sensible heat can be shown to be dependent 
on the temperature profile in dimensionless coordinates (Fig. 5.1) with the dimen-
sionless height z+ = z u*/ν and the dimensionless temperature T+ = T/T* (T*: dy-
namical temperature) analogous to the wind profile with dimensionless velocity  
u+ = u/u* (Csanady 2001; Landau and Lifschitz 1987; Schlichting and Gersten 
2003). For the molecular boundary layer, T+ ~ z+, and for the laminar boundary 
layer  u+ ~ z+. Above the viscous buffer layer, the flow is turbulent. Therefore, the 
typical logarithmic profile equations T+ ~ ln z+ and u+ ~ ln z+ are valid. The great-
est problem for the parameterization is the formulation for the buffer layer, where 
empirical approaches must be applied. According to Fig. 5.1, the similarity of the 
profiles in the nature can be applied in hydrodynamic investigations (Foken 2002).  

The hydrodynamic multilayer models based on bulk approaches, where instead 
of the bulk coefficients the so-called profile coefficient Γ is included, can be de-
termined by integration over all layers 

( )[ ]0TzTQH −Γ−= , (5.24)
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global radiation (modified method), 
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where KT is the turbulent diffusion coefficient for heat, νTt is the molecular-
turbulent diffusion coefficient in the buffer layer, and νT is the molecular diffusion 
coefficient. The first integrations were done by Sverdrup (1937/38) and Mont-
gomery (1940) using a single viscous sublayer consisting of the buffer layer and 
the molecular boundary layer. For this combined layer, a dimensionless height 
δvT

+ ≈ 27.5 assumed, and for the turbulent layer a logarithmic wind profile with 
roughness length z0 was applied. For smooth surfaces an integration constant in-
stead of the roughness length was used (von Kármán 1934). 

An integral approach for all layers including the turbulent layer was presented 
by Reichard (1951), who parameterized the ratio of the diffusion coefficient and 
the kinematic viscosity  
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z
zzzK tanhκ

ν
. (5.26)

This approach is in good agreement with experimental data as shown in Fig. 
5.1, and can be used for the parameterization of exchange processes between the 
atmosphere and the surface (Kramm et al. 1996b) .  

In the 1960s and 1970s, several papers were published with an integration of 
the profile coefficient over all three layers (Bjutner 1974; Kitajgorodskij and 
Volkov 1965; Mangarella et al. 1972; 1973). These models were based on new 
hydrodynamic data sets and took into account the wavy structure of the water sur-
face (Foken et al. 1978) 

( )[ ]2
* sin25.7 πζ

ν
δ −+=+ u

T , (5.27)

where ς=0 is for the windward and ς=π for the lee site valid. 
From measurements of the dimensionless temperature profile near the sea sur-

face, it was possible to determine the dimensionless temperature difference in the 
buffer layer as ΔT+ ≈ 4 (Foken et al. 1978; Foken 1984); also compare with Fig. 
5.1. Based on this, the profile coefficient by application of Eq. (5.27) with ς=0 
(also valid for low friction velocities u* < 0.23 m s–1) is: 
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Fig. 5.1. Dimensionless temperature profile (T+: dimensionless temperature, z+: dimensionless 
height) according to laboratory measurements (Shukauskas and Schlantschiauskas 1973), and 
outdoor measurements (Foken 1978) and balanced profiles for the molecular layer (dotted line) 
and the turbulent layer (broken line) as well as profiles according to Reichardt (1951), from 
Foken (2002)  

This model shows good results in comparison with experimental data (Foken 
1984; 1986), and can be used for the calculation of the surface temperature for 
known sensible heat flux. However, such approaches found no practical applica-
tion, and studies of the last 20 years are not available. The reason is not based in 
the approach but in the absolute different approaches for the energy exchanges in 
the surface layer in presently used models (Geernaert 1999), as it is shown in 
Chap. 5.5.  

5.3 Resistance Approach 

Recent models for the determination of the turbulent exchange are layer models. 
These models generally use the resistance approach for the energy and matter ex-
change between the atmosphere and the ground surface. They can be classified in 
three types:  

One-layer-models consider only soil, plants and atmosphere at a close range. The 
plants are not separated into different layers. Instead, it is assumed that a big leaf 
covers the soil (big leaf model). Many of the so-called Soil-Vegetation-Atmosphere-
Transfer (SVAT) models can be called big-leaf models, but sometimes they are also 
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called multilayer models. These models consist manly of surface layer physics 
(partly several layers) and are schematically illustrated in Fig. 5.2 (Braden 1995; 
Hicks et al. 1987; Kramm et al. 1996a; Schädler et al. 1990; Sellers and Dorman 
1987). A special case is the hybrid model according to Baldocchi et al. (1987). 

Multilayer models simulate the atmosphere in several layers. The simplest 
models have no coupling with the atmospheric boundary layer, and only the sur-
face layer is solved in detail. These models are available with simple closure (1st 
and 1.5th order), and higher order closure (Baldocchi 1988; Meyers and Paw U 
1986; 1987).  

Multilayer models with boundary layer coupling best represent the current state 
of model development. In these models, the lower layers deal with balance equa-
tions, and the upper layers use assumptions based on mixing length approaches 
(Fig. 5.3, see Chap. 2.1.3). These models are also available with simple closure 
(1st and 1.5th order) and higher order closure. The most widely used models are of 
1st order closure, which use a local mixing length approach (Mix et al. 1994) or a 
non-local transilient approach (Inclan et al. 1996). 

The resistance concept is based on the assumption that in the turbulent layer the 
turbulence resistance counteracts the turbulent flux, and in the viscous and mo-
lecular layer a molecular-turbulence resistance counteracts the flux, and in the 
plant and soil all resistances can be combined into a total resistance (canopy resis-
tance). The canopy resistance can be divided into different transfer pathways, 
where the main transport paths are stomata–mesophyll, cuticula, or direct transfer 
to the soil, which are schematically illustrated in Fig. 5.4. The simplest picture is 
the comparison with Ohm’s law:  

R
UI =  (5.29)

Here, the flux is analogous with the current, I, and the gradient with the volt-
age, U. The resistance, R, can be described as a network of individual resistances 
(Fig. 5.4) in the following simple form:  

cmtag rrrr ++=  (5.30)

The consideration of the resistance concept in the profile equations  (Eqs. 2.46 
to 2.48) is illustrated in the example of the sensible heat flux: 
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Fig. 5.2. Schematic representation of the modeling of the atmospheric surface layer including 
plants and soil (Blackadar 1997) 

 
Fig. 5.3. Schematic representation of a boundary layer model (Blackadar 1997)  

For the bulk approaches (Eqs. 4.30 to 4.32) follows 

( ) ( ) ( )[ ] ( ) ( )[ ]00 TzTTzTzuC = Q HHH −Γ−=−− , (5.32)

where the total resistance is: 
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Fig. 5.4. Schematic representation of the resistance concept  

The individual parts of the total resistance must be parameterized. For the tur-
bulent resistance Eq. (2.83) under consideration of Eq. (3.7) is applied (Foken et 
al. 1995) 
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where zR is the reference level of the model, i.e. the upper layer of the model in the 
surface layer. The lower boundary, δ, is identical with the upper level of the mo-
lecular-turbulent layer. The resistance in the molecular-turbulent range is 
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with the so-called sublayer-Stanton number B (Kramm et al. 1996b; Kramm et al. 
2002) 

B−1 = Sc dη
1+ ScKm ν0

η

∫ , (5.37)

( ) νη 0* zzu −= , (5.38)
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and the Schmidt number in the case of the exchange of gases including water 
vapor  

DSc ν= . (5.39)

For the exchange of sensible heat, the Schmidt number in Eq. (5.37) is replaced by 
the Prandtl number. 

Instead to a reasonable parameterization with multilayer models (see Chap. 5.2) 
presently the usual parameterization is done with the roughness length (Jacobson 
2005) 
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with Pr = 0.71 and Sc = 0.60 valid in the temperature range of 0–40 °C. For the 
sensible heat flux follows for the sublayer -Stanton number according to Eqs. 
(5.36) and (5.40), (Owen and Thomson 1963): 

Tz
zB
0

01 ln=−κ  (5.41)

This equation is defined only for z0 > z0T, otherwise negative molecular-
turbulent resistances would be calculated which are non-physical (Kramm et al. 
1996b; Kramm et al. 2002). Nevertheless, in the literature negative values can be 
found (Brutsaert 1982; Garratt 1992), which can compensate for too large resis-
tances in the turbulent layer and in the canopy, but in reality these negative values 
are due to inaccurate concepts of roughness lengths for scalars. For κ B–1 values of 
2–4 are typical. The application of the Reichardt (1951) approach would lead to a 
value of 4 (Kramm and Foken 1998). 

The canopy resistance is often approximated as a stomatal resistance:  

( ) ( ) ( ) ( ) DCOCfTe

st
st

stc gcgTggg
PAR
b

r
rr

2

1min,

Ψ

⎟
⎠
⎞

⎜
⎝
⎛ +

=≈
Ψδδ

 

(5.42)

With this the parameterization, the minimal stomatal resistance (Table 5.8) and 
the photosynthetically active radiation (PAR) with empirical constant bst are used. 
The correction functions in the denominator of Eq. (5.44) have values from 0 to 1, 
and include the saturation deficit between the atmosphere and leafs (δe), the water 
stress (Ψ), the leaf temperature (Tf), and the local carbon dioxide concentration 
(cCO2). Furthermore, gD is a correction factor for the molecular diffusivity of dif-
ferent gases. The parameterizations are very complicated, and require separate 
models (Blümel 1998; Falge et al. 1997; Jacobson 2005; Müller 1999). Therefore 
further literature should be consulted.  
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5.4 Modeling of Water Surfaces 

The modeling of energy and matter exchange over water surfaces is generally 
simpler than over land surfaces (Csanady 2001; Geernaert 1999; Smith et al. 
1996). However, methods for high wind velocities (> 20 m s–1) are very inaccu-
rate. The usual approaches are comparable with bulk approaches (see Chap. 4.2.1). 
Thus, Eqs. (4.30)–(4.32) can be directly used for the open ocean where water and 
air temperatures became more similar, and a nearly-neutral stratification occurs. 
Otherwise it is recommended to use the profile equations with universal functions. 
Furthermore, the influence of surface waves should be included with the rough-
ness-Reynolds number (Rutgersson and Sullivan 2005), see Eq. 3.4. A well-
verified approach was given by Panin (1985), and accordingly Eqs. (4.31) and 
(4.32) are multiplied by the following factors respectively: 
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The Stanton and Dalton numbers are those for neutral stratification. 
The approaches used in hydrodynamics can be applied in an analogues way 

over water bodies. For example Eq. (5.28) can be inserted in Eqs. (4.31) instead of 
the product u CH and in Eq.(4.32) instead of the product u CE.  

 These approaches fail for shallow water bodies. For shallow lakes the fluxes 
can be calculated from the temperature regime (Jacobs et al. 1998). The above 
given approaches are usable under the assumption that over flat water the ex-
change is increased by steep waves and better mixing of the water body. Accord-
ing to Panin et al. (1996a) a correction function dependent on the water depth and 
the wave height should be included to determine fluxes in shallow water areas 
(depth lower than 20 m)  
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where H is the water depth and h the wave height, which can be calculated using 
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where u10 is the wind velocity measured in 10 m (Davidan et al. 1985). This ap-
proach is also well verified for German lakes (Panin et al. 2006). 
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5.5 Modeling in Large-Scale Models 

The modeling of the momentum, energy, and matter exchange in global circula-
tion models is very simple in comparison to resistance models (Beljaars and 
Viterbo 1998; Brutsaert 1982; Jacobson 2005; Zilitinkevich et al. 2002). The lim-
ited computer time does not allow the application of complicated and iterative 
methods. The determinations of the momentum and energy exchange use bulk ap-
proaches (see Chap. 4.2.1), which are calculated for the layer between the surface 
(index s) and the first model layer (index 1). The surface fluxes are then given by: 

2

1
2

* uCu m=  
(5.46)

( ) ( )110'' θθθ −= sh uCw  
(5.47)

( ) ( )110'' qquCqw sq −=  
(5.48)

This assumes constant fluxes between the surface and the first model level (i.e. 
30 m). In the case of stable stratification, this assumption is questionable. The 
transfer coefficients Cm,h,q can be calculated according to an approach by Louis 
(1979) or in a modified form by Louis et al. (1982) from the coefficient for neutral 
stratification Cmn,hn,qn and a correction factors that are functions of the stratification 
and the roughness of the underlying surface:  

( )01, zzRiFCC Bmmnm =  (5.49)
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( )qBqqnq zzzzRiFCC 0101 ,,=  (5.51)

In the neutral case, the transfer coefficients are dependent only on the rough-
ness length: 
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Chn and Cqn will be determined according to Eq. (4.31) with z0T and Eq. (4.32) with 
z0q.

 

 
The bulk-Richardson number, RiB is: 
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The original approaches for the correction functions based on a limited number 
of experimental data (Louis 1979; Louis et al. 1982) are  
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where the adaptation parameters b = 5 and d = 5. Although these methods have 
been questioned (Beljaars and Holtslag 1991), they remain in use. Some correc-
tions regarding the stability functions (Högström 1988) are sometimes used. But 
the potential of modern micrometeorology is to a large extend not exhausted. An 
important criticism on the use of the Louis-(1979)-scheme is the application of 
roughness lengths for scalars. There physical sense is controversial, and they are 
nearly identical with the aerodynamic roughness length. Above the ocean, the 
roughness is determined according to either the Charnock equation or better yet to 
a combination approach (see Chap. 3.1.1 and Table 3.3). The roughness lengths 
for scalars are parameterized according to the Roll (1948) approach for smooth 
surfaces (Beljaars 1995):

 
 

*
0

*
0 62.0,40.0

u
z

u
z qT

νν ==  (5.56)

For a better consideration of convective cases (Beljaars 1995) the wind vector 
can be enhanced by a gustiness component 
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with β = 1. The Deardorff velocity scale w* (Eq. 2.42) can be simplified with the 
use of a mixed layer height of zi = 1 km. This approach is in good agreement with 
experimental data, and is a good representation of the moisture exchange.  

The parameterization of the stable stratification is especially difficult, because 
these cannot be assumed to hold for the first model layer and the universal func-
tions are dependent on external parameters (Handorf et al. 1999; Zilitinkevich and 
Mironov 1996). In the simplest case, modified correction functions Eqs. (5.54) 
and (5.55) can be assumed (Louis et al. 1982)  
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with b = 5 and d = 5.  
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A parameterization applying external parameters was presented by Zilitinke-
vich and Calanca (2000)  
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where Fi is the inverse Froude-number and Fi0 the inverse external Froude-
number 

u
zNFi =0  (5.62)

where N is the Brunt-Väisälä frequency (Eq. 3.36), Cu = αu κ/CuN, and Cθ = αθ α0 
κ/CθN. The first experimental assessments of the coefficients are given in Table 
5.12. 

Table 5.12. Constants of the parameterization according to Zilitinkevich and Calanca (2000) in 
Eqs. (5.60) and (5.61) 

experiment CuN CθN 

Zilitinkevich and Calanca 
(2000) 

Greenland experiment (Ohmura et al. 
1992) 

0.2…0.5  

Zilitinkevich et al. (2002) Greenland experiment (Ohmura et al. 
1992) 

0.3 0.3 

Zilitinkevich et al. (2002) Cabauw tower, The Netherlands 0.04…0.9  
Sodemann and Foken 
(2004) 

FINTUREX, Antarctica (Foken 1996), 
Golden days 

0.51±0.03 0.040± 
 0.001 

Sodemann and Foken 
(2004) 

FINTUREX, Antarctica (Foken 1996) 2.26±0.08 0.022± 
 0.002 

5.6 Large-Eddy Simulation 

Thus far the model approaches have been based mainly on mean relations and av-
eraged input parameters. They do not allow a spectral-dependent view, where the 
effects of single eddies can be shown. The reasons for this are the significant diffi-
culties in spectral modeling and the large-scale differences in atmospheric bound-
ary layers. The spatial scale extends from the mixed layer height of about 103 m 
down to the Kolmogorov micro scale 

author
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the energy conserving scale l ~ zi and the relevant characteristic velocity: 

l
u3

=ε  
(5.64)

from kilometers to millimeters. Thus, a numerical solution of the Navier-Stokes 
equation would need 1018 grid points. Because the large eddies, which are easily 
resolvable in a numerical model, are responsible for the transports of momentum, 
heat and moisture, it is necessary to estimate the effects of the small dissipative 
eddies which are not easily resolvable. The simulation technique for large eddies 
(Large-Eddy-Simulation: LES) consist in the modeling of the important contribu-
tions of the turbulent flow and to parameterize integral effects of small eddies 
(Moeng 1998). For technical applications with low Reynolds-numbers, almost all 
eddy sizes can be include. This method is called Direct Numerical Simulation 
(DNS). 

The basic equations for LES are the Navier-Stokes equations, where single 
terms must be transferred into volume averages
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where G is a filter function which filters out small eddies and regards only large 
eddies. The total contribution of the small eddies is taken into account in an addi-
tional term of the volume averaged Navier-Stokes equations and parameterized 
with a special model. The widely used approach is the parameterization according 
to Smagorinsky-Lilly (Lilly 1967; Smagorinsky 1963), where the diffusion coeffi-
cient is described in terms of the wind and temperature gradients. For small eddies 
in the inertial subrange, the –5/3 law is assumed so that the relevant constants can 
be determined (Moeng and Wyngaard 1989). If small-scale phenomena have an 
important influence, the application of LES modeling requires a lot of care, for 
example, near the surface or when including chemical reactions.  

The LES modeling is currently only a research instrument, which is able to in-
vestigate simple situations with high resolution in space and time, but at the cost 
of large computation times. It has made remarkable contributions to the under-
standing of the atmospheric boundary layer. Beginning with the first simulations 
by (Deardorff 1972), LES has been mainly applied to the convective case 
(Schmidt and Schumann 1989; Schumann 1989). In most cases, the ground sur-
face is assumed homogeneous or only simply structured. Recently, the stably 
stratified boundary layer has become a topic of investigations. Currently, LES is a 
rapidly developing research field with many publications (Garratt 1992; Kantha 
and Clayson 2000; Moeng 1998; Moeng et al. 2004; Raasch and Schröter 2001, 
and others).  

of about 10–3 m. The energy dissipation, ε, is identified with the energy input from 

For the convective boundary layer, the energy dissipation is approximately 
10–3 m2s–3. The turbulent eddies in the atmospheric boundary layer cover a range 
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5.7 Area Averaging  

All methods to determine the turbulent momentum and energy fluxes are related to 
that surface above which the fluxes are measured. But in most cases, the problem 
is to determine for example the evapotranspiration within a catchment, or over a 
large agricultural area or even over entire landscapes. Area-averaged fluxes are 
necessary in numerical weather and climate forecast models as input or validation 
parameters. It is impossible to calculate them by a simple averaging of the input 
parameters because complicated non-linear relations could cause large errors. 
Nevertheless this method has recently been used for weather and climate models, 
which use simple parameterizations of the interaction of the atmosphere with the 
surface. An overview of different methods of area averaging is given in Table 
5.13. In this table, the statistical dynamical approaches are not listed, and thus 
only rough approximations of the land use types are given. 

Using the resistance concept in the form of Eq. (5.30), the total resistance of the 
area is a parallel connection of the total resistances of areas with different land 
use:  

Table 5.13. Methods of area averaging 

averaging method procedure example/reference 
parameter aggregation averaging for example of the 

roughness length  ∑=
N

i
iN zz 0

1
0  

 averaging of effective para-
meters 

i.e. Troen and Peterson 
(1989), see Chap. 3.1.1 

flux aggregation averaging for example of the 
roughness length with Fourier 
analysis 

Hasager and Jensen (1999), 
Hasager et al. (2003) 

 mixing method for resistances  Mölders et al. (1996) 
 flux determination for domi-

nant areas 
 

 mosaic approach  Avissar and Pielke (1989), 
Mölders et al. (1996) 

 - tile approach  
 - subgrid approach   

 

...1111

321

+++=
gggg rrrr

 (5.66)

Applying the method of parameter aggregation, it follows from Eq. (5.66) for 
an averaging of individual resistances as in Eq. (5.30): 
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 (5.67)

It is immediately clear that Eq. (5.67) is physical incorrect. Nevertheless this 
version is extremely practicable because, for example, the mean resistance of the 
turbulent layer can be determined by averaging the roughness lengths of individ-
ual areas as is done in most of weather prediction and climate models. However, 
one must be aware that because of non-linear relation remarkable misinterpreta-
tions of the turbulent fluxes can occur (Stull and Santoso 2000). 

In contrast, for the flux aggregation of each single area, the total resistance 
must be calculated, which means different boundary conditions for the different 
areas:  

∑ ++
=

i cmtag iii
rrrr

11
 (5.68)

The more simple methods of flux averaging differ in the ways Eq. (5.68) is 
used for the individual areas.  

5.7.1 Simple Area Averaging Methods  

A very simple but still-used method is the calculation of fluxes for dominant areas. 
For each grid element of a numerical model, the dominate land use must be de-
termined over which the fluxes are calculated. It is assumed that over all grid ele-
ments the different land uses are statistically balanced. Therefore, each grid ele-
ment has only one land use type. The averaging within a grid element is a quasi 
parameter-averaging process because the individual estimations of the parameters 
of the grid elements are widely intuitive and therefore parameter averaged. 

The blending-height concept (see Chap. 3.2.4) can also be used for area averag-
ing. It is assumed that at a certain height above the ground (for example 50 m) the 
fluxes above the heterogeneities of the surface do not differ and can be presented 
as an averaged flux. The fluxes for this height can be parameterized using effec-
tive parameters. A typical case is the application of effective roughness length, 
where the friction velocities are averaged instead of the roughness lengths (Blyth 
1995; Hasager and Jensen 1999; Hasager et al. 2003; Mahrt 1996; Schmid and 
Bünzli 1995a; 1995b; Taylor 1987). From Eq. (2.61), it follows that by averaging 
the friction velocities of the individual areas an effective roughness length is given 
by:

 
 

*

0*
0

ln
u

zuz eff =  (5.69)
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A more empirical averaging of roughness lengths as presented by Petersen and 
Troen (1990) for the European Wind Atlas (Table 3.2) can be classified as an 
early stage of the above given method. A good effective averaging is of increasing 
importance for many practical reasons, for example micrometeorological proc-
esses in the urban boundary layer (Grimmond et al. 1998). 

The procedure of roughness averaging with effective roughness length is 
widely applied for the mixing method. Here only those resistances will be aver-
aged which are obviously different for the different individual areas. Generally, 
the turbulent and the molecular-turbulent resistances are assumed, and only the 
canopy resistance is averaged according to the land use (Fig. 5.5). This method 
uses the fact that in most cases meteorological information is not available for dif-
ferent land uses within a grid element. However, for the determination of the tur-
bulent and molecular-turbulent resistances a parameter averaging is used because 
these are often not parameterized for a specific underlying surface.  

 
 

 
 

Fig. 5.5. Schematic representation of the mixing method (UBA 1996) 

5.7.2 Complex Area-Averaging Methods 

The mosaic approach belongs to the complex methods (Avissar and Pielke 1989; 
Mölders et al. 1996). This description is currently often used as a generic term for 

tributions of similar land use types are combined and the parameterization of all 
resistances and the fluxes for each type will be separately calculated. The mean 
flux is the weighted average according to the contribution of the single land uses 

different applications. In the simplest case (tile-approach), for each grid cell con-
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(Fig. 5.6). This method is widely used for high-resolution models in space (100 m 
grid size), but it does not allow horizontal fluxes (advection) between the areas.  

This disadvantage is overcome with the subgrid method (Fig. 5.7), where for 
each land use a small multi-layer model is used, which takes advection into ac-
count. For a certain height according to the blending-height concept, an average of 
the fluxes for a grid element is assumed. Such models correspond well with the 
reality, but they require very large computer capacity. Therefore, the subgrid 
method has been applied only for single process studies.  

Model calculations with subgrid models and experiments (Klaassen et al. 2002; 
Panin et al. 1996b) show that fluxes above one surface are not independent of the 

 

 
Fig. 5.6. Schematic representation of the mosaic approach (Mölders et al. 1996). The initial dis-
tribution of the surface structures will be combined according their contributions for further cal-
culations 

 
Fig. 5.7. Schematic representation of the subgrid method (Mölders et al. 1996). The surface 
structure will be used further on for selected model calculations 

neighborhood surfaces. Accordingly, these model studies for highly heterogeneous 
surfaces show an increase of the flux for the total area (Friedrich et al. 2000). 
According to numerical studies by von Schmid and Bünzli (1995b) this in-
crease of the fluxes occurs on the lee side of boundaries between the single surfaces  
(Fig. 5.8). 
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 Fig. 5.8. Ratio of the friction velocities (∆τ=τr/τs) above both surfaces for the flow over the 

roughness change. Immediately after the roughness change an increase of the friction velocity is 
observed. (Schmid and Bünzli 1995b) 

5.7.3 Model Coupling 

Averaging concepts are often used in the coupling of models. For model coupling, 
different approaches have been tested and are promising (Mölders 2001). The 
simplest versions are the direct data transfer and the one-way coupling, where the 
plant, soil, or hydrological model (SVAT and others) get their forcing from a me-
teorological model. In a two-way coupling, the SVAT model for example, gives 
its calculated fluxes back to the meteorological model. If sufficient computer time 
is available, then complete couplings are possible.  

Instead of a coupling with effective parameters, a coupling with fluxes is pre-
ferred (Best et al. 2004), because effective parameters cannot adequately describe 
the high non-linearity of the fluxes. Instead of a coupling with area-averaged 
fluxes (Herzog et al. 2002), modules between the models should be included 
(Mölders 2001), which allow suitable coupling of the heterogeneous surface in 
different models, e.g. an averaging according to the mosaic or subgrid approach 
(Albertson and Parlange 1999; Mölders et al. 1996).  

For model coupling, an unsolved problem is the usage sufficient grid structures. 
Meteorological models are based on rectangular grids, while land use models are 
based on polygons. A promising development is the use of adaptive grids 
(Behrens et al. 2005) that fit themselves to the respective surface conditions of 
each model, and have a high resolution in regions where the modeling is very 
critical or where the largest heterogeneities occur. 

 



6 Measuring Technique 

Because meteorological measurements are made mainly in the near surface layer 
they are located in the micrometeorological scale. The lack of literature in mete-
orological measuring technique is obvious, and after the classic by Kleinschmidt 
(1935) no further basic textbooks have been published; however, some overview 
textbooks are available (Brock and Richardson 2001; DeFelice 1998). For this 
reason, a special chapter is dedicated to micrometeorological measurements. 
Unlike other books with extensive descriptions of the measuring devices, only 
general principles of the micrometeorological measuring technique are described. 
Of special importance are techniques for the optimal adaptation of the sensors to 
the surrounding environment – the turbulent atmosphere. A special focus is taken 
on the quality assurance of measuring data. 

6.1 Data Collection 

Digital data collection systems have recently replaced analogue systems. Due to 
their inertia, analogue systems often required only simple filter functions; how-
ever, for digital recording systems these functions are not simple. This is a topic 
for the users but not the producers, who developed their loggers mostly for univer-
sal applications. For the development of micrometeorological measuring systems, 
the following basic considerations must be made. 

6.1.1 Principles of Digital Data Collection 

Modern data collection systems use data loggers that collect quasi-parallel signals 
and create a serial digital signal for transmission to a computer or a storage unit. 
Thus, each signal is sampled regularly in time, which is the sampling frequency. 
This sampling frequency must be adapted very precisely to the frequency of the 
measuring signal. For sensors with a high time resolution (e.g. sonic anemome-
ters), the measuring sensor itself is no longer a low pass filter (LP). An additional 
low-pass filtering (see Chap. 6.1.1) must be provided so that at the input of the 
logger no frequencies occur that are greater than half of the sampling frequency. 
Often, the low pass filtering is done with the software of the sensor. Thus, the 
signal of the sensor is sampled with a frequency, which is much greater than nec-
essary. The signal is then averaged over several samplings (over sampling). This 
low pass filtering has the benefit that often-present noise of 60 (50) Hz from the 
power supply has no influence on the input signal of the logger.  

With a multiplexer (MUX), the measuring signals of the single sensors are 
sampled one after the other. Then, the sampling process starts again from the 
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beginning. For turbulence measurements, covariances are often calculated be-
tween different logger channels, and the logger must be programmed in such a 
way that signals for covariance calculations are sampled at neighboring channels. 
It is often recommended that unused logger channels be grounded to prevent noise 
impulses from influencing the system. The logger submits the measuring signals 
one after the other over a sample and hold circuit (SH) to an analogue-to-digital 
converter (A/D), whose configuration influences the accuracy of the system. 
While often in the past only 11 or 12 bits were resolved, recent converters have 
mostly 16 bit resolution of the signal. For the configuration of the logging system, 
attention must be paid so that there is enough time available for converting the 
signals, which must be tuned with the sampling frequency. The high sampling 
frequencies required for turbulence measurements are close to the limits of the 
loggers. A basic circuit of a data sampling system is shown in Fig. 6.1.  

 

 
Fig. 6.1. Basic circuit of a data sampling system with 1 to n signals, low passes (LP), mul-
tiplexer (MUX), sample and hold circuit (SH), analogue-digital converter (A/D), all inte-
grated in a modern logger and a data collection computer (PC) or storage medium 

Supplement 6.1 Specification of amplification and damping in decibel 
 

The amplification or damping of a measuring system is given by a logarithmic propor-
tion (Bentley 2005): 

1

2lg20
X
X

X dB =  
 

(6.1) 

This ratio is applied for amplifiers with the output voltage X2 and the input voltage X1 
respectively for the damping of filters. The measuring unit is the logarithmic proportion 
expressed in decibel (dB). For power (e.g. product of voltage and current) one uses: 

1

2lg10
P
P

PdB =  
 

(6.2) 

This measure is also used to express the noise level. If the signal differs from the noise 
level by factor 106, then the distance to the noise level is 60 dB. 
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The analogue-to-digital converter is responsible for the discretization of the 
signal amplitude. The specification must be dependent on the noise level, S, be-
tween the signal level and the mean noise level, where the logarithmic measure 
SdB = 10 lg S is used. According to  

nSdB 02.676.1 +=  (6.3) 

the resolution of the A/D converter bit, n, the minimal distance to the noise level 
in decibel (dB, see Supplement 6.1) can be determined, or the separation from the 
noise level (Profos and Pfeifer 1993). 

6.1.  Signal Sampling 2

Micrometeorological data must be partly sampled with a high time resolution, e.g. 
for eddy covariance measurements, the sampling frequency is about 20 Hz. Even 
for standard meteorological data the sampling rate is 1 Hz. The sampling rate 
determines the discretization in time. Accordingly, the measuring signal must be 
on the A/D converter a long enough time so that the signal level can be adjusted 
and digitalized. The time difference between two samples depends on the convert-
ing time and the number of measuring channels. The sampling of a periodic func-
tion g(t) must be done in such a way that the measuring data can be reconstructed 
for the given sampling time Δt. The necessary number of samples is given by the 
sampling theorem (Lexikon 1998):  

According to the sampling theorem a function g(t) with sampling values 
g(xi) in a time period Δt can be exactly reconstructed, if their Fourier spec-
tra S(k) for k > π/Δt disappears. The sampling period Δt must be chosen so 
that Δt < 1/(2 fg) where fg is the highest resolvable frequency.  

This means that periodic oscillations must be sampled more than two times per 
period or the sampling frequency must be double of the measuring frequency 
(Bentley 2005). The frequency 

fN = 1
2Δt

> fg  
(6.4) 

is called Nyquist frequency. Therefore, the highest appearing frequency, fg, must 
be limited by low pass filtering, and is equal to the frequency where a damping of 
3 dB occurs. If higher frequencies nevertheless occur, e.g. by noise of the power 
frequency, the so-called aliasing effect will appear (Bentley 2005): 
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The aliasing effect is a false reconstruction of a continuous function g(t) 
made from discreetly-sampled values g(xi) with a time resolution of Δt, re-
sulting in higher frequencies appearing as lower ones.  

In Fig. 6.2, it is shown that for accurate sampling the function (f1) can be cor-
rectly reconstructed while functions with higher frequencies (f2) cannot be recon-
structed. In spectra of signals with aliasing the energy of lower frequencies in-
creases (< fg). The increase is equal to the energy of the not-included frequencies 
above fg. Therefore, no energy lose happens, but the frequencies are not correctly 
reconstructed. For frequencies that are not related to the measuring process (elec-
trical power frequency), false measurements occur. If the power frequency cannot 
filtered, then the sampling frequency should be chosen in such a way that the 
power frequencies compensate each other, e.g. for 60 Hz power frequency a sam-
pling frequency of 30 Hz and for 50 Hz one of 25 Hz (Kaimal and Finnigan 1994). 

Meteorological measuring systems are already low pass filters (see Chap. 
4.1.2). Due to the finite extension of the sensors, the only turbulence elements that 
can be measured are larger than or equal to the measuring path d. Furthermore, 
due to the turbulence spectrum the filter frequency depends on the wind velocity 
and the measuring height. As a simple approximation for the upper frequency 
limit with 10% damping and a height of 5–10 m, one can use according to Mitsuta 
(1966): 

d
uf g =%10  

 
(6.5) 

Another simple approximation with the wind velocity and the measuring height 
(Kaimal and Finnigan 1994) is: 

fg > 8 u
z

 
 

(6.6) 

The length of a measuring series depends on the lowest frequency of the turbu-
lence spectrum to be constructed. Attention must be paid so that for an acceptable 
accuracy of the standard deviations and covariances a minimum of samples is 
necessary. According to Haugen (1978), this is at least 1000, and is illustrated for 
different quantities in Fig. 6.3. In the case of statistical independence, the error is 
approximately N–1/2 (N: umber of samples). Because the independence of time 
series is generally uncertain a higher error must be assumed (Bartels 1935; 
Taubenheim 1969). 

For spectral analysis, the length of the necessary time series is determined by 
the accuracy of the low frequency part of the spectrum. Assuming an error of 
10%, the length, T, must be chosen so that either it is the 10 times the longest 
period to reconstruct or the lower frequency limit given by fgl = 10/T (Taubenheim 
1969). This measuring length is generally significantly longer than those for the 
error calculation for standard deviations and covariances.  
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Fig. 6.2. Sampling of periodic signals: f1 is correctly represented in contrast to f2 

 
 

error in the standard deviation of the vertical wind component as functions of the number of 
samples according to graph from von Haugen (1978) 

6.1.3 Transfer Function 

Not only can an inadequate sampling of the measuring signal be a reason for er-
rors but also an inadequate resolution in time and space of the sensor. A transfer 
function of a measuring system describes the time delay between the output signal 
and the input signal (phase shift) and the damping of the amplitude. A transfer 
function can be defined in the space of the complex Laplace operator s = δ + iω, 
with δ as a damping parameter (see Supplement 6.2): 

Fig. 6.3. Error in the measurements of (1) the friction velocity or the sensible heat flux; (2) 
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The determination of the Laplace transform of the output signal from the 
Laplace transform of the input signal is given by:  

( ) ( ) ( )sTsXsX ea =  (6.8) 

This description is very simple for many practical applications. For example, 
the product of the single functions can determine the transfer function of a meas-
uring system. For a turbulence complex, the transfer function can be determined as 
the product of the transfer functions of the response in time, of the averaging by 
the sensor in space, and by the averaging in space of sensors that are used for 
eddy-covariance measurements in a certain distance (Eq. 4.15). 

 
Supplement 6.2 Laplace transformation 

 
In contrast to the Fourier transformation (see Supplement 2.3), which is a function of 
circular frequency, the Laplace transform transformation of an aperiodic signal, which 
disappears for t < 0, is a function of a complex operator s = δ + iω (Bentley 2005). The 
Laplace transformed L is defined as: 

( ) ( ){ } ( ) dtetXtXLsX st∫
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 (6.9) 

For the backward transformation is:  
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11  (6.10) 

A benefit of the Laplace transformation is that extensive tables and software for the deter-
mination of the transformation are available (Doetsch 1985; Graf 2004). 

 
 

  

 
 

Fig. 6.4. Schematic graph of the transfer function T (thin line) and the turbulence spectra S 
(thick line) with the resulting spectra T S (dotted line)  
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The error of a standard deviation or of a flux is given by the ratio of the spec-
trum multiplied with the transfer function to the undamped spectrum: 

ΔF
F

=1−
Tx y( ) f( )Sx y( ) f( )df

0

∞

∫

Sx y( ) f( )df
0

∞

∫
 

(6.11) 

Figure 6.4 shows schematically that the turbulence spectrum is reduced if the 
transfer function is less than one. Because in most of the cases the damping starts 
in the inertial subrange, the correction of turbulence measurements for well-
known turbulence spectra is relatively simple. The spectrum in the inertial 
subrange is extrapolated or corrected relative to the modeled spectra, e.g. Moore 
(1986). 

6.1.4 Inertia of a Measuring System 

A special case of a transfer function is the sharp change of the signal from X=Xo 
for t ≤ t0 to X=X∞ for t > t0. For a measuring system of the first order, e.g. tempera-
ture measurements, follows the differential equation (Brock and Richardson 
2001): 

Xe t( )= Xa t( )+ τ dXa

dt
 

 
(6.12) 

The dependency of the input Xa and output Xe signals can be presented with the 
time constant τ. To have an indicator number, which is dependent only on the 
sensor and not on the size of the quantity for different meteorological systems, 
different indicator numbers are used.  

Time Constant 

For first order measuring systems the differential equation Eq. (6.12) has an expo-
nential solution  

( ) ⎟
⎠

⎞
⎜
⎝

⎛ −=
−

∞ τ
t

eXtX 1 , 
 

(6.13) 

where X∞ is the final value after complete adjustment to the surrounding condi-
tions and τ is the time constant which is a measure of the inertia of the measuring 
system:  
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The time constant of a measuring system is the time required for the meas-
uring system to reach 63% of its final or equilibrium value. The value of 
63% is equal to (1-1/e).  

To determine the real final value due to a sharp change of the input signal, it is 
necessary to measure significantly longer than the time constant. This value de-
pends on the required accuracy, and should be at least five times the time constant. 
The response of the measuring signal after a sharp change is schematically shown 
in Fig. 6.5.  

 

 
 

Fig. 6.5. Schematic graph for the documentation of the time constant for a change of the 
measuring signal by a normalized signal difference 

Distance Constant 

Anemometers have a wind-speed dependent time constant. For application to all 
anemometers and wind speeds, a comparable measure, the distance constant, was 
defined as:  

The distance constant is the length of the wind path necessary for the ane-
mometer to reach 63% of the final velocity. 

The relation between the time constant and the distance constant L can be cal-
culated with the final velocity V∞: 

τ⋅= ∞VL  (6.14) 
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Dynamic Error 

The time constant describes the dynamic error of a measuring system. The typical 
case in meteorology of dynamic errors is, when a nearly linear change of the me-
teorological element occurs over a given time span. Instead of a change in time, a 
change in space is also possible which is typical for moving measuring systems 
such radio sondes and tethersondes. For this case, Eq. (6.12) can be written in the 
form (Brock and Richardson 2001): 

( )
dt

dXtXta a
a τ+=⋅  

(6.15) 

The solution of this equation is: 

( ) ( )ττ
t

eatatX −−−= 1  
(6.16) 

The second term on the right-hand-side in Eq. (6.16) is responsible for the lag in 
the measured signal relative to the input signal and is called dynamical error:  

( ) ( )ττ
t

eatX d
−−=Δ 1  

(6.17) 

For steady state conditions, the output signal is shifted in relation to the input 
signal by the time difference Δt = τ. The dynamic error is schematically shown in 
Fig. 6.6. For known input signal functions, the dynamic error can be easily 
mathematically corrected or by correction networks. This may be relevant for the 
exact determination of the temperature gradient of an inversion layer of small 
vertical thickness. Often dynamic errors are a reason for hysteresis.  

 
 

 
 

Fig. 6.6. Schematically graph of the dynamical error and of the time difference by a linear 
change of the input signal  
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6.2 Measurement of Meteorological Elements 

Standard measurements in meteorological networks are made according to the 
international guide of the World Meteorological Organization (WMO 1996). Of-
ten, such regulations are extensive in order to guaranty a high and constant data 
quality for climate and environmental monitoring stations (see Appendix A6). In 
contrast, weather stations, which supply only data for weather forecast or for the 
current weather state (nowcasting), qualitative simpler sensors can be used. The 
research and special practical applications need specialized measuring stations 
(VDI 2006a), which are listed in Table 6.1. The typical measuring parameters are 
given in Appendix A6. 

Micrometeorological measurements are related to the meteorological scales ac-
cording to Orlanski (1975) (see Fig. 1.2). These relations are relevant as well for 
direct and for remote sensing measuring techniques (Table 6.2). For direct tech-
niques the mast etc. is responsible for the scale.  

Table 6.1. Classification of meteorological measuring stations (VDI 2006a), except stations 
of meteorological services which are classified by WMO (1996)  

number indication  feature 
1 agrometeorological station agrometeorological basic parameters e.g. for 

the determination of evaporation 
2 microclimatological or microme-

teorological station 
miscellaneous application with different 
instrumentations, e.g. biometeorological 
measurements 

3 micrometeorological station with 
turbulence measurements 

including eddy-covariance measurements for 
research purposes  

4 air pollution measuring stations  determination of parameters for air pollution 
calculations 

5 immission measuring station additional meteorological measurements to 
immission measurements  

6 disposal site measuring stations mainly for the determination of the water 
balance  

7 noise measuring station determination of parameters (mainly wind) 
fort he meteorological influence (ISO 1996) 

8 road measuring station measurement of meteorological elements 
which may affect the traffic 

9 hydrological station mainly precipitation measurements 
10 forest climate station measurement of meteorological elements in 

clearing and below trees 
11 nowcasting station measurement of the actual weather state, e.g. 

with present weather sensors 

with simple sensors but according the rele-
vant installation instructions 

12 “hobby station” measurement of meteorological elements 



Measurement of Meteorological Elements      189 

 

Table 6.2. Assignment of direct and remote measuring systems to meteorological scales 
(the grey shading shows the degree of scale assignment)  

macro meso micro measuring system 
β α β γ α β γ 

radio sonde        
boundary layer sonde        
tower > 100 m        
mast < 50 m        
turbulence measuring technique        
satellite (vertical resolved)        
wind profiler        
Sodar        
RASS        
LIDAR        

Table 6.3. Assignment of scales of models to the necessary resolution of input parameters 
(the grey shading shows the degree of scale assignment)  

macro meso micro resolving structures 
β α β γ α β γ 

horizontal fields        
vertical distributions        
boundary layer parameters        
specified surface layer parameters        

 
Knowing the scale of the measuring systems is very important if the data are 

used as input parameters of models. The smaller the scales of the models are, the 
greater is the importance of vertical structures, boundary layer structures, and the 
surface layer structures (Table 6.3). 

6.2.1 Radiation Measurements 

Radiation measuring sensors are based on the principle of a radiation-caused 
heating and therefore an increase of the surface temperature of a receptor. For 
absolute devices (used for calibration) the temperature is directly measured on a 
black receiver surface, which is irradiated without any filters directly by the sun. 
Due to the selective measurement of the direct sun radiation, the longwave radia-
tion can be neglected, and therefore absolute devices measure only the shortwave 
radiation. Relative devices measure the temperature difference between two dif-
ferent irradiated areas one black and one white. Furthermore radiation-measuring 
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devices are classified if they measure radiation from the half space or directed 
(from the sun) and if they measure short or long wave radiation. For measurement 
of the short wave diffuse radiation the sun is shadowed. Net radiometers measure 
the upper and lower half space. The possible spectral range can be selected by the 
material, which is used for the dome (receiver protection). Domes made of quartz 
glass are only permeable for short wave radiation (0.29–3.0 μm). For measuring 
short and longwave radiation (0.29–100 μm) domes with Lupolen (special poly-
ethylene) are used, and for longwave radiation (4.0... 5.0–100 μm) domes made 
from silicon are used. The gap between short and longwave radiation has no sig-
nificant influence on the measurements due to the low amount of energy in this 
range. Using a special set of filters or spectrally sensitive photoelectric cells, the 
photosynthetic active radiation  (PAR) can be measured. PAR has dimensions of 
mmol m–2s–1, and the numerical value is approximately twice the numerical value 
of the global radiation in Wm–2. Radiation instruments working in the small or 
large atmospheric window of the longwave range and a relatively small dihedral 
angle are used for measuring surface temperature. An overview is given in 
Table 6.4. 

In the last 10–15 years, remarkable progress was achieved regarding the accu-
racy of radiation sensors (Table 6.5). This success is based on the classification of 
radiation sensors by the World Meteorological Organization (Brock and Richard-
son 2001; Kasten 1985) as clear guidelines for the error limits (Table 6.6) and the 
building up of the Basic Surface Radiation Network (BSRN) of the World Climate 
Research Program with a well-formulated quality control scheme (Gilgen et al. 
1994). Therefore, the world radiation centre in Davos (Schwitzerland) maintains a 
collection of sensor called the World Radiation Reference. The other world centers 
regularly compare their Primary Standard devices with this reference. Regional 
and national radiation centers should compare their Secondary Standard devices 
with the world centers at least every five years. Currently, the widely used 
pyranometers PSP (Eppley Lab. Inc., USA), CM11, and especially CM21 (pro-
ducer: Kipp & Zonen, The Netherlands) conform to the Secondary Standard.  

For radiation sensors, a cosine correction is of special importance because the 
radiation power does not exactly follow the cosine of the solar angle of incidence. 
The reasons for the corrections are the unequal thickness of the domes and the 
changing thickness of the atmosphere with changes of the angle of incidence. 
Therefore, the exact horizontal leveling of the senor and the clearness of the 
domes should be controlled.  

In any case, the radiation instruments should be permanent (1–3 years) com-
pared with national sensors for comparison (etalon). Because Secondary Standard 
devises are widely used, the comparisons with the sensors of different users are 
possible.  

In contrast to shortwave radiation sensors, longwave radiation sensors are 
insufficiently calibrated. Serious differences were pointed out by Halldin and 
Lindroth (1992). While shortwave radiation sensors can be calibrated relatively 
simply against sun or with a lamp of defined radiation, calibration of longwave 
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radiation sensors requires that radiation of the sensors must be taken into account. 
The measuring signal is simply the difference between the incoming longwave 
radiation and the longwave radiation of the housing in the form  

4
GSB

rec Tk
C

U
I σ+↓= , 

 
(6.18) 

where Urec is the voltage measured at the receiver, C and k are calibration coeffi-
cients, and TG is housing temperature which must be measured.  

Progress in sensor development was made by Philipona et al. (1995), who in-
stalled thermistors in the silicone domes of the longwave radiation sensor to 
measure the temperature of the dome to correct the effects of dome temperature 
and local heating by shortwave radiation. The correction requires the temperatures 
of the housing and the dome (TD): 

 

Table 6.4. Classification of radiation measuring devices 

sensor type wave length opening angle measuring device 
absolute relative short 

wave 
long 
wave 

half 
space 

directed 

pyrheliometer x  x   x 
aktinometer  x x   x 
pyranometer  x x  x  
albedometer  x x  x*  
ayrgeometer  x  x x  
net pyrgeometer   x  x x*  
radiometer  x x x x  
net radiometer  x x x x*  
IR radiation thermometer  x  x  x 
* upper and lower half space 

Table 6.5. Accuracy of radiation measuring devices for BSRN stations (Ohmura et al. 
1998) 

parameter device accuracy in 1990 
in Wm–2 

accuracy in 1995 
in Wm–2 

global radiation pyranometer 15 5 
direct solar radiation  aktinometer, sun 

photometer 
3 2 

diffuse radiation pyranometer with 
shaddow ring 

10 5 

longwave down welling 
radiation 

pyrgeometer 30 10 

 



192      Measuring Technique 

 

( ) ( )44
3

4
2

3
11 GDSBGSBGSB

emf TTkTkTk
C

U
I −−++↓= σσσ  (6.19) 

Table 6.6. Quality requirements for pyranometers (Brock and Richardson 2001), percents 
are related to the full measuring range 

property secondary 
standard 

first class second class 

time constant (99%) < 25 s < 60 s < 4 min 
offset (200 W m–2) ± 10 W m–2 ± 15 W m–2 ± 40 W m–2 
Resolution ± 1 W m–2 ± 5 W m–2 ± 10 W m–2 
Stability ± 1% ± 2% ± 5% 
non-linearity ± 0,5% ± 2% ± 5% 
cosine response 
10° solar elevation, clear 

 
± 3% 

 
± 7% 

 
± 15% 

 

Table 6.7. Accuracy and costs of net radiometers (Foken 1998a, modified) 

classification measuring principle device (for example) error, costs 
basic research, 
BSRN-
recommendation 
since 1996 
(Gilgen et al. 
1994) 

short and long wave 
radiation (above and 
below) separately 
measured 

sw: Kipp & Zonen 
CM21(2x), ventilated, 
1x temperature; 
lw: Eppley PIR*, venti-
lated, 4 x temp.. 

< 3% 
~ 15.000 € 

basic research, 
recommendation 
up to 1996 
(Halldin and 
Lindroth 1992) 

shortwave and whole 
radiation (above and 
below) separately 
measured 

sw: Kipp & Zonen 
CM21(2x), ventilated 
sw+lw: Schulze-Däke 
1x temp., ventilated 

< 5% 
~ 12.000 € 

agrometeorologi-
cal measurements 

short and longwave 
radiation (above and 
below) separately 
measured 

sw/lw: Kipp & Zonen 
CNR1, 1 x temp., un-
ventilated 

5–10% 
~ 4.000 € 
 

simple methods whole radiation (above 
and below) together 
measured 

Funk, 
Fritschen (Q7), 
NR-lite 

> 10% 
~ 1.000 € 

* Probably better accuracy with CG 4 (Kipp & Zonen), but increasing costs up to larger than 
20.000 € 

 

spectral sensitivity  ± 2% ± 5% ± 10% 
temperature response ± 1% ± 2% ± 5% 
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To take into account the influence of the shortwave radiation, the so-called f-
correction (Philipona et al. 1995) is added in Eq. (6.19) 

( ) ( )[ ]NSWNSENS TTTTfTf −+−=Δ − , (6.20) 

f = I ↓shade −I ↓sun

ΔTS−N( )sun

 
 

(6.21) 

The f-correction is a function of location and time of year, and should be regu-
larly checked. This can be done by shading (shadow stick) for five minutes at the 
highest level of the sun, and performing an actual calculation of the f-factor. 

In micrometeorology, the net radiation relevancies are highly important, and 
thus a high accuracy is required. Instead of the formerly used radiometers, which 
measured the short and longwave radiation together, recently all four radiation 
components are measured separately. As shown in Table 6.7, this is in principle 
possible, but at relatively high costs. Very accurately determined values of net 
radiation are normally greater than those determined with radiometers. 

6.2.2 Wind Measurements 

Classical wind measuring devices are based on a mechanical principle, where the 
wind path is transformed into a rotation movement (Fig. 6.7). Other wind measur-
ing techniques, such as the application of sound or remote sensing methods with 
radar, are becoming increasingly important principles. A further classification can 
be made if the sensors are used for turbulence measurements using the eddy-
covariance method. An overview is given in Table 6.8.  

For mechanical anemometers, the knowledge of the transfer function between 
the velocity in a wind tunnel and the velocity measured with the anemometer is of 
high importance:  

Table 6.8. Division of wind measuring sensors (anemometer) 

measuring principle application measuring device 
mech. sound therm. other mean turb. 

cup anemometer x    x  
propeller anemometer x    x (x) 
hot wire anemometer   x   x 
sonic anemometer  x   x x 
laser anemometer    x (x) x 

where the temperature differences between the North and South, or North and 
Southeast and North and Southwest sides of the dome must be considered. The f-
factor is calculated using the difference between the shaded and un-shaded sides 
of the dome: 
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The transfer function is the linear dependence between the wind velocity 
and the rotation velocity of the anemometer within a defined working 
range.  

This calibration relation is linear over a wide range of velocities, but for low 

threshold velocity, which should not be confused with the intersection of the line-
arly extrapolated transfer function to the point with zero revolutions, a:  

The threshold velocity of a rotating anemometer is the lowest wind speed 
that transfers the rotating anemometer into a continuous movement. 

Beyond the threshold velocity (about 0.1–0.3 m s–1), the so-called distance con-
stant is important. It is a measure of inertia, and gives the necessary wind path 
required for an anemometer to register 63% of a wind velocity difference (see 
Chap. 6.1.4). The distance constant is an important parameter for mechanical 
anemometers; for sensitive propeller anemometers it is about 1 m; for small cup 
anemometers it is about 2–3 m, and for larger anemometers it is about 5 m. Note 
that sonic and hot wire anemometers in the usual application range are free of 
inertia. The distance constant should be used for the assessment of the measure-
ment quality instead of the threshold velocity, because the starting velocity is 
generally within a range where the turbulent wind field is not fully developed.  

In a turbulent flow, additional problems for mechanical anemometers exist 
(Kristensen 1998). With increasing distance constant, the wind velocity will be 
overestimated due to the mechanical inertia (over speeding): 

 
 

 

 
 
 
 
 
 
 
 

 

Fig. 6.7. Cup anemometer (Photograph: Th. 
Friedrichs & Co., Schenefeld near Hamburg) 

 
 

velocities (<2–4 m s–1) is exponential. This is shown in Fig. 6.8 where c is the 
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Fig. 6.8. Transfer function of a cup anemometer (VDI 2000) with n: number of revolutions 
of the anemometer, u: wind velocity and a, b, c and d: constants 

Overspeeding is the turbulence-caused over estimation of the measured 
wind velocity relative to the true wind velocity.  

Wind gusts will brig a mechanical anemometer into high rotation; however, af-
ter the gust the anemometer will require some time to adjust to the lower wind 
speeds. There is no compensation of these additional rotations in the case of low 
wind speeds. Overspeeding can be as large as 10% of the wind velocity, and is 
particularly large for low wind velocities and high distance constants. The value is 
proportional to (σu/u)2. For micrometeorological measurements it is especially 
important that the overspeeding is small because otherwise wind gradients near 
the ground will be inaccurate.  

The cosine response of an anemometer is of importance:  

The cosine response is the ratio of the measured wind velocity for a special 
angle of incidence to the wind velocity of the horizontal wind field multi-
plied by the cosine of the angle.  

( ) ( )
( ) α

αα
cos0 ⋅

=
u

uF  
(6.22) 

An ideal cosine response is given by F(α)=1. For propeller anemometers, de-
viations up to 15% occur for incidence angles of about 45° (Figs. 6.9 and 6.10). 
These deviations can be relatively simply corrected with the relation:  

( ) ( ) ( )[ ]αααα 2sincos ⋅−⋅= auu messkorr  (6.23) 

where a = 0.085 (Drinkov 1972) or a =0.140 – 0.009 u (Foken et al. 1983). For 
crosswinds, a dead zone of approximately ± 2° exists where the propeller does not 
rotate. For measurements of the vertical wind, the dead zone is overcome with two 
inclined sensors. A shank extension is recommended for flow from the front 
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(Bowen and Teunissen 1986) so that the dynamical conditions of a propeller for 
flow from the front and behind are nearly identical.  

Sonic anemometers have a nearly cosine response except for angles with flow 
distortion. For cup anemometers, a cosine response cannot be assumed. If the 
inclination of the flow is not very great, than the same wind velocity is always 
measured. This means that for an inclined flow the cup anemometers overestimate 
the wind velocity. 

 
 

 
Fig. 6.9. Cosine response of a propeller anemometer 

 

 

 

 

 

 

 

 

 
 

Fig. 6.10. UVW three-component 
propeller anemometer by Gill (Photo-
graph: R. M. YOUNG Company/GWU-
Umwelttechnik GmbH)  
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The first sonic anemometers used the phase shift method (Bovscheverov and 
Voronov 1960; Kaimal and Businger 1963). In this method, the ultrasonic signal 
of the transmitter is received at several points, and the phase difference between 
the transmitted and received signals is a function of wind velocity. The disadvan-
tage of this method is that for different wind velocities (5–10 ms–1 – steps) equal 
measuring values will be observed, but the sound wave is shifted several times of 
2π.  

Modern sonic anemometers use the travel time principle and a direct time de-
termination (Hanafusa et al. 1982). In this method, a sonic signal (about 100 kHz) 
is transmitted from both sides of a measuring path and received on the opposite 
sides. Due to the wind velocity, one signal is faster than the other. The exact travel 
times of the sonic signals are used for the determination of the wind velocity: 

d
uc

uuc
t

n

dn
22

22

2,1 −
±−

=  (6.24) 

where d is the path length, ud is the wind component along the path, un is the nor-
mal component of the wind, and c is the sound speed. This relation is based on the 
assumption that the flow in the sonic anemometer is generally slightly shifted by 
an angle γ from the measuring path (Fig. 6.11), and for the travel times follows 
(Brock and Richardson 2001; Kaimal and Finnigan 1994): 

duc
dt

±
=

γcos2,1  
(6.25) 

The difference of the reciprocal travel times gives the wind velocity and the 
sum of the reciprocal travel times gives the sound velocity: 
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The first sonic anemometers with the travel time principle (Mitsuta 1966) could 
only measure the time difference. Measuring the wind velocity depended on the 
sound velocity and therefore on the temperature and the moisture:  

⎟
⎠
⎞⎜

⎝
⎛ += p

e Tc 32.014032  
(6.28) 

From this equation the so-called sonic temperature can be calculated (Kaimal and 
Gaynor 1991), which is similar to the virtual temperature: 
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A recalculation into the true temperature is possible by applying the geometric 
parameters of the sonic anemometer (see Chap. 4.1.2). 

 

 
Fig. 6.11. Vector graph of the sound paths of a sonic anemometer 

 
Fig. 6.12. Inclined positions of the measuring paths of the sonic anemometer CSAT3 (Liu 
et al. 2001) 

Initially, the measuring paths of the sonic anemometers were predominantly 
Cartesian orientated (Hanafusa et al. 1982; Mitsuta 1966). Modern sonic ane-
mometers have increased angles of the measuring paths, e.g. 120° (Fig. 6.12) so as 
to get lower flow distortion. Also, sensors were developed, which can be used for 
all flow directions (omni-directional). A problem yet to be investigated, is the 
significant self-correlation of the Cartesian wind components from the inclined 
wind components, which influences the statistical independence for the calculation 
of the covariances.  

Disturbances of the wind field are the most important sources of errors for 
sonic anemometers. The reasons are the installations of the sensors and the size of 
the transmitters/receivers. For new sensors, a large ratio of the path length, d, to 
the transmitter/receiver diameter, a, of up to d/a = 50 is required, because under 
these circumstances the influences of flow distortion are small. Furthermore, the 
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angle, θ, between the wind vector and the transmitter-receiver path should be 
large. For a ratio d/a = 15, the deviations follow (Kaimal and Finnigan 1994): 

   
Fig. 6.13. Sonic anemometer CSAT3 with 
inclined measuring paths and large inflow 
sector; additionally an IR gas analyzer 

 

Fig. 6.14. Sonic anemometer USA-1 with 
inclined paths and omni-directional con-
struction (Photograph: Foken) 

Table 6.9. Classification of sonic anemometers (based on a classification by Foken and 
Oncley 1995; Mauder et al. 2006) 

anemometer class sensor type 
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Devices that are predominately used in basic research have only a limited open an-
gle to reduce the influence from the sensor (Fig. 6.13). For routine applications, omni-
directional sonic anemometers are usually used (Fig. 6.14). These must be calibrated 
in the wind tunnel, or the manufacturer must deliver calibration curves for correction. 

LI7500 and a sensitive temperature sensor 
are mounted (Photograph: Foken)  

A basic research Kaijo-Denki typ A, 
Campbell CSAT3, Solent HS 

B general use for flux measurements Kaijo-Denki typ B, 
Solent Wind Master, R2, R3 , 
METEK USA-1, Young 81000 

C general use for wind measurements sensors of class B, 
2D-anemometer of different producers 
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In a turbulent flow, the errors due to flow distortion are often smaller than those 
for the laminar flow in the wind tunnel. Therefore, the application of the wind 
tunnel correction may lead to an overcorrection. For flux measurements, it is im-
portant that below the measuring path for the vertical wind component there are 
no sensor mountings, otherwise flow corrections up to 10% are possible.  

The number of different sonic anemometer types has increased in the last few 
years. Thus, a type of classification is necessary, which is given in Table 6.9.  

6.2.3 Temperature and Humidity Measurements 

General Statements 

The classical mercury thermometer, bimetal thermometer, and hair hygrometer are 
being replaced increasingly by electrical measuring principles. The measurement 
of electrical resistance is used most frequently for temperature measurements. 
Thermocouples and thermistors are reserved mostly for special measurements 
with small sensors. Due to the temperature sensitivity of the sound velocity, sonic 
anemometers are often used for temperature measurements (remark: the sonic 
temperature is not absolutely equal to the temperature, see Chap. 4.1.2). For hu-
midity measurements, ceramic material is used to measure the relative humidity, 
and optical techniques are used to measure the absolute humidity. The dew point 
temperature is measured by detecting condensation on a chilled mirror. An over-
view is given in Table 6.10 where it is also indicated if the sensor can be used for 
the observation of mean or turbulent quantities.  

Table 6.10. Classification of temperature (T) and humidity sensors (H)  

measuring principle application measuring device 
therm. electr. optical other mean turb. 

psychrometer (T,H) x x   x  
mercury thermometer (T) x    x  
resistance thermometer (T)  x   x (x) 
thermistor (T)  x   x  
thermocouple (T)  x   x (x) 
sonic thermometer (T)    x x x 
hair hygrometer (H)    x x  
capacity hygrometer (H)  x   x  
dew point hygrometer (H)  x  x x  
infrared hygrometer ( (H)   x  (x) x 
ultraviolet hygrometer (H)   x   x 
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Table 6.11. Time constant of temperature and humidity measuring systems 

measuring device time constant in s 
sonic thermometer < 0.01 
optical humidity measuring system < 0.01 
thin resistance wires (< 20 µm) < 0.01 
thermocouples (< 20 µm) < 0.01 
thermistors 0.1–1 
mercury and resistance thermometers  
(3–5 mm diameter) 

10–30 

 
An important parameter for temperature and moisture sensors is the time con-

stant (see Chap. 6.1.4). Typical time constants are given in Table 6.11. It is seen 
that the wet sensors (e.g. at the psychrometer) are less inert than dry sensors.  

Temperature Measurement 

The measurement of the true air temperature is one of the most difficult measuring 
problems in meteorology. Even today, it is worth reading the paper by Albrecht 
(1927). While improved technical possibilities are available, the measurement 
problems are often significantly underestimated. Because temperature sensors 
warm if they are exposed to radiation, they work better as a radiation sensor than a 
temperature sensor. Therefore, at least the incidence of direct solar radiation on 
the sensor must be eliminated. Furthermore, the thermometer must be ventilated to 
prevent heating and the turbulent exchange of heat. Both of these requirements are 
realized (ideally) with Assmann’s aspirated psychrometer (Assmann 1887; 1888; 
Sonntag 1966–1968; 1994). The device consists of two thermometers ventilated at 
a rate > 2.5 ms–1 and equipped with a double radiation shield. There are several 
duplicated sensors available, which do not have the quality of the original sensor. 
Even electrical versions of the sensor have the best results if Assmann’s dimen-
sions of the double radiation shield and ventilation velocity > 2.5 ms–1 are fulfilled 
(Frankenberger 1951).  

The reasons for the difficulties of temperature measurement are that outside of 
closed rooms measuring accuracy is about 0.1 K, and only for very well main-
tained devices can the accuracy be as great as 0.05 K. Therefore, the errors due to 
radiation and turbulence conditions are much greater than the possibilities of the 
recent electrical measuring techniques (< 0.001 K) (Fig. 6.15). 

The radiation influence on the temperature measurement is called radiation er-
ror and can be estimated as an additional heating by the absorption of radiation by 
the sensor. This heating depends on the Prandtl number, 

Ta
ν=Pr   

(6.31) 



202      Measuring Technique 

 

 

 

 

 

 

 

 

Fig. 6.15. Electrical aspiration psychrome-
ter according to Frankenberger (1951) 
(Photograph: Th. Friedrichs & Co., Schene-
feld near Hamburg) 

 
 

 

Fig. 6.16. Radiation error of thin platinum wires for K↓ = 800 W m–2 and a = 0.5 (Foken 
1979) 

which is the ratio of the kinematic viscosity to the molecular thermal conductivity, 
which is for air 0.71; the Reynolds number (Eq. 2.19), which is the ratio of inertial 
forces to frictional forces (see Chap. 2.1.2); and the Nusselt number,  

( )PrRe,fNu =  (6.32) 

which is a function of the heat conductance and the flow characteristics. The ra-
diation error is therefore a function of the radiation balance at the sensor surface 
Qs, the sensor surface F, and the heat transfer properties, α, 
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α
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(6.33) 

where 

d
Nu λα = , 

(6.34) 

Rs FKaQ ↓= , (6.35) 

and a is the absorption capacity of the surface, λ is the molecular heat transfer 
number, d is the sensor length, and FR is the area affected directly by the radiation. 
For forced convection (0.01 < Re < 10000) if follows (van der Hegge Zijnen 1956) 
that: 
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For the absorption capacity of platinum (a=0.5), the radiation errors are given 
in Fig. 6.16. Thus, radiation errors below 0.1 K are realized only for wire diame-
ters < 20 µm.  

The radiation error can be excluded only for very thin and spread-out resistance 
wires and for thermocouples of the same dimension. The use of thin resistance 
wires for turbulence measurements is based on Kretschmer (1954). Extensive 
investigations of the use of resistance wires were made, for example, by Tsvang 
(1960), Foken (1979), and Jacobs and McNaughton (1994). For a long time, the 
12 µm Pt-wire sensor “AIR-150” was commercially available; today only the 
thermocouples made by Campbell Scientific have the same diameter. For thin 
platinum wires, it must be taken into consideration that the specific resistance in 
Ω·m for diameters < 50 µm, but especially for diameters < 10 µm, increases be-
cause the diameter is in the order of the free path length of the electrons. 

For the measurement of the mean temperature, a suitable radiation shield, e.g. 
double protection tube or weather hut with double Venetian blind, is necessary to 
reduce the radiation error. Huts have the disadvantage that they heat up, and the 
so-called hut error of up to 1 K can occur (WMO 1996). For micrometeorological 
measurements, small cylindrical huts designed by Gill (Fig. 6.17) are often used. 
These huts were described regarding their dynamic and radiation properties by 
(Richardson et al. 1999). The hut error can be removed by sufficient ventilation. 
Therefore, the Reynolds number should be above the critical Reynolds number to 
achieve a turbulent flow:  
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 (6.37) 

Below the critical Reynolds number, a laminar flow occurs near the sensor, and 
increases the response time of the measurement. The laminar flow boundary layer 
is thinner than the molecular temperature boundary layer (von Driest 1959): 
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Table 6.12. Maximal differences for 100 Ω platinum resistance thermometers (DIN-EN 
1996) 

maximal difference 
class A class B 

temperature 
 
°C K Ω K Ω 
–100 ± 0.35 ± 0.14 ± 0.8 ± 0.32 
 0 ± 0.15 ± 0.06 ± 0.3 ± 0.12 
 100 ± 0.35 ± 0.13 ± 0.8 ± 0.30 
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(6.38) 

Except for thermocouples, platinum wires have prevailed over all other tem-
perature measurement sensors because of the stable temperature-resistance de-
pendency. The resistance can be determined with the following equation 

( ) ( ) ( )210 TTCRTR βα ++⋅°= , (6.39) 

where α is a temperature-dependent coefficient which ranges from 0.00385 K–1 to 
0.00392 K–1 depending on the purity of the platinum. By adding iridium, the brit-
tleness of the wire can be reduced so that lower temperature coefficients are typi-
cal. Under these circumstances β is about –5.85·10–7 K–2. In the meteorological 
measuring range of –50°C–50°C nearly linear temperature dependence is ob-
tained. Typically, platinum thermometers are produced with a resistance of 
R (0°C) = 100 Ω (also is 1000 Ω available). The quality of resistance thermome-
ters in Germany and other countries is standardized (DIN-EN 1996). The sensors 
are separated into classes A and B (Table 6.12), where selected resistance 

Fig. 6.17. Temperature hut according to 
Gill for micrometeorological investigations 
(Photograph: R. M. YOUNG Company/ 
GWU-Umwelttechnik GmbH) 
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thermometers with differences of only ⅓ or ¹/10 of the DIN-class are also avail-
able. Regularly, thermometers are used with ⅓DIN class B, which is better than 
class A. 

The electrical measurement of the resistance is made with bridge circuits. The 
classical Wheatstone bridge with two and three wire circuits is seldom used be-
cause of non-linearity and a poor compensation for wire resistances. Recently, e.g. 
Thompson bridges with four-wire circuits are used.  

The progress of resistance measurements using integrated electronic circuits, 
has widely replaced the thermistor (Rink 1961) as a measuring sensor, because 
even though it has a 10-fold higher temperature sensitivity, it has nonlinear char-
acteristics. The thermistor must be age hardening with alternating high and low 
temperatures before it can be used, and during its use calibrations are often neces-
sary. The temperature dependence is given by 

( ) ( ) ⎟
⎠
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(6.40) 

with typical values of α ~ 4500 K and β ~ –1.5·107 K3 (Brock and Richardson 
2001). The most important areas of application are radiosondes and the measure-
ments of body and dome temperatures in radiation sensors. 

Humidity Measurement 

The reliable device for measuring humidity, which can also be used for compari-
son measurements, is Assmann’s aspirated psychrometer (see temperature meas-
urement). This instrument has a second thermometer with a wet bulb for the 
measurement of the wet temperature. It uses the effect of evaporative cooling. The 
water vapor pressure can be determined from the temperature difference between 
the dry (t) and wet (t') temperatures using Sprung's psychrometric equation (p0 = 
1000 hPa, t = 20°C: psychrometer constant γ = 0,666 hPa K–1): 

( )t - t 
p
p   - )tE( = e
0

′⋅⋅′ γ  (6.41) 

For high accuracies, there are dew-point hygrometers. These expensive sensors 
can be used for comparison experiments (Sonntag 1994). In meteorological net-
works, capacitive sensors are widely used. These have replaced the hair hygrome-
ter, which is still used for temperatures below 0°C when the psychrometer has 
insufficient accuracy.  

For many micrometeorological measurements of turbulent fluxes, the absolute 
humidity is necessary. For relative humidity sensors such as capacitive and hair 
hygrometers, the absolute humidity must be calculated with the temperature. This 
introduces temperature sensitivity, and makes temperature-independent humidity 
measurements impossible. 
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For the measurement of turbulent humidity fluctuations optical measuring 
methods are chiefly used, which are based on Lambert-Beer's law  

00
c
cdk

e I= I
⋅⋅−

⋅ , 
(6.42) 

where k is the absorption coefficient, d is the path length, and I0 the radiation in-
tensity at absorber concentration c0. The measurement is made per unit volume. 
The measurement principle is schematically illustrated in Fig. 6.18. Devices with 
UV and IR radiation are used (Table 6.13). Devices in the UV-range are preferred 
for the measurement of low absolute humilities, and for water vapor pressures 
> 10 hPa the IR-range is preferred. Due to the low absorptivity of the IR-range 
relatively long measuring paths greater than 0.12 m are necessary. For a suitable 
wavelength, IR devices can be used to measure carbon dioxide concentration. The 
lifetime of UV devices is limited due to changes of the lamp after about 1000 h. 
For these sensors, the surfaces of the optical windows are treated with hygroscopic 
material such as magnesium fluoride, which must be taken into account for high 
humidities.  

The calibration characteristics can be change during the application time, and 
the devices working in the UV range are affected more than those in the IR range. 
Two calibration methods are commonly used: One method uses the calibration 
within a gas flow with a constant concentration of water vapor or other trace 
gases, and the other method uses a climate chamber. Also, the in-situ calibration is 
possible by changing the path length for nearly constant background humidity 
(Foken et al. 1998). This method works because according to Eq. (6.42) the trace 
gas concentration as well as the path length is in the exponent.  

 

 
Fig. 6.18. Schematically construction of an absorption hygrometer 
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Table 6.13. Selected spectral lines for the water vapor absorption 

range wave length radiation source measuring length absorber 
0.12156 μm atomic hydrogen  

(Lyman-α) 
3–10 mm H2O UV 

0.12358 μm 
0.11647 μm 

krypton 5–15 mm H2O,  
(O2, O3) 

IR-
A.B 

different wave 
length 

stable electric 
light bulb 

 
0.125–1 m 

 
H2O, CO2 

Table 6.14. Recently mainly used commercial UV and IR hygrometers (Foken et al. 1995, 
modified) 

range sensor type Producer gases 
UV KH20-Krypton hygrometer Campbell Sci. (USA) H2O 
UV Lyman-alpha hygrometer MIERIJ METEO (NL) H2O 
UV Lyman-alpha hygrometer Wittich and Visser (NL) H2O 
UV AIR-LA-1 Lyman-alpha  

hygrometer 
AIR (USA) 
now: Vaisala (Finland) 

H2O 

IR LI 6262 (closed-path) LI-COR Inc. (USA) H2O, CO2 

IR LI 7500 (open-path) LI-COR Inc. (USA) H2O, CO2 

IR OP-2 (open-path) ATC Bioscientific Ltd. (U.K.) H2O, CO2 
IR Ophir IR-2000  

(open-path, very large) 
Ophir Corporation (USA) H2O 

IR Gas Analyzer E-009 
(open-path, very large) 

Kysei Maschin. Trading Co. Ltd. 
(Japan) 

H2O, CO2 

 
The application of very sensitive tunable diode lasers (Edwards et al. 1994) in-

creased during the last few years because different gases such as methane, nitro-
gen oxides, and carbon isotopes can be measured. 

The application of these techniques for turbulence measurements in the IR 
range are based on Elagina (1962) and in the UV range on Buck (1973), Kret-
schmer and Karpovitsch (1973), and Martini et al. (1973). Many commercial 
developments followed, which were summarized by Foken et al. (1995). Today 
only commercial sensors are used, and the most important ones are listed in Table 
6.14.  

Another form of the IR measuring technique are systems in which the air is 
withdrawn near the sonic anemometer and measured some meters away in an IR 
measuring cell using the so-called closed-path sensor (Leuning and Judd 1996; 
Moncrieff et al. 1997) instead of the usual open-path hygrometer. These systems 
have the benefit that with heated tubes density fluctuations do not occur, and the 
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WPL correction (see Chap. 4.1.2) can be dropped. However, these are very com-
plicated dynamical systems with low-pass characteristics. The time delay between 
the wind and concentration measurements is especially important and must be 
taken into account for flux calculations. Such systems are widely used in the inter-
national carbon dioxide flux network (Aubinet et al. 2000). 

6.2.4 Precipitation Measurements  

Precipitation measurements play an important role in the calculations of water 
balance. Note that precipitation data in climatological tables are not corrected. The 
moisten error and the wind error (Richter 1995; Sevruk 1981) must be corrected. 
For solid precipitation, the wind error can be very large (Fig. 6.19). The correction 
equation for both errors is: 

ε
messmesskorr NbNN +=  (6.43) 

The coefficients are given in Table 6.15. Correction values are for different sea-
sons and regions in Germany (Richter 1995).  

For wind exposure on slopes with 40% inclination, up to 10% more precipita-
tion can be expected due to the increasing horizontal contribution. A calculation of 
this effect was presented by Junghans (1967)  

 Table 6.15. Coefficients of the precipitation correction according Eq. (6.43) according to 
Richter (1995) 

horizontal shading (b-value) type of precipitation ε 
2° 5° 9,5° 16° 

rain (summer) 0.38 0.345 0.310 0.280 0.245 
rain(winter) 0.46 0.340 0.280 0.240 0.190 
mixed precipitation 0.55 0.535 0.390 0.305 0.185 
Snow 0.82 0.720 0.510 0.330 0.210 

Precipitation measurements are one of the standard meteorological measuring 
techniques. In Germany, the rain gauge according to Hellmann should have a 
200 cm2 collection area, but in other countries it is 500 cm2. The daily emptying of 
a collection bucket is often replaced by automatic rain gauges. The measuring 
principles are very divers. The tipping-bucket gauge collects a certain amount of 
water in a bucket, and when full the bucket tips, empties, and gives an electrical 
impulse. The droplet counter counts the number of droplets of a uniform size. 
Recently, weight scale rain gauges are used; this type has the benefit that the dan-
ger of freezing is low.  



Measurement of Meteorological Elements      209 

 

 
Fig. 6.19. Measuring error of precipitation measurements (Richter 1995) 
  

j
H Agtg

N
N sin113,01+= , 

(6.44) 

where NH is the precipitation on the slope, N is the measured precipitation on a 
horizontal surface, g is the inclination of the slope, and Aj is the azimuth of the jth 
wind direction . 

6.2.5 Remote Sensing Methods 

Increasingly, remote sensing techniques are being used in micrometeorology and 
applied meteorology. The techniques use sound waves (Sodar) or radio waves 
(RADAR), and by applying the Doppler Effect the wind velocity can be measured 
remotely. The use of lasers and microwaves makes moisture measurements possi-
ble. These methods supply measuring data only about 20–50 m above the ground. 
But for the micrometeorologist, this is an important region of the atmospheric 
boundary layer. However, in the lower PBL scintillometers can be used to meas-
ure the structure functions of the refraction index over horizontal path lengths and 
thus determine fluxes indirectly. The electromagnetic spectrum, which is used by 
the remote sensing methods, is summarized in Table 6.16.  
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Table 6.16. Ranges of the electromagnetic spectrum, which are used for remote sensing 
techniques in the atmospheric boundary layer  

frequency/wave length description sounding technique 
1-5 kHz sound Sodar 
100 MHz – 3 GHz ultra short waves (VHF), 

decimetre waves (UHF) 
RASS, windprofiler 

3–30 GHz centimetre waves microwave scintillometer 
0.8 – 5 µm infrared scintillometer 

Sodar-RASS 

The development of profiling techniques using sound are based on Russian theo-
retical work on wave propagation in the atmosphere (e.g. Tatarski 1961), while the 

McAllister et al. (1969) were constructed and used. The measuring principle is 
based on the fact that a sound pulse emitted into the atmosphere will be backscat-
tered by temperature inhomogeneities. The degree of backscatter is directly pro-
portional to the temperature structure function parameter. The classical range for 
application of these “monostatic” Sodars was the detection of inversion layers for 
air pollution purposes. By calibration of theses devices, the determination of the 
sensible heat flux using Eq. (2.139) is possible.  

Subsequently, the Doppler Effect was explored as a way to measure the three-
dimensional wind field. These investigations lead to bistatic devices, which have 
low vertical operation range, and monostatic devices with one vertical and two 
sloping antenna. The accuracy of these Sodars is in the range of mechanical sen-
sors (Table 6.17). However, these measurements are volume averages, and the 
horizontal wind components are measured in different volume, which may be far 
apart at high altitudes. For the standard deviation of the vertical wind it was found 
that the high values are underestimated and the low values are overestimated; this 
can be corrected.  

Table 6.17. Measuring range and accuracy of Doppler-Sodar and RASS systems (Neff and 
Coulter 1986)  

horizontal wind velocity 1000 15–50 ± 0.5 m s–1 

vertical wind velocity 1000 15–50 ± 0.2 m s–1 

structure function parameter 1500 2–10 ± 30% 

temperature (RASS) 600 15–50 ± 0.5 K 
boundary layer height 600 2–10 ±10% 
sensible heat flux 500 15–50 ±50 W m–2 

first Sodar devices (Sonic detecting and ranging) by Kallistratova (1959) and 

parameter max. height in m resolution in m accuracy 
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Fig. 6.20. Sodar-RASS system consistent on a “phased-array” Sodar (middle) and two 
radar antenna (Photograph: METEK GmbH) 

Modern Sodars use a “phased-array” measuring system, where a large number 
of loudspeakers are triggered in such a way that the sound pulse can be emitted in 
any direction. Thus, ground echoes and obstacles can be excluded. Also, the emis-
sion of single frequency pulses can be replaced by a continuous multi-frequency 
emission. The measuring frequency must be chosen in such a way that the cross 
sensitivity to the humidity is minimal.  

The combinations of a Sodar and a RADAR (Fig. 6.20) makes the measure-
ment of the temperature field possible (RASS: Radio Acoustic Sounding System). 
In the RASS system, a Sodar emits vertically an acoustic wave, which is observed 
by the radar. Using the propagation speed of the sound wave, the sound tempera-
ture can be determined with Eqs. (4.17) and (6.28). Periodic inhomogeneities 
(turbulence elements) can only be detected if their size is approximately half of 
the wavelength of the sounding signal (Bragg condition). 

While Sodar and Sodar-RASS systems offer reliable data at heights as low as 
10–30 m, wind profilers have their first values at larger heights. The boundary-
layer wind profiler works in the UHF range and is still interesting for micrometeo-
rological applications; however, the tropospheric wind profiler works in the VHF 
rang and gives little data below 500 m. 

Scintillometer 

The so-called scintillometer (Hill 1997; Hill et al. 1980) measures the refraction 
structure function parameter, Cn

2, and offers a method for the determination of the 
sensible heat flux. The bases for this are Eqs. (2.137) and (2.139) as well as other 
parameterizations of the dependency of the sensible heat flux on the temperature 
structure function parameter, CT

2. The measuring principle is schematically 
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illustrated in Fig. 6.21. Temperature or humidity inhomogeneities (IR or micro-
wave scintillometer) cause a scintillation of the measuring beam, which can be 
evaluated.  

Essentially, scintillometers are separated into two classes (DeBruin 2002) the 
large aperture scintillometer (LAS) and the small aperture scintillometer (SAS). 
The latter instrument is commercially available as a displaced-beam small aperture 
laser scintillometer (DBSAS). The LAS works in the IR range, has a measuring 
path length of several kilometers, and can determine only the sensible heat flux. In 
contrast, the DBSAS works with two laser beams over a distance of about 100 m 
(Andreas 1989). These systems can determine also the path-length-averaged tur-
bulence scale, which is associated with the energy dissipation according to Eqs. 
(2.105) and (5.65). By using the TKE equation Eq. (2.41), the direct determination 
of the friction velocity is possible when a stability dependence is taken into ac-
count (Thiermann and Grassl 1992). Note that scintillometers are not able to de-
termine the sign of the sensible heat flux. Additional measurements (temperature 
gradient) are necessary, if the sign is not be simply determined by the daily cycle 
because possibly unclear situations can occur in the afternoon. Scintillometers 
have a sensitivity that is in the middle of the measuring path rather than near the 
transmitter and receiver. This must be taken into account for footprint analyses of 
the measuring sector (Meijninger et al. 2002). Both scintillometer types have been 
successfully used in long-term measuring programs (Beyrich et al. 2002a; De-
Bruin et al. 2002). Relatively new is the microwave scintillometer, which meas-
ures the humidity structure function parameter Cq

2, see Eq. (2.136), and has the 
possibility determining the latent heat flux (Meijninger et al. 2002; 2006).  

 

 
 

Fig. 6.21. Measuring principle of a scintillometer; temperature inhomogeneities in the laser 
beam (left transmitter, right receiver) cause a scintillation of the light 

6.2.6 Other Measuring Techniques 

From the micrometeorological point of view, parameters other than those 
discussed are of special interest. In this section, a short overview of important 
measurements is given. But in some cases, the study of additional literature is 
necessary (Brock and Richardson 2001; DeFelice 1998).  
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Measurements in the Soil 

Soil temperature, soil moisture, and the soil heat flux are especially relevant 
micrometeorological parameters (see Chap. 1.4.2). The soil temperature is a stan-
dard measurement using water-protected thermometers at 5, 10, 20, 50, and 100 
cm depth. Micrometeorological investigations often need an increase of the meas-
urement density close to the surface, e.g. in 2 cm depth. The heterogeneity of the 
soil and the plant cover make the positioning of the sensors difficult.  

The soil moisture as a control parameter for evaporation is of special impor-
tance. The most accurate version for measurement is still the gravimetric method, 
where the soil probe is made with a soil core sampler and the soil is weighted after 
drying at a temperature of 105 °C. The measured water content is the gravimetric 
(θg). Using a cylinder of known volume the volumetric water content (θv) can be 
determined. For a conversion of both parameters, the knowledge of the bulk den-
sity of the soil (dry density ρb) is necessary (ρw water density): 

w

b
gv ρ

ρθθ =  
 

(6.45) 

A special electrical method for dry soil is the use of gypsum blocks, which in-
clude electrodes for measuring the electric conductivity. However, these devices 
must be calibrated individually in the laboratory. Note that the gypsum blocks 
have a strong hysteresis between moistening and drying.  

For not very dry soils, tensiometers are widely used for the determination of the  
soil moisture tension by capillary forces. The measuring technique uses a fine 
porous ceramic cup filled with water and placed in good contact with the moist 
soil. A balance of water pressure develops between the inner and outer sides of the 
cup. Using a glass tube extended into the cup, the pressure can be measured di-
rectly or the tube is closed with a septum and the pressure is measured with punc-
ture devices. The matrix potential, ψ, in the depth, L (distance between the middle 
of the cup and the top of the tensiometer) can be calculated by  

( )bubbleLL −+= 0ψψ  (6.46) 

where L is reduced by the height of the air bubble, Lbubble, in the glass tube. The 
pressure measured in the bubble (negative) is expressed as a length (ψ0). There is a 
soil-type specific and characteristic connection (water tension curve) between the 
matrix potential and the volumetric water content that is used for the calculation. 
The use of tensimeters is diminishing because of the effort needed for the meas-
urements and the indirect calculation.  

Widely used today, is the capacitive TDR-method (time domain reflection). 
The instrument consists of two or more electrodes separated 2–5 cm and put into 
the soil. The dielectric constant is measured by the travel time of an electric wave 
in the medium. The reflection properties are influenced in a characteristic way by 
the soil moisture. Because the electrical field develops over a large soil volume, an 
absolutely exact determination of the measuring height is not possible. With this 
method only the volumetric soil moisture is measured.  
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Soil heat flux can be measured using soil heat flux plates. These consist of two 
metallic plates separated by a layer of resin, which the same heat conductance 
assumed for the soil. The temperature difference measurement between both plats 
is made with thermocouples, where according to Eq. (1.12) the output signal is 
proportional to the soil heat flux. The plates require calibration.  

There are numerous sources of errors for the soil heat flux plates. Especially 
important are the differences of the heat conductivities between the plates and the 
soil and at the edges of the plates, which are insufficiently included in the tem-
perature measurement (van Loon et al. 1998). The first published and widely used 
correction method is the Philip correction (Philip 1961). The correction factor f 
between the measured soil heat flux, QG’, and the soil heat flux through the sur-
rounding soil, QG, is given by 
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, (6.47) 

where ε is the ratio of the heat conductivities λplate / λsoil. H is dependent on the 
geometry of the heat flux plate and for square plates is:  

L
TH 70.11−=  

 
(6.48) 

and for round plates is: 

D
TH 92.11−=  

 
(6.49) 

where T is the thickness of the plate, L is the length of the square plate, and D is 
the diameter of the round plate. The Philip correction is recommended by Fuchs 
(1986), but it is doubted by other authors (van Loon et al. 1998). Also different 
types of plates have significant differences (Sauer et al. 2002). By applying self- 
calibrating heat flux plates (Hukseflux HFP01SC), which determines a correction 
value by using a short and well-defined heating, the Philip correction can be more 
or less in applicable (Liebethal and Foken 2006). In contrast, these sensors (Huk-
seflux HFP01SC and TF01) are less suitable to determine the heat conductance 
and the volumetric heat capacity by in-situ measurements. 

Generally, for micrometeorological measurements only the soil heat flux at the 
surface is necessary. Therefore, according to Eq. (1.14) the storage term above the 
heat flux plate must be determined by additional temperature measurements. It is 
also possible to eliminate the heat flux plates, if in a certain depth according to Eq. 
(1.12) the heat flux can be determined from the temperature gradient. It is recom-
mended to determine the temperature gradient or to locate the heat flux plates at a 
depth of 10–20 cm to reduce errors. Both methods (using soil heat flux plates or 
temperature gradients for determining the storage) have approximately the same 
accuracy in an undisturbed soil profile (Liebethal et al. 2005).  

The volumetric heat capacity, necessary for the determination of the storage 
term, can be determined with the method of de Vries (1963)  



Measurement of Meteorological Elements      215 

 

θwGooGmmGG CxCxCC ,,, ++= , (6.50) 

with the heat capacity of the mineral and organic compounds (CG,m= 1.9·106 J m–3 
K–1, CG,o= 2.479·106 J m–3 K–1) and for water (CG,w= 4.12·106 J m–3 K–1). xm is the 
contribution of mineral components (assumed mineral 2650 kgm–3) and can be 
determined by volume measurements of the soil. For depth up to 20 cm, xo can 
often neglected. The volumetric moisture of the soil is θ and given in m3 m–3 as is 
xm. 

For the calculation of soil heat flux from the temperature gradient, the coeffi-
cient of heat conductance, aG, is necessary:  

TGG Ca ν=  (6.51) 

where υT is the thermal diffusion coefficient and CG is given by Eq. (6.50). 
The thermal diffusion coefficient can also be determined using the method by 

Horton et al. (1983), in which the temperatures sensors are installed at three 
depths (10, 15 und 20 cm) and the temperature difference between two time steps 
(Δt = 1min) is determined:  
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A relatively simple yet reliable approach (Liebethal and Foken 2007) for the 
determination of the soil heat flux was presented by Braud et al. (1993). It based 
on a heat flux measurement at z = 10 cm depth and temperature measurements at 1 
and 10 cm depth as well as an estimate of the soil moisture for the determination 
of the volumetric heat capacity:  
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The time interval for such investigations is ten minutes.  

Measurements at Plants 

Even though measurements at plants are not the task of meteorologists, many 
plant parameters are used for modeling the energy and matter exchange (see Chap. 
5). Probably the most important parameter is the leaf-area-index (LAI), which 
gives the contribution of the leaf surface per area element (see Table 5.11). It can 
be determined by spectral radiation measurements in the photosynthetic active 
range (PAR). Thus, the radiation below leafs will be compared with the radiation 
without any influence of the biomass. Note that the functional response comes into 
saturation for LAI > 5–6, and thus high LAI-values cannot be reliable determined 
with optical methods.  

The leaf area index can be relatively simply determined with remote sensing 
methods. The satellite images must be corrected for atmospheric influences before 
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application to ensure the comparability of different pictures. For evaluation of 
single pictures, this can be done without it (Song et al. 2001). For the determina-
tion of the LAI value the Normalized Difference Vegetation Index (NDVI) is ap-
plied, which is the difference of the spectral channels of the red light (0.63 – 0.69 
µm) and the near infrared (0.76 – 0.90 µm): 

redNIR
redNIRNDVI

+
−=  

 
(6.54) 

Often the vertical distribution of the leaf area density (LAD) is also necessary 
and sometimes even the available leaf mass is of interest, but for this determina-
tion a harvesting of leaves is necessary.  

Direct Evaporation Measurement 

The determination of the evaporation is a very important task. Before starting with 
micrometeorological methods especially in agrometeorology various devices were 
developed such as the evaporimeter according to Piche with absorbent paper as 
evaporation area or the evaporation measuring instrument according to Czeratzki 
with porous clay plates, all of which are no longer used.  

Table 6.18. Coefficient Kp for the determination of the evaporation with the Class-A-Pan 
according to Eq. (6.55) for meadows or grain (in brackets for bare soil) in the vicinity of the 
device (Doorenbos and Pruitt 1977; Smajstrla et al. 2000) 

minimum of the relative humidity at the 
measuring date 

mean wind velocity 
at the measuring date 

extension of the area 
in the surrounding in 
m > 40% < 40% 
1 0.65 (0.80) 0.75 (0.85) 
10 0.75 (0.70) 0.85 (0.80) 
100 0.80 (0.65) 0.85 (0.75) 

low 
≤ 2 ms–1 

1000 0.85 (0.60) 0.85 (0.70) 
1 0.60 (0.75) 0.65 (0.80) 
10 0.70 (0.65) 0.75 (0.70) 
100 0.75 (0.60) 0.80 (0.65) 

moderate 
2.1 to 4.4 ms–1 

1000 0.80 (0.55) 0.80 (0.60) 
1 0.50 (0.65) 0.60 (0.70) 
10 0.60 (0.55) 0.65 (0.65) 
100 0.65 (0.50) 0.70 (0.60) 

strong 
≥ 4.5 ms–1 

1000 0.70 (0.45) 0.75 (0.55) 

For evaporation measurements in agrometeorology lysimeters are applied, 
which are a good direct measuring method if exactly used. The benefit is that 
contrary to micrometeorological measurements, only small areas are necessary.  
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Especially in hydrological networks, evaporation pans are still used, mainly the 
Class-A-Pan (DeFelice 1998). It is a round pan with 1.14 m2 water surface and 0.2 
m water depth. The evaporation is measured by the water loss in the pan, and 
complicated corrections (Linacre 1994; Sentelhas and Folegatti 2003) based on 
wind velocity, air moisture, and water temperature must be made. A greatly sim-
plified but reliable method for daily sums of the evaporation (Smajstrla et al. 
2000) uses the height difference of the water level in the evaporation pan cor-
rected with the precipitation  

( )daymeasuringbeforedayE hhKpQ −=  (6.55) 

(in mm d–1). Corrections factors, which are functions of wind velocity, minimum 
relative humidity, and the conditions in the surrounding environment of the pan 
are given in Table 6.18.  

6.3 Quality Assurance 

Measurements are now widely automatic, and based on modern measuring devices 
and electronic data storage technique. But it is a fallacy to believe this saves man-
power, because uncontrolled measured data have only a low reliability or may be 
worthless. The expense of measurements has moved from manpower for observa-
tion to manpower for quality assurance (QA), which requires measures that are 
formally covered by visual observations. Quality assurance is a package of con-
siderations, which are partly connected each other (DeFelice 1998; Shearman 
1992). 

During the planning of a measuring system, numerous questions must be taken 
into account. This starts with the data user giving clear instructions about the 
measurement resolutions in time and space, the requested representativeness, the 
accuracy, and the availability of the data, etc. This sounds easy, but it is often a 
big problem because users often have little knowledge of measuring methodology 
and technology, and unrealistic requirements can occur. An interdisciplinary and 
iterative planning is necessary before a specification of the parameters can be 
made. This includes the technical parameters of the sensors, the units of the whole 
data sampling, transmitting and storing of the data, and data transfer to the user. 

After this, follows the choice of suitable sensors, measuring places, and data 
systems. Often large differences in price exist for apparently similar sensors. 
Therefore, detailed knowledge of the sensor characteristics and their influence on 
the whole project is necessary. Often in brochures, important information is miss-
ing and cannot be found elsewhere, because many low cost instruments are insuf-
ficiently investigated. Sensor lifetime, maintenance expenditure, and application 
under expected or extreme weather conditions are the deciding factors for high-
end instruments. Sometimes special measuring sensors must be developed. The 
micrometeorological requirements for the measuring places are often so great that 
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compromises are necessary, such as the exclusion of wind sectors or nighttime 
conditions with stable stratification. This must be done in agreement with the user 
requirements. For expensive measuring programs, it is required to test the measur-
ing place with a pre-experiment.  

The largest part of the costs in running an experiment is the necessity for cali-
bration and maintenance. Therefore, the periods for calibration (every 6–12 month 
for most of the systems) and maintenance (from a few days to several weeks de-
pending on the specific maintenance work) must be determined, as well as the 
type of maintenance without data loss. This needs partly also investigation into 
calibration systems. Consideration of work safety is an important issue. In this 
complex, necessary corrections must be included, not only based on the calibra-
tion but also on the weather conditions.  

A very important point is the definition of quality control (QC). This includes a 
possible daily control (visual or partly automatic) so that data failure or other 
defects can be immediately found. Only controlled and marked data must stored in 
the data base or go to the user. Appropriate possibilities are extensively discussed 
in Chap. 6.3.1.  

Because the data quality depends not only on the state of the sensor but also on 
the meteorological constraints, a complex quality management is necessary. Ac-
cordingly, the data should be flagged regarding the data control, if the data have 
the necessary quality for usage, or if it can only be used for orientation. Such a 
system for the eddy-covariance method is shown in Chap. 4.1.3.  

Feedback from the data user on further qualification of the system should not 
be underestimated. It is definitely a duty of the user and the initiator of the meas-
uring program to insure that the data fulfill the desired aims regarding the kind of 
the measurements and their quality. This can require some improvements or even 
reductions of the expenditure. 

Quality assurance is a work package, which should not be underestimated with 
respect to the scope of the experiment. An increased attention for the running of 
the system helps in all cases.  

6.3.1 Quality Control 

Quality control has extremely important considerations. These are the control of 
the measuring data under different points of view, and the signature of the data 
quality depending on the sensor and the meteorological conditions. Finally the 
measuring value gets a quality stamp.  

The quality control can be made in different steps. The first step is the exclu-
sion of missing data and obviously false data especially based on an electronic 
plausibility. The second step is assurance that the measuring values are in the 
range of the measuring devices and in the possible meteorological range, which 
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can change with the season. The resolution of the measuring signal and its de-
pendence on the digitalization must be controlled for the further calculations.  

The meteorological tests follow, where typically comparisons are made with 
other measuring data. Complicated meteorological measurements need test mod-
els, e.g. boundary layer models, which test the combinations of all measured pa-
rameters. As a result of the test, a decision is necessary about the use of a manual 
or an automatic data correction, and the further use of the data. The storage in the 
database follows with a sufficient flagging, and information about the controls 
made, and probably also a quality stamp.  

After the initial tests, which can be automated, special tests on single parame-
ters must be done (Fiebrich and Crawford 2001). The simplest cases are plausibil-
ity tests, e.g. for wind velocity and wind direction as shown in Table 6.19. 

Stronger are the tests on radiation components, which are orientated on other 
meteorological parameters (Gilgen et al. 1994), where at least the components of 
the longwave radiation are visually not easy to access. For the upwelling long-
wave radiation, the test is to see if the radiation is within a certain difference of the 
radiation according to Stefan-Boltzmann law with the body temperature of the 
sensor:  

( ) ( )44 55 KTIKT GG +↑≤≤− σσ  (6.56) 

For strong longwave upwelling radiation during the night or strong heating of a 
dry soil, the threshold value of 5 K must be increased. For the atmospheric down-
welling longwave radiation, the test is related to a black body (dome covered with 
water) and a grey body (clear sky with a radiation temperature of –55°C): 

447,0 GG TIT σσ ↑≤≤  (6.57) 

For shortwave radiation the dependence on astronomical parameters and the 
transmission of the atmosphere is tested. For the reflected shortwave radiation the 
test is made with the albedo (Table 1.1), where the albedo should only be calcu-
lated if the reflected radiation is >20–50 Wm-2, otherwise large measuring errors 
occur.  

For many micrometeorological measurements, it is necessary to test if a devel-
oped turbulent regime is present. For eddy-covariance measurements, this can be 
done with a test on flux-variance similarities (Foken and Wichura 1996), as al-
ready shown in Chap. 4.1.3.  

For large measuring programs, it is possible to compare different measure-
ments. This can be in the simplest case the pure comparison of all wind and tem-
perature data, where thresholds or altitude-dependent functions must be given. 
Also useful is the control of the energy balance, but the residual should be tested 
before selecting the measuring places, the sensors, and the underlying surface. 
This should be taken into account by developing criteria (see Chap. 3.7). Models, 
ranging from analytical up to meso-scale can be used for tests if the measuring 
quantities are consistent with the model (Gandin 1988).  

The quality control of meteorological measurements, especially of larger con-
tinuously measuring systems is still a developing question. Semi-automatic and 
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fully automatic systems are only partly available. This is not only a question of 
software but also of research. Nevertheless, for available systems cases will be 
found where only experts are able to accurately separate meteorological effects 
from errors.  

Table 6.19. Plausibility tests for wind velocity and direction (DeGaetano 1997). Measuring 
values should be deleted if the data fall above or below the given thresholds. 

wind velocity wind direction 
< 0 ms–1  
 < 0° or > 360° 
< threshold velocity  for 1° to 360° 
> threshold velocity for 0° (calm) 
> 60 ms–1 
(height < 600 m a.s.l.) 

 

6.3.2 Intercomparison of Measuring Devices 

Intercomparison experiments are an important requirement for the applications of 
sensors, because calibrations in wind tunnels and climate chambers have only a 
restricted meaningfulness in the turbulent atmosphere. Such experiments also have 
high requirements on the terrain, which must be free of obstacles and guaranties of 
an undisturbed installation of the sensors. The measuring heights should be chosen 
so that the near-surface gradients are small and do not have an influence on the 
measuring result. The sensors for comparison should be in excellent condition and 
should have had a basic calibration.  

Because in meteorology no absolute instruments exist for the comparisons, 
standards must be applied. These are devices, which are proved internationally 
over a long time and have shown constant results in previous comparisons. The 
sensor calibrations specification should be available.  

For radiation measurements at the radiation centers, good standards are available. 
For turbulence measurements, this is a problem because wind tunnel calibrations 
of anemometers cannot simply be transferred to the turbulent flow. Nevertheless 
proven devices should be used, which have taken part in comparison experiments 
for at least 3–5 years.  

The evaluations of comparisons are described with statistical numbers. One is 
the bias 

( ) ( )∑
=

−=−=
N

i
ii xx

N
xxb

1
2121

1
, (6.58) 

where subscript 1 is the device to be compared and subscript 2 the standard (eta-
lon). The comparability gives the differences due to the device and the medium:  
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The precision shows the systematic differences:  

( ) 2
122 bcs −=  

(6.60) 

If the measuring accuracy and the influences of the surrounding medium for 
both devices are nearly equal, a mean regression line can be calculated, which can 
also be used for correction purposes. Note, if there is no real independent device 
available and for correlation coefficient < 0.99, than two regression lines must be 
calculated and averaged.  

The results of in-situ comparison experiments are not comparable with labora-
tory measurements because the stochastic character of atmospheric turbulence and 
many uncontrolled influencing factors always create scatter even for equal sensor 
types. Therefore in Figs. 6.22 and 6.23 examples of a comparison experiment 
under ideal conditions during the experiment EBEX-2000 (Mauder et al. 2007b) 
are shown. In all comparisons, the standard deviation of the vertical wind compo-
nent has the best results. In contrast, comparisons of fluxes are significantly 
poorer, and the largest scatter occurs for the friction velocity. Reasons for this are 
the different spectra of the vertical and horizontal wind velocity, especially with 
respect to the frequency of the maximum of energy. Typical differences for sonic 
anemometers are shown in Table 6.20. 

 

 
Fig. 6.22. Comparison of the standard deviation of the vertical wind of two sonic ane-
mometers of the type CSAT3 during EBEX-2000 according to Mauder (2002) 
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Fig. 6.23. Comparison of the friction velocity of two sonic anemometers of the type 
CSAT3 during EBEX-2000 according to Mauder (2002) 

Table 6.20. Typical differences of different parameters during comparison experiments of 
sonic anemometers, in brackets for the same sensor type (Foken 1990, modified)  

measuring parameter difference in % correlation coefficient 
σw

2 0–10 (0–3) 0.90–0.99 (0.95–0.99) 
σu

2 0–15 (0–5) 0.90–0.95 (0.95–0.98) 
σT

2 5–20 (0–5) 0.90–0.95 (0.95–0.98) 

''uw−  5–25 (2–5) 0.80–0.90 (0.90–0.95) 

''Tw  5–20 (0–5) 0.90–0.95 (0.95–0.98) 

''qw  5–20 (0–5) 0.85–0.95 (0.95–0.98) 

 



7 Microclimatology 

Microclimatology investigates mean states and permanent repeated phenomena on 
the micrometeorological scale. These are small-scale circulation systems such as 
mountain and valley winds, land-sea wind circulations, and katabatic winds. These 
phenomena are the subjects of many textbooks (Bailey et al. 1997; Hupfer and 
Kuttler 2005; Oke 1987; Stull 1988). Therefore, the following Chapter does not 
provide a comprehensive overview, but rather discusses some typical microclima-
tological phenomena. These phenomena are present under special weather situa-
tions, and influence the small-scale climate in typical ways. Many of these local 
effects are described only in regional publications. The impressive wind system of 
the foene is not described because it exists on the larger meteorological scale.  

7.1 Climatological Scales 

The scales of climate are not as strict and uniform as those of meteorology, as 
proposed by Orlanski (1975). The term microclimate is often applied to space 
scales up to 100 m as in micrometeorology. It follows that mesoclimate has an ex-
tension of up to 100 km which is about one class of scales lower in comparison to 
Orlanski’s (1975) classes in meteorology (Hupfer 1991). In the small-scale range, 
terms such as urban climate, topo or area climate (Knoch 1949), ecoclimate, local 
climate, and others are usual. A comparison of different classifications is given in 
Table 7.1, where the classifications by Kraus (1983), formerly used in the Western 
part of Germany, and Hupfer (1989) are most likely comparable to the classifica-
tions by Orlanski (1975). The term microscale is often used for the much smaller 
scales. In what was formerly East Germany, the microscale classification applied 
to scales below 1 m (Böer 1959). 

Table 7.1. Different classifications of climatological scales (Hupfer 1991) 

km Orlanski (1975) Böer (1959) Kraus (1983) Hupfer (1989) 
104 makro-β large climate macro range  global climate 

103 meso-α range synopt. range zonal climate 

102 meso-β   
101 meso-γ local climate 

meso- 
range 

landscape climate 

100 mikro-α range micro range plot climate 

10–1 mikro-β  topo range small scale climate 
10–2 mikro-γ    

10–3   
10–4  

micro climate range 
 

border layer  climate 
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Fig. 7.1. The climate system in the macro, meso and micro scale (Hupfer 1996) 

Figure 7.1 is an illustration of the various climate scales and the phenomena 
associated with them. Microclimate is mainly associated with processes in the 
surface layer, e.g. energy and matter exchange, radiation processes close to the 
ground surface, effects of the underlying surface, etc. However, cumulus convec-
tion is not considered a part of the microclimate. 

7.2 Small-Scale Changes of Climate Elements  

Microclimatological effects often result in strikingly different phenomena if the cli-
mate elements have relevant differences for certain weather situations or at certain 
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time periods. Elements such as global and diffuse radiation in the absence of 
clouds show little climatological differences; however, differences can occur in 
mountainous regions. Exceptions may occur if long-duration local circulation 
systems are connected with clouds (see Chap. 7.3). For example, in the summer 
cumulus clouds will develop only over the land during a land-sea breeze. In the 
winter, the opposite effect occurs, i.e. clouds develop over the warmer sea.  

Large-scale pressure fields cause wind speed and direction; however, the to-
pography or obstacles near the measuring station also influence the winds, and 
these can lead to small-scale climate differences. Similar effects occur for precipi-
tation where differences often cannot be clearly separated from measuring errors.  

Air temperature and moisture in a uniform air mass and at the same altitude 
show very little differences, except for nights with high longwave up-welling ra-
diation and cooling. Thus, the temperature minima near the ground may show re-
markable differences (see Chap. 7.4). Similar results are found for the net radia-
tion, which may be very variable on small scales due to the dependence on the 
albedo and the surface humidity.  

Relevant climate elements in microclimatology are listed in Table 7.2. It is 
shown under which circumstances hardly any microclimatologically-caused dif-
ferences occur.  

Table 7.2. Microclimatological relevant climate elements  

climate element range and reason of microcli-
matological differences  

hardly microclimatological 
differences 

global and diffuse radiation hardly available unlimited horizon, no clima-
tological caused clouds  

net radiation partly significant due to differ-
ences in albedo and surface 
temperature  

unlimited horizon and uniform 
underlying surface 

wind velocity and wind direc-
tion  

partly significant in complex 
terrain and in the case of ob-
stacles  

faces and no obstacles 

temperature (general) and air 
humidity 

often small open location 

minimum of the temperature partly significant, especially in 
valleys and hollows (also in 
very small scales) 

open location 

precipitation partly significant but mostly in 
the range of the measuring er-
ror  

open location 

large fetch over uniform sur-
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7.3  Microclimate Relevant Circulations 

7.3.1 Land-Sea Wind Circulation 

Land-sea wind circulations arise form weak background winds and large tempera-
ture differences between land and sea. The heating over the land generates low-
pressure areas with rising air. For compensation, cold air from the sea forms a sea 
breeze. Above the sea, is a high-pressure area with descending air, i.e. subsidence. 
The sea breeze front penetrates inland distances ranging from a few decameters up 
to kilometers, and causes remarkable temperature differences over small areas, il-
lustrated in Fig. 7.2. After the beginning of the land-sea wind circulation, the tem-
perature at the beach may be unpleasantly cool, while a little distance inland 
pleasant temperatures are found. During the night, these relations are opposite but 
less developed. 
 

 
Fig. 7.2. Temperature cycle at the beach of Zingst (Baltic Sea, broken line) and 200 m inland 
with offshore wind of 4-7 ms–1 over land on May 17, 1966 according to Nitzschke (1970) from 
Hupfer (1996)  

7.3.2 Mountain-Valley Circulation 

Cooling during the night caused by radiation is the reason that cold air from 
mountaintops and slopes descends under gravity into valleys and fills cold-air res-
ervoirs. If drainage winds pass through narrow valleys, a considerable katabatic 
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wind can be occur. The strongest katabatic wind are found in Antarctica (King and 
Turner 1997). On smaller scales, katabatic flows have a significant role (see. 
Chap. 7.4).  

 

 
Fig. 7.3. Schematic view of the mountain-valley circulation (Stull 1988)  
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During the day, the valley and the slopes are heated faster than the mountain-
tops (low wind velocities, less air exchange), and warm air moves upward along 
the slopes. These flows slowly lift the inversion layer until the mixed layer is fully 
developed. This process is illustrated in Fig. 7.3 following the classical paper by 
Defant (1949). 

The strength of the katabatic wind can be determined from the temperature dif-
ference between the cold air flowing downlsope and the surrounding area. Apply-
ing a local equilibrium between bouyancy/surpression and stress the velocity of 
the katabatic flow is (Stull 2000) 

( ) 2
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⎞
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h is the depth of the cold air layer, CD is the drag coefficient, α is the angle of in-
clination of the slop, g is the acceleration due to gravity, T is the surrounding air 
temperature, and TK is the temperature of the cold air layer. Also, Eq. (7.1) can be 
added as a buoyancy term into the Navier-Stokes equation Eq. (2.1). 

7.4  Local Cold-Air Flows 

Cold-air flows are the most spread of the microclimtological phenomena. Source 
areas include, for example, open hilltops, forested slopes, and other inclined sur-
face areas. The cold-air flow can be imagined as a flow of compact air parcels that 
can be interrupted or damped by obstacles. With a trained eye, the relevant cold-
air flows can be localized according to the form of the landscape and the vegeta-
tion. This assessment can be made using a classification. Steps of the classification 
are detailed in Tables 7.3 and 7.4. The verifications can be made with well-aimed 
measurements (see Chap. 7.5). At very high risk, are cold air nights with strong 
longwave radiation due to cloudless skies. This is especially the case following 
synoptically-caused cold air advection (e.g. Three Saints’ Days, a European 
weather phenomenon occurring in May). Two useful preventive measures are 
sprinkling with water so that more energy is necessary for the freezing of the wa-
ter droplets, and fogging with smoke so that the cooling by long-wave radiation is 
above the plant canopy. 

Cold-air flows can have a strong effect on urban climate. Because the buildings 
and streets within a city have high heat capacities, urban air cools more slowly at 
night than the surrounding rural areas forming a heat island. If cold air is able to 
flow into a city, the heat island effect can be reduced. Green areas in cities are of-
ten very small and separated by buildings, and are therefore unable to produce e-
nough cold air for the surrounding areas. Urban parks and grasslands should be 
larger than 200x200 m2 and wet (Spronken-Smith and Oke 1999; Spronken-Smith 
et al. 2000). 
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Besides the importance of cold-air flows in urban climate, the properties of the 
heat island are relevant. To investigate both, special measurements are necessary, 
as described in Chap. 7.5, because classical climate maps cannot describe all the 
processes. For special bioclimatological investigations, Table 7.5 gives some sug-
gestions for assessment criteria by the superposition of heat, pressure, and ventila-
tion (Gerth 1986).  

An impressive example of a small-scale cold-air flow is shown in Fig. 7.4. For 
a slope with an inclination angle of 2°, the measured temperatures at 5 cm height 
are shown along a 100 m transect from a radiation-cooling forest, to a knoll in an 
open meadow, and to a groove. The cooling effect of the longwave radiation was 
about 6 K and with the additional cold-air flow of 8 K ground frost was observed. 
However, the air temperature at 2 m height in the open meadow was never below 
7°C. Such local cold-air flows can be found by a visual assessment. 

 
 

 
 

Fig. 7.4. Temperature plot on a night at a slope with 2° inclination between the point knoll and 
groove (150 m away) in the Ecological-Botanical Garden of the University of Bayreuth on May 
14, 1998  

Table 7.3. Classification of the frost risk  (cloudiness <2/8, wind velocity < 3 ms–1) accord-
ing to Schumann (personal communication) 

2 normal condition –1 to +1 K 
3 weak to moderate frost risk –2 to –4 K 
4 high to very high frost risk –5 to –8 K 

risk class indication comparison to normal 

1 favored +1 to +5 K 
conditions 
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Table 7.4. Risk class according to the relief of the terrain according to Schumann (personal 
communication) 

relief form cold air inflow, 
production 

cold air drainage risk class* 

closed basin existing – 3 
ground of the valley, low slope existing weak 3 
ground of the valley, moderate 
slope 

existing moderate 3 

plates, Δh > 10m – – 2 
slope, low inclination (1–3°) – moderate 2 
slope, high inclination (>15°) – very good 1 
hills h > 50 m,  
inclination > 10° 

– very good 1 

* marshy soil +1 

Table 7.5. Superposition of criteria for a bioclimatological assessment (Gerth 1986) 

 high moderate low 
bioclimatological  
pressure: 
heat pressure > 25 days ≤ 25 days 
wind velocity < 2 m s–1 ≥ 2 m s–1 
frequency of inversions > 30% a–1 

all other  
combinations 

≤ 30% a–1 
ventilation:  
wind velocity ≥ 2 m s–1 all other  

combinations 
< 2 m s–1 

 
Cold-air generation in valleys augmented by cold-air flows can lead to radia-

tion fog if the air is cooled below its dew point. After the generation of the fog, the 
strongest cooling by radiation occurs at the top of the fog. Because of this, the 
coldest temperatures are no longer found in the valley but along the slopes above 
the fog. The reduced longwave radiation from the ground causes a lifting of the 
fog, and in the low radiation season this is the reason for daylong low stratus 
within closed valleys or basins.  

A special form of the fog is sea smoke, a cumulus-like cloud of some meters in 
thickness. This is generated by cold air flowing over warmer water. Because this 
convective effect can happen only for water-air temperature differences greater 
than 10 K (Tiesel and Foken 1987), sea fog occurs most often in late spring, when 
small lakes are already warm, or in autumn and early winter over large lakes or the 
oceans.  
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7.5  Microclimatological Measurements 

Microclimatological measurements have a high relevance for consulting activities 
(see Chap. 7.4). They are necessary for urban and health-spa climate assessments. 
Also, many applications are found in agriculture, for example assessing frost risk 
in orchards and vineyards. Engineers with different degrees of experience often 
make these assessments. Assessments made using single situations are not suffi-
cient for a generalization. It is important to find those processes that are relevant 
to the observations. Therefore, the special conditions of the near-surface layer dis-
cussed in Chap. 3 must be taken into account. Predominantly, only relevant state 

are only a few approaches where atmospheric stability and turbulent fluxes are 
considered. These are important parameters that must be compared for instance in 
assessing deposition potential.  

Microclimatological measurements cannot be done independently from cli-
matologically measurements. This means that climatologically measurements 
must be made first. This requires the selection of a relevant basic climate station 
with measurements over many years and made by meteorological services. Fur-
thermore, measurements in the area of investigation over 1 to 2 years are neces-
sary to transfer the climatological data to this area. Such station can be small 
automatic weather stations, which should be placed at relevant points according to 
the classification of the landscape. The real microclimatological measurements are 
made with moving instrument packages such as cars, vans etc. or intensive field 
campaigns. Therefore, it is necessary that a weather situation must be chosen dur-
ing which the phenomena being investigated are clearly seen. For cold-air risk in-
vestigations, clear nights after cold air advection are necessary. During these mo-
bile measurements, the vehicles stop at the relevant measuring stations to correct 
the temporal trends. Mobile measurements can be supported by thermal pictures 

missing wind information, which is important for the dynamics of the processes. 
Otherwise, there is a risk that single measurements can be over interpreted, which 
are absolutely different for other wind conditions.  

Vertical soundings of the atmospheric boundary layer with balloons or indirect 
measuring technique (Sodar) may be useful. The aim is to study the local devel-
opment of inversion layers and therefore the dilution of emitted air pollutions and 
depth of the exchange volume.  

In heavily built up areas, radiation measurements are also necessary, e.g. the 
measurements of the reflected shortwave radiation or the longwave emitted radia-
tion close to buildings. Because of climate change, these effects have an increas-
ing relevance during hot summer days. In the last few years, the contribution of 
turbulent fluxes have been not only been better understood, but also measured in 
many urban experiments (Rotach et al. 2005).  

parameters are mapped out, e.g. cold-air flows or the heating of city centers. There 

from aircraft. These are not alternatives to mobile measurements because of the 



8 Applied Meteorology 

In the previous chapters, the basics of applied meteorology as defined in Chap. 1.1 
were presented. In this chapter, some examples of applications are presented 
which are imported for practical work. Certainly, all countries have their own 
standards and other rules for expert reports, methods, and software programs; thus, 
in this chapter we can give only some hints that are not greatly different form the 
German regulations, which are also available in English and given in Appendix 
A7.  

8.1 Distribution of Air Pollution 

The simplest models for the distribution of air pollution are Gaussian models. A 
more precise calculation needs a more sophisticated boundary layer model as de-
scribed in the literature (Arya 1999; Blackadar 1997). Of micrometeorological 
relevance, is the determination of the stratification, and so measurements in the 
surface layer are necessary. The following air pollution situations which depend 
on wind velocity and stratification are typical and can be observed, (Blackadar 
1997; Kraus 2004): 
- For high wind velocities the turbulent eddies are small and the plume of pol-

lutants in the atmosphere expands quickly. Note that for wind velocities abo-
ve 6 ms–1, nearly always neutral stratification can be assumed.  

- If the size of the turbulent eddies approximately equals the width of the plu-
me, then serpentine forms of sideways and up-and-down movements of the 
plume occur. This is typical for low wind and sunny conditions and is referred 
to as looping. 

- For smaller eddies, instead of looping the plume shape is conical, and is re-
ferred top as coning. 

- An almost completely horizontal distribution of the plume exists for only low 

the ground surface. This condition is referred to as fumigation. 
The estimation of the stratification is made using stability classes. These 

classes are based on meteorological observations or on the stability-dependent 
fluctuation of the wind direction. (Note that for averaging of wind directions, the 
jump between 360° and 0° must be taken into account!) If the wind direction fluc-
tuation parameters are not observed, then a parameterization with the mixed layer 
zi, the roughness parameter z0, and integrated stability function ψ(z/L), dependent 

movements of air and on clear nights. This condition is referred to as fanning. 
- In the case of an inversion layer and neutral or slightly unstable stratification 

near the surface, as in the morning hours, the plume can come in contact with 

on the Obukhov-length L, are possible (Blackadar 1997): 
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With this and Table 8.1, the stability classes according to Pasquill (1961) can 
be determined. Note that in complex terrain the standard deviation of the wind di-
rection is greater than that over flat terrain and a more unstable stratification is 
predicted. In the case of available direct measurements of the stratification, these 
should have priority.  

An estimation of the stratification is also possible with the wind speed, the ra-
diation, and the cloudiness (Table 8.2). The comparison of different stability 
classes is of special interest because the Pasquill classes are not used in all coun-
tries. In Germany, for example, the classes according to Klug-Manier (Klug 1969; 
Manier 1975) are used. A comparison including the Obukhov length is given in 
Table 8.3. With the methods to measure the energy exchange given in Chap. 4 or 
the models given in Chap. 5, the necessary stratification for dispersion models can 
be determined. 

The dispersion of air pollutions can be described with probability density func-
tions (Arya 1999; Blackadar 1997): 
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For a three dimensional distribution follows:  
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For a point source with constant emission rate Q dt and constant horizontal 
wind velocity the distribution density function is:  

( )
dtu

xF 1=  (8.4) 

For the transverse horizontal and vertical distributions, the Gaussian distribu-
tion functions are used:  

Table 8.1. Definition of the Pasquill classes with the standard deviation of the wind direction 
(Blackadar 1997) 

Pasquill class description  σφ_ 
A extreme unstable 25 
B unstable 20 
C light unstable 15 
D neutral 10 
E light stable 5 
F stable 2.5 
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Table 8.2. Determination of the Pasquill stability class from meteorological parameters 
(Blackadar 1997) 

irradiation at day cloudiness at night surface 
wind 
m s–1 

strong moderate low thin clouds  
or ≥ 4/8 

 
≤ 3/8 

< 2 A A–B B   
2 A–B B C E F 
4 B B–C C D E 
6 C C–D D D D 
> 6 C D D D D 

 Table 8.3. Comparison of different stability classes  

 
 
very unstable V A – 30 – 0.33 
unstable IV B – 100 – 0.1 
neutral to 
light unstable 

III/2 C – 300 – 0.033 

neutral to 
light stable 

III/1 D  
(neutral) 

5000 0.002 

stable II E  
(light stable) 

250 0.04 

very stable I F 
(stable) 

60 0.17 
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The concentration distribution can be also calculated with Fick’s diffusion law:  
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The parameterization of the diffusion coefficients is made with error functions 
(see also Eq. (3.2)): 

tKtKtK zuyuxu zyx
222 222 === σσσ  (8.8) 

The concentration distribution for constant source strength and horizontal wind 
speed in x-direction is given by: 

Klug/Manier Pasquill Obukhov 
length L 

z/L  
for z=10 m 
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In the case of no meteorological data, the standard deviations of the wind com-
ponents can be parameterized with micrometeorological approaches as described 
in Chap. 2.4.1. 

Presently, a number of dispersion models are available. One widely distributed 
model is that developed by Gryning et al. (1983), which is the basis for the foot-
print model by Schmid (1997). Differences of various models are the parameteri-
zation of the wind components and the applications of three-dimensional wind 
fields in flat and complex terrain. Recent and more sophisticated models use nu-
merical boundary layer approaches with parameterizations of the profiles of the 
turbulent wind components rather than the Gaussian distribution functions.  

8.2 Meteorological Conditions of Wind Energy Use  

In the beginning of wind energy use, meteorology was especially important in the 
investigations of the operational requirements and efficiency. The reason for this 
is that the capacity of wind power stations depends on the cube of the wind speed, 
u. Thus, slightly higher wind speeds make a significant higher wind power capac-
ity (F: area covered over by the rotor, ρ: air density): 

3

2
uFP ρ=  

 
(8.10) 

A first comprehensive study to the meteorological aspects of wind energy use 
was presented by the World Meteorological Organization (WMO 1981). In that 
study, the remarkable influence of the surface roughness and internal boundary 
layers were mainly discussed (see Chaps. 3.1 and 3.2). 

Significant benefits for the meteorological support of wind energy were made 
with the European Wind Atlas (Troen and Peterson 1989). The basis for expert re-
ports on the capacity of wind power stations is the Weibull frequency distribution, 
where the skewness of the wind velocity distribution is well presented for k < 3.6. 
Using this distribution function, the power density can be determined:  

( )kFAP P
3=  (8.11) 

The Weibull parameters A and k and the distribution FP(k) are tabulated for wind 
direction classes for all relevant meteorological stations. The basic idea of the 
wind atlas is to correct long-term climate measurements of meteorological refer-
ence stations regarding local influences, and to determine Weibull distributions 
that are free of these influences for these reference stations. For an expert review 
of a new location of a wind power station, the nearest reference station is used and 
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the Weibull distribution will be corrected by the local influences of the location. 
From this, the possible wind power capacity of the new station can be estimated. 

Some of the correction methods used are of general interest (compare also 
Chap. 3.3). One method is the determination of the surface roughness, which is 
dependent on the distribution of obstacles. For a uniform distribution of obstacles 
it follows  

HA
Shz 5,00 = , (8.12) 

where h is obstacle height, S is the area of the cross section of the obstacle in wind 
direction, AH is the mean horizontal area where AH >> S). Over the ocean, the 
Charnock-equation Eq. (3.5) is used, and over land only four roughness classes are 
applied (sand/water, agricultural area with an open image, agricultural area with a 
complex image, and built-up areas/suburban areas). For the averaging of the 
roughness parameter, a special area averaging method was developed (Table 3.2). 
The method used for the determination of the wind shadow behind an obstacle 
was already discussed in Chap. 3.3. Furthermore, the wind atlas includes a current 
model, which also can calculate the increase of the wind speed over hills.  

In Europe and other regions, the European Wind Atlas together with the appli-
cation software is presently applied in expert reviews. It is designed for flat lands, 
and has only limited use for mountain regions. In mountain regions, the very com-
plex turbulence and flow structures cause a high mechanical pressure on the wind 
power station, and the operation is not always optimal relative to the turbulence 
spectra (Hierteis et al. 2000).  

The determination of the wind energy potential over a large area is made with 
meso-scale models (Mengelkamp 1999). The increasing use of wind energy pro-
duction in hilly regions, large wind parks, and off-shore requires further meteoro-
logical research and a specific recommendation because these questions are insuf-
ficiently covered in the wind atlas.  

8.3 Sound Propagation in the Atmosphere 

The propagation of sound in the atmosphere is an important issue because of in-
creasing noise pollution for example by vehicle traffic on roads and aircraft. The 
noise is very disturbing during the night; however, these periods are not included 
in laws and are also insufficiently investigated from the scientific point of view. 

,
,

vp cc
pc

=
= ρ

 (8.13) 

The sound velocity can be determined in the dry atmosphere with the Laplace-
equation 

dγ

dγ
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where p is the air pressure. From the application of the ideal gas equation, which 
requires that the sound pressure ps << p and the frequency of the free molecule 
movement fs <<105 kHz, and µd = 28.97 kg kmol–1, follows: 

dLdd TRc μγ=  (8.14) 

For moist air: 
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The sound velocity of moist air can also be determined as an additional term in 
the sound velocity for dry air: 
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for t < 30°C, e/p < 4 % 

 

(8.16) 

Due to the strong vertical gradients of wind and temperature near the ground 
surface, there are gradients of the sound velocity, which can cause deflections of 
sound either to or from the surface 

dz
du

dz
dT

dz
dc ϕcos6.0 += , 

 
(8.17) 

where φ: angle of the sound direction to the vertical direction. 
Consequently, sound deflection to the ground is connected with an increase of 

the sound velocity with the height. This happens when the temperature increase 
with the height (inversion), and the deflection is stronger downwind of the sound 
source than upwind. The opposite case occurs for unstable stratification, where the 
sound deflection is upward and increases more upwind of the sound source than 
downwind. Downwind of the sound source, shadow zones are found near the 
ground surface. The situations are illustrated in Fig. 8.1.  

The international standards (ISO 1996) combine the meteorological influences 
on sound velocity into a mean measure, which represents neutral and slightly un-
stable stratification. But the sound propagation in the stable case is complex, espe-
cially when the sound is deflected to the ground and the atmosphere is divided into 
many thin layers. Sound can follow these layers without significant damping. In-
creasing traffic-generated sound is connected with increasing noisiness especially 
at night. This connection is not adequately reflected in laws and assessment pro-
cedures. Micrometeorologist can help solve such problems, but the ability to de-
scribe stable stratification conditions is limited (see Chap. 3.6).  
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Fig. 8.1. Sound propagation close to the surface (VDI 1988) 

8.4 Human Biometeorology 

Human biometeorology describes the specific influence of weather and climate on 
people (Hentschel 1982; Tromp 1963). This is separated into effect complexes: 
The thermo effect complex includes temperature, humidity, wind velocity, short-
wave, and long-wave radiation. The actinic effect complex includes the visible and 
ultraviolet radiation with a direct biological effectiveness (no heating). The air hy-
gienic effect complex includes solid, liquid, and gaseous natural and anthropo-
genic air pollution. Furthermore noise, wind, and smells affect humans. 

Fanger (1972) developed a Predicted Mean Vote (PMV) to combine the effects 
of these complexes on humans as an empirical heat balance equation. This is a 
very complex empirical function, which includes the internal heat production, the 
heat isolation by clothing, the air temperature, the water vapor pressure, the radia-
tion temperature of the surface, and the wind velocity:  
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(8.18) 

For the determination of the PMV, the internal heat production per unit area is 
H/ADu, in Wm–2, where H is the sum of the total energy turnover (metabolic 
value), and M is the mechanical energy. From these values, the energy loss by the 
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In Germany, the model for the PMV calculation is called Klimamichel (a word 
meaning the plane honest German) model (Höppe 1984, 1992; Jendritzky et al. 
1990) which is shown schematically in Fig. 8.2. The calculations are based on a 
uniform man or woman. Therefore single values have no great significance. But 
frequency distributions give information about the heat stress in different regions. 
A transformation of the PMV index into a simple value for the heat stress on a 
human is the physiological equivalent temperature (PET, Höppe 1999) given in 
degrees centigrade. A comparison of both parameters is given in  

With the PET index, urban climatologically and climatologically classifications of 
larger areas can be described (Matzarakis et al. 1999). 

 

 
Fig. 8.2. Illustration of the PMV determination with the Klimamichel model (VDI 1998) 

diffusion of water vapor through the skin QEd, the evaporation of sweat QEsw, the 
latent QEa and the sensible heat loss QHa by respiration, the convective heat loss 
QH, and the longwave radiation loss I↑ are subtracted. The equations are bulk 
equations similar to Eq. (4.24) to (4.26) and the Stefan-Boltzmann equation Eq. 
(1.4), but the coefficients used are not comparable. The normalization of the equa-
tion is made in such a way that PMV values of ± 0.5 are related to comfort condi-
tions. The range from 0 to –3.5 is related to increasing cold stress, and from 0 to 
3.5 to increasing heat stress.  

Table 8.4. These values also include related feeling classes and stress factors. 



Human Biometeorology      241 

 

Table 8.4. Comparison table of the Predicted Mean Vote (PMV) and the physiological equiva-
lent temperature (PET) and related feelings and stress effects (Matzarakis and Mayer 1997) 

PMV PET 
in °C 

thermal feeling physiological 
pressure class 

  very cold extreme cold stress 
–3.5 4   
  cold strong cold stress 
–2.5 8   
  cool moderate cold stress 
–1.5 13   
  slightly cool light cold stress 
–0.5 18   
  comfortable no heat pressure 
0.5 23   
  slightly warm light heat pressure 
1.5 29   
  warm moderate heat pressure 
2.5 35   
  hot strong heat pressure 
3.5 41   
  very hot extreme heat pressure 
 

  
Fig. 8.3. Determination of the sticky range according to Hentschel (1982) in the modification by 
Hupfer (1996)  

For the feeling of the stress due to the weather, which can also be different be-
cause of microclimatological effects, the cooling effect of the wind velocity (wind 
chill) and the sticky feeling are very meaningful parameters. The wind chill 
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temperature is a hypothetic temperature for which under calm conditions the skin 
passes the same amount of heat for a given temperature and wind velocity. Re-
cently, the wind chill temperature has been repeatedly modified (Osczevski and 
Bluestein 2005; Osczevski 2000; Tikusis and Osczevski 2002; 2003), and is used 
from the American Meteorological Service in the following form:  

1
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,

3965.037.116215.012.13
−

− +−+=

hkminuCint

ututt
o
ChillWind  

(8.19) 

The stickiness depends on the air temperature and the air moisture. In Fig. 8.3 
the sticky range is dependent on the wet temperature measured with an aspirated 
psychrometer. 

8.5 Perspectives of the Applied Meteorology 

It should be noted that the methods used in applied meteorology are often phe-
nomenological or work with simple parameterizations. This may be in contrast to 
detailed theoretical explanations found in this book. This can be explained by the 
engineering work in applied meteorology, which uses simple analytical relations. 
In air pollution and wind energy investigations, in addition to simple standards 
numerical models are more often applied. The international tendency is to replace 
the description of state variables with the description of processes. Modern flux 
measuring methods and measuring devices as described in Chaps. 4 and 6 are in-
creasingly being applied. The limiting application conditions of the methods in ar-
eas with obstacles and in complex terrain have been overcome with a quality as-
sessment of the data and a combination of in-situ and wind tunnel measurements. 

This book should be a basis for increasing the theoretical and experimental lev-
els of applied meteorology. In this period of climate change, it is important to 
make qualitative statements, but it is even more important to make quantitative 
statements. Therefore basic knowledge is necessary.  
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A1 Further Monographs 

Following monographs are listed, which are recommended for a further study. 
These are limited on micrometeorological and measuring technique textbooks.  
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Arya, SP (2001) Introduction to micrometeorology. Academic Press, San Diego, 415 pp. 
Bailey, WG, Oke, TR, Rouse, WR (Editors) (1997) The surface climate of Canada. Mc 

Gill-Queen's University Press, Montreal, Kingston, 369 pp. 
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New York, 286 pp. 
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bridge, 316 pp. 
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Springer, Berlin, Heidelberg, 467 pp. 
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Kaimal, JC, Finnigan, JJ (1994) Atmospheric boundary layer flows: Their structure and 

measurement. Oxford University Press, New York, NY, 289 pp. 
Kantha, LH, Clayson, CA (2000) Small scale processes in geophysical fluid flows. Aca-

demic Press, San Diego, 883 pp. 
Lee, X, Massman, WJ, Law, B (Editors) (2004) Handbook of micrometeorology: A guide 

for surface flux measurement and analysis. Kluwer, Dordrecht, 250 pp. 
Monteith, JL, Unsworth, MH (1990) Principles of environmental physics. Edward Arnold, 

London, 291 pp. 
Oke, TR (1987) Boundary layer climates. Methuen, New York, 435 pp. 
Stull, RB (1988) An Introduction to boundary layer meteorology. Kluwer Acad. Publ., 

Dordrecht, Boston, London, 666 pp. 
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Further Measuring Technique Literature 

Bentley, JP (2005) Principles of measurement systems. Pearson Prentice Hall, Harlow, 528 
pp. 

Brock, FV, Richardson, SJ (2001) Meteorological measurement systems. Oxford University 
Press, New York, 290 pp. 

DeFelice, TP (1998) An introduction to meteorological Instrumentation and measurement. 
Prentice Hall, Upper Saddle River, 229 pp. 

Dobson, F, Hasse, L, Davis, R (Editors) (1980) Air-sea interaction, Instruments and meth-
ods. Plenum Press, New York, 679 pp. 

Kaimal, JC, Finnigan, JJ (1994) Atmospheric boundary layer flows: Their structure and 
measurement. Oxford University Press, New York, NY, 289 pp. 

A2 Use of SI-Units 

The following table includes important SI-units used in the book. The basic units 
are bold highlighted. 

 
name SI-unit unit calculation 

length meter m  
time second s  
velocity  m s–1 1 km h–1 = (1/3.6) m s–1 
acceleration  m s–2  
mass kilogram kg  
density  kg m–3  
impulse  kg m s–1 1 kg m s–1 = 1 N s 
force Newton N 1 N = 1 kg m s–2 
pressure, friction  Pascal Pa 1 Pa = 1 N m–2 

1 Pa = 1 kg m–1 s–2  
air pressure hektopascal hPa 1 hPa = 100 Pa 
work, energy Joule J 1 J = 1 N m = 1 W s  

1 J = 1 kg m2 s–2 
power Watt W 1 W = 1 J s–1 = 1 N m s–1  

1 W = 1 kg m2 s–3 
energy flux density  W m–2 1 W m–2 = 1 kg s–3 
temperature Kelvin K  
Celsius-temperature  °C 0°C = 273.15 K 
temperature difference  K  
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A3 Constants and Important Parameters 

Even though the accuracy of meteorological measurements is at most only 3–5 
significant digits, the following physical constants are given with errors expressed 
in ppm, because sometimes in the literature different values are reported. 

The values listed are taken from the 1986 calculations of Cohen and Taylor 
(1986) and the international temperature scale ITS-90 as given by Sonntag (1990):  

 
constant symbol value error 
standard values    
standard air pressure p0 1013.25 hPa  
standard temperature T0 273.15 K = 0°C  
temperature of the triple point of water  273.16 K  
acceleration due to gravity at lat.. 45° g 9.80665 m s–2  
general constants    
velocity of the light in vacuum c 299 792 458 m s–1 exact 
Planck’s constant  h 6.626 0755(40) 10–34 J s 0.60 
physical-chemical constants    
Avogadro number NA 6.022 1367(36) 1023 mol–1 0.59 
atom mass 12C/12 mu 1.660 5402(10) 10–27 kg 0.59 
universal gas constant R 8.314 510(70) J mol–1 K–1 8.4 
Boltzmann constant R/NA k 1.380 658(12) J K–1 8.4 
molar volume (ideal gas) RT0/p0 22.414 10(19) l mol–1 8.4 
Stefan-Boltzmann constant σSB 5.670 51(19) 10–8 W m–2 K–4 34 
Wien’s constant λmax T 2.897 756(24) 10–3 m K 8.4 
thermo-dynamical constants    
molar mass of dry air ML 0.028 9645(5) kg mol–1 17 
molar mass of water vapor  MW 0.018 01528(50) kg mol–1 27 
ratio MW/ML γ 0.62198(2) 33 
gas constant of dry air RL 287.058 6(55) J kg–1 K–1 19 
gas constant of water vapor RW 461.525 (13) J kg–1 K–1 29 

 
The following quantities are valid for 1013.25 hPa and 15°C, if no other remark 

is given (Stull 1988): 
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quantity symbol value re-
mark 

air    
specific heat of dry air at constant pres-
sure 

(cp)L 1004.67 J kg–1 K–1 

 
1) 

specific heat of moist air at constant 
pressure 

cp = cpL (1+0.84 q), q in kg kg–1  

specific heat of dry air at constant vol-
ume 

(cv)L 718 J kg–1 K–1 1) 

ratio of the specific heats (cp/cv)L  = 7/5 = 1.4 1) 
ratio of the gas constant and the specific 
heat for dry air 

(RL/cp)L  = 2/7 = 0.286 1) 

density ρL 

ρL0 

1.225 kg m–3 
1.2923 kg m–3

 
1) 

kinematic molecular viscosity υ 1.461 10–5 m2 s–1  
molecular thermal conductivity υT 2.06 10–5 m2 s–1  
dynamic molecular viscosity µ=ρL/υ 1.789 10–5 kg m–1 s  
molecular thermal diffusivity aT= 

υT·ρL·cPL 

2.53 10–2 W m–1 K–1  

psychrometric constant (water)  6.53 10–4 (1+0.000944 t‘) p K–1 2) 
psychrometric constant (ice)  5.75 10–4 p K–1 2) 
water and water vapor    
specific heat of water vapor at constant 
pressure 

(cp)W 1846 J kg–1 K–1 

 
 

specific heat of water vapor at constant 
volume 

(cv)W 1389 J kg–1 K–1 

 
 

ratio of the specific heats (cp/cv)W  = 4/3 =1.333  
ratio of the gas constant and the specific 
heat  

(RL/cp)W  = 1/4 = 0.25  

density of water ρW 1025 kg m–3  
latent heat of vaporization λ (2.501 –0.00237 t) 106 J kg–1  
other quantities    
Coriolis parameter f 1.458 10–4 sin φ s–1 1) 
solar constant S energy units: 

– 1368 W m–2 
kinematic units: 
– 1.125 K m s–1 

3) 

g0 9.80 m s–2  
1) identical data in Landolt-Börnstein (Fischer 1988) according to WMO recommendations 
2) Sonntag (1990) 
3) Glickman (2000) and Houghton (2001) 

, 0°C 

constant gravity acceleration 
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Temperature dependent quantities (Fischer 1988): 

specific heat capacity 
in 103 J kg–1 K–1 

latent heat 
in 106 J kg–1 

temperature 

ice 
  

water 
 

vaporization fusion sublimation 

–20 1.959 4.35 2.5494 0.2889 2.8387 
–10 2.031 4.27 2.5247 0.3119 2.8366 
 0 2.106 4.2178 2.50084 0.3337 2.8345 
 5  4.2023 2.4891   
 10  4.1923 2.4774   
 15  4.1680 2.4656   
 20  4.1818 2.4535   
 25  4.1797 2.4418   
 30  4.1785 2.4300   
 35  4.1780 2.4183   
 40  4.1785 2.4062   

A4 Further Equations 

Calculation of Astronomical Quantities 

In some applications, it is often necessary to determine the solar inclination angle 
as a function of time. The following approximations for some of these calculations 
must be applied in several steps: 

To determine the declination of the sun, δ, the latitude of the sun, φs, must first 
be calculated (Holtslag and van Ulden 1983) 

( )DOYDOYS 0175.0sin033.00175.0871.4 ++=ϕ , (A1) 

where DOY is the day of the year where the 1st of January has the number 1. 
The declination angle is given by: 

( )Sϕδ sin398.0arcsin=  (A2) 

To determine the position of the sun, the “hour angle” h 

d

H

t
th

Δ
= π2

 
 

(A3) 

must be calculated which gives the angular difference between δ and the zenith of 
the sun (Liou 1992), where tH is the time distance to culmination of the sun in 
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seconds and Δtd = 86400 s is the duration of a full rotation of the Earth. It is 
necessary to apply the equation of time (EQT), which gives the difference be-
tween the true and the averaged local time. From tables of the time equation 
(Neckel and Montenbruck 1999) for 15° E and 50 °N and the year 2000 Göck-
ede (2000) calculated an approximation equation: 

n

n
n DOYxEQT ∑

=

=
12

0

 
(A4) 

The coefficients are listed in the following table: 
 
n xn n xn 

12 1.67050145E-27 5 –3.35088054E-09 
11 –3.94339477E-24 4 2.29121835E-07 
10 4.05537695E-21 3 –9.77373856E-06 
9 –2.37686237E-18 2 1.23393733E-04 
8 8.72332216E-16 1 6.69458473E-03 
7 –2.07900028E-13 0 4.87707231E-02 
6 3.25188650E-11   
 

The time distance to culmination of the sun, tH, for Central European Time is 
given by  

( ) 3600
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where t: time in hours, and λ is longitude. 
With the latitude ψ in radians of a location, the angle of inclination of the sun 

can be determined for any time: 
hcoscoscossinsinsin ψδψδϕ +=  (A6) 

To determine the incoming extraterrestrial radiation at the upper border of the 
atmosphere from the solar constant the variability of the distance between the sun 
and the Earth must be taken into account 
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where r0 is the mean distance of the Earth from the Sun (149 597 870.66 km) and 
r is the actual distance. The ratio of both can be determined according to Hart-
mann (1994) as a Fourier series 
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with 
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265
2 DOY

d
πθ =  (A9) 

where in the case of a leap year the denominator is 266. The coefficients for 
Eq. (A8) are given in the following table: 
 
n an bn 

0 1.000110  
1 0.034221 0.001280 
2 0.000719 0.000077 

Universal Functions 

Even though the universal function formulated by Businger et al. (1971) and later 
modified by Högström (1988) are widely used, knowledge of other universal func-
tions may be quite useful for different research activities. The following table is 
based on works of Dyer (1974), Yaglom (1977), Foken (1990), and Andreas 
(2002). The values the von-Kármán constant, κ, used in the formulations are 
given. The notation, 0.40*, indicates that the original function was re-calculated 
by Högström (1988) using κ =0.40. 
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reference κ universal function for momentum exchange 
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reference κ universal function for the exchange of sensible heat, α0 =1 
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L
z

L
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Tschalikov (1968) 0.40 04.017.51 >+ L
z

L
z  

 
 



A4 Further Equations      251 

 
reference κ universal function for the exchange of sensible heat, α0 =1 
Zilitinkevich and Tscha-
likov (1968) 
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reference κ universal function for the exchange of sensible heat, α0 =1 
Skeib (1980), see also: 
Foken and Skeib (1983) 
and Foken (1990) 
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reference κ Universal function for the energy dissipation 
Wyngaard and Coté 
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reference κ Universal function for the energy dissipation 

Frenzen and Vogel 
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Integral Turbulence Characteristics in the Surface Layer 

reference 
*u

uσ  
*u

vσ  stratification 

Lumley and 
Panofsky 
(1964), Panof-
sky and Dutton 
(1984) 

2.45 1.9 neutral, unstable 

McBean (1971) 2.2 1.9 unstable 

Beljaars et al. 
(1983) 

2.0 1.75 unstable 
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reference 

*u
uσ  

*u
vσ  stratification 

Sorbjan (1986) 2.3  stable 

Sorbjan (1987) 2.6   

Foken et al. 
(1991) 
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reference 
*u

wσ  
*T

Tσ  stratification 

Lumley and 
Panofsky 
(1964), Panof-
sky and Dutton 
(1984) 

1.45  neutral, unstable 

McBean (1971) 1.4 1.6 unstable 

Panofsky et al. 
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Beljaars et al. 
(1983) 
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Sorbjan (1987) 1.5 3.5 stable 

Foken et al. 
(1991) 
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reference 
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Foken et al. (1991; 
1997a) 
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A5 Overall View of Experiments 

Experiments for the Investigation of the Surface Layer 

The following table lists the important micrometeorological experiments which 
gave special consideration of the surface layer (Foken 1990; Foken 2006a; Garratt 
and Hicks 1990; McBean et al. 1979); in this table ITCE means International 
Turbulence Comparison Experiment. 

 
experiment location, time reference 

O’Neill O’Neill, USA 

1953 

Lettau (1957) 

Kerang Kerang, Australien 

1962 

Hay Hay, Australien 

1964 

Swinbank and Dyer (1968) 

Hanford Hanford, USA 

1965 

Businger et al. (1969) 

Wangara  Hay, Australia 

1967 

Hess et al. (1981) 
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experiment location, time reference 

KANSAS 1968 Kansas, USA. 

1968 

Izumi (1971) 

ITCE-1968 Vancouver, Canada 

1968 

Miyake et al. (1971) 

ITCE-1970 Tsimlyansk, Russia 

1970 

Tsvang et al. (1973) 

Koorin Koorin, Australia 

1974 

Garratt (1980) 

ITCE-1976 Conargo, Australia 

1976 

Dyer (1982) 

ITCE-1981 Tsimlyansk, Russia Tsvang et al. (1985) 

Lövsta Lövsta, Sweden 

1986 

Högström (1990) 

Experiments Over Heterogeneous Landscapes 

In the last 30 years, many micrometeorological experiments were conducted over 
heterogeneous landscapes and also included boundary layer processes and air 
chemical measurements (Mengelkamp et al. 2006, added). 

  
experiment location, time reference 

HAPEX-MOBILHY France 1986 André et al. (1990) 

FIFE Kansas, 1987–1989 Sellers et al. (1988) 

KUREX-88 Kursk, Russia 1988 Tsvang et al. (1991) 

HAPEX-SAHEL Niger, 1990–1992 Goutorbe et al. (1994) 

SANA Eisdorf, Melpitz, Germany, 1991 Seiler (1996) 

EFEDA Spain 1990–1991 Bolle et al. (1993) 

BOREAS Canada, 1993–1996 Sellers et al. (1997) 

SHEBA Arctic 1998 Uttal et al. (2002) 

LITFASS-98 Lindenberg, Germany, 1998 Beyrich et al. (2002b) 

CASES-99 Kansas, USA 1999 Poulos et al. (2002) 

EBEX-2000 near Fresno CA, USA, 2000 Oncley et al. (2007) 

LITFASS-2003 Lindenberg, Germany, 2003 Beyrich and Mengelkamp 
(2006)  

1981
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Other Experiments Referred to in the Text 

The following table gives some information about further experiments mentioned 
in this book. 

 
experiment location, time reference 
Greenland Greenland, summer 1991 Ohmura (1992) 
FINTUREX Neumayer station, Antarktica, Jan.–

Febr. 1994 
Foken (1996), Handorf et al. 
(1999) 

LINEX-96/2 Lindenberg, Germany, 
June 1996 

Foken et al. (1997a) 

LINEX-97/1 Lindenberg, Germany, 
June 1997 

Foken (1998b) 

WALDATEM-2003 Waldstein, Germany, 
May–July 2003 

Thomas and Foken (2007a) 

A6 Meteorological Measuring Stations 

In Chap. 6.2, different types of meteorological measuring stations were defined 
(Table 6.1). The measuring parameters of these stations (VDI 2006a) are given in 
the following table, where X indicates necessary parameters and o indicates desir-
able additional parameters. The measuring parameters include air temperature (ta), 
air moisture (fa), wind velocity (u), precipitation (RN), global radiation (G), net ra-
diation (Qs). surface temperature (tIR), photosynthetic active radiation (PAR), soil 
temperature (tb), soil heat flux (QG), air pressure (p), state of the weather (ww), 
sensible heat flux (QH), latent heat flux (QE), deposition (Qc), shear stress (τ). 

 
The most important parameters are: 

type of the station ta fa u dd RN G QS p ww 

agrometeorological X X X X X X o o  

micrometeorological  X X X X X o  o o 

micrometeorological with 
turbulence measurements 

X X X X X o X o  

air pollution  o o X X  X o o o 

immission measuring  X X X X X X    

disposal site  X X X X X o X   

noise measuring  X  X X      

traffic measuring   X X X     o 
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type of the station ta fa u dd RN G QS p ww 

hydrological  o o o  X  o   

forest climate  X X X X X X o   

nowcasting  X X X X X o  o X 

hobby  X X o o    o  

 
Additional parameters measured at selected stations are:  

agrometeorological  o X X o     

micrometeorological          

micrometeorological with 
turbulence measurements 

    o X X o X 

air pollution         o 

immission measuring           

disposal site           

noise measuring           

traffic measuring o  o       

hydrological           

forest climate   o o o      

nowcasting           

hobby           

A7 Micrometeorological Standards used in Germany 

In Germany, Austria, and Switzerland meteorological measuring techniques and 
some applied meteorological methods are standardized. Some of these standards 
were incorporated in the international ISO standards. Because these standards are 
available in English, only the most important standards are given. The relevant 
standards appear in volume 1B of the “VDI/DIN Handbook on Keeping the Air 
Clean” (Queitsch 2002; VDI 2006b): 

 
VDI/DIN sheet content 
3781 2, 4 Dispersion of pollutants in the atmosphere; stack heights 
3782 1, 3, 5, 7 Environmental meteorology - Atmospheric dispersion 

models 

type of station tIR PAR tb fb QG QH QE Q τ



VDI/DIN sheet content 
3783 1, 2, 4, 5, 6, 8, 

9, 10, 12 
Dispersion of pollutants in the atmosphere; dispersion of 
emissions by accidental releases  

3784 1, 2 Environmental meteorology; cooling towers 
3786 1–17 Environmental meteorology – Meteorological 

measurements 
3787 1, 2, 5, 9,10 Environmental meteorology – Climate and air pollution 
3788 1 Environmental meteorology – Dispersion of odorants 
3789 2, 3 Environmental meteorology – Interactions between 

atmosphere and surfaces 
3790 1, 2, 3 Environmental meteorology – Emissions of gases 
3945 1, 3 Environmental meteorology – Atmospheric dispersion 

models 
 
Because of a lack in the literature on meteorological measuring systems, the 

VDI/DIN 3786 (Sheets 1–17) and the relevant ISO standards may be of interest to 
a wide readership: 

 
VDI/DIN title 
DIN ISO 16622 Meteorology – Sonic anemometers/thermometers – Acceptance test 

methods for mean wind measurements (ISO 16622:2002) 
DIN ISO 17713-1 Meteorology – Wind measurements – Part 1: Wind tunnel test methods for 

rotating anemometer performance (ISO 17713-1:2007) 
DIN ISO 17714 Meteorology – Air temperature measurements – Test methods for 

comparing the performance of thermometer shields/screens and defining 
important characteristics (ISO/DIS 17714:2004) 

VDI 3786 Sheet 1 Environmental meteorology – Meteorological  
measurements – Fundamentals 

VDI 3786 Sheet 2 Environmental meteorology – Meteorological measurements concerning 
questions of air pollution – Wind 

VDI 3786 Sheet 3 Meteorological measurements concerning questions of air pollution; air 
temperature 

VDI 3786 Sheet 4 Meteorological measurements concerning questions of air pollution; air 
humidity 

VDI 3786 Sheet 5 Meteorological measurements concerning questions of air pollution; global 
radiation, direct solar radiation and net total radiation 

VDI 3786 Sheet 6 Meteorological measurements of air pollution; turbidity of ground-level 
atmosphere standard visibility 

VDI 3786 Sheet 7 Meteorological measurements concerning questions of air pollution; 
precipitation 

VDI 3786 Sheet 8 Meteorological measurements; concerning questions of air pollution; 
aerological measurements 
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VDI 3786 Sheet 9 Environmental Meteorology – Meteorological measurements – Visual 
weather observations 

VDI/DIN title 

VDI 3786 Sheet 
10 

Environmental meteorology; measurement of the atmospheric turbidity 
due to aerosol particles with sunphotometers 

VDI 3786 Sheet 
11 

Environmental meteorology; determination of the vertical wind profile by 
Doppler SODAR systems 

VDI 3786 Sheet 
12 

Environmental meteorology – Meteorological measurements – Turbu-
lence measurements with sonic anemometers 

VDI 3786 Sheet 
13 

Environmental meteorology – Meteorological measurements – Measur-
ing station 

VDI 3786 Sheet 
14 

Environmental meteorology – Ground-based remote sensing of the wind 
vector – Doppler wind LIDAR 

VDI 3786 Sheet 
15 

Environmental meteorology – Ground-based remote sensing of visual 
range – Visual-range lidar 

VDI 3786 Sheet 
16 

Environmental meteorology – Measurement of atmospheric pressure 

VDI 3786 Sheet 
17 

Environmental meteorology – Ground-based remote sensing of the wind 
vector – Wind profiler radar 

A8 Available Eddy-Covariance Software 

The following software can be used for eddy-covariance measurements (VDI 
2008) and some of them were compared in Mauder (2008; 2007b): 

 
name reference 

EdiRe The University of Edinburgh 

Institute of Atmospheric and Environmental Science 

Crew Building, The King's Buildings 

West Mains Road 

EDINBURGH EH9 3JN 

http://www.geos.ed.ac.uk/abs/research/micromet/EdiRe/ 

 ECPack Department of Meteorology and Air Quality 

Wageningen University and Research 

Duivendaal 2 

NL 6701 AP Wageningen 

http://www.met.wau.nl/index.html?http://www.met.wau.nl/projects /jep/ 

 
VDI/DIN title 
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 name reference 

EddyMess Dr. Olaf Kolle 

Max-Planck-Institute for Biogeochemistry 

Hans-Knöll-Str. 10 

D-07749 Jena, Germany 
TK2 University of Bayreuth 

Dept. of Micrometeorology 
D-95440 Bayreuth, Germany 
http://www.bayceer.uni-
bayreuth.de/mm/de/software/software/software_dl.php 

A9 Glossary 

Advection: Transport of properties of the air (momentum, temperature, water va-
por, etc.) by the wind. As a rule, horizontal transport is understood. Because of 
advection, air properties change in both horizontal coordinates, and the conditions 
are no longer homogeneous. Vertical advection is the vertical movement air due to 
mass continuity rather than buoyancy, i.e. convection.  

Atmospheric window: Frequency range of electromagnetic waves, which pass 
through the atmosphere with little absorption. Within this frequency range, remote 
sensing methods of the surface properties can be applied. The most important at-
mospheric windows are in the visible range from 0.3 to 0.9 μm, in the IR-range 
from 8 to 13 μm, and in the microwave range for wave lengths greater than 1 mm. 

Bolometer: A device for measuring radiant energy by using thermally-
sensitive electric sensors (thermocouple, thermistor, platinum wire).  

Calm: State of the atmosphere with no discernible air motion. The calm-
threshold is the threshold speed of cup anemometers, which is about 0.3 ms–1. A 
wind direction can not be determined under these circumstances.  

CET: Abbreviation of Central European Time. It is the mean local time at 15° 
longitude, and differs from UTC by 1 h. 

Clausius-Clapeyron equation: Clapeyron 1834 established and Clausius 1850 
gave the reasons for the equations for the temperature dependence of equilibrium 
water-vapor pressure at saturation. Because of the equation’s strong exponential 
dependence on temperature, the atmosphere can take significantly more water at 
high temperatures than at lower temperatures, and therefore can store more latent 
heat.  

A9 Glossary



262      Appendix 

Climate element: Meteorological and other parameters that characterize (sin-
gly or in combinations) different climate types. These are state variables and 
fluxes. 

Coherence: In generally, coherence is a constant phase relation between two 
waves. Coherent structures in atmospheric turbulence research are velocity, tem-
perature, and other structures, which are significantly larger and longer-lived than 
the smallest local eddies (e.g. squall lines, convective cells). 

Coriolis force: Fictitious force in a rotating coordinate system, and named after 
the mathematician Coriolis (1792–1843). It is a force normal to the velocity vector 
causing a deflection to the right in the Northern hemisphere and to the left in the 
Southern hemisphere. 

Coriolis parameter: Twice the value of the angular velocity of the Earth for a 
certain location of the latitude φ: f=2 Ω sin φ. At the equator f = 0, on the Northern 
hemisphere positive and on the Southern hemisphere negative.  

Dissipation: Conversion of kinetic energy by work against the viscous stresses. 
Under turbulent conditions, it is the conversion of the kinetic energy of the small-
est eddies into heat. 

Element, meteorological: see climate element 
Entrainment: Exchange process at the top of the atmospheric boundary layer, 

and is due to the actions of eddies that are smaller than those in the mixed layer.  
Fetch: Windward distance from a measuring point to a change of the surface 

properties or an obstacle; extent of a measuring field for micrometeorological re-
search.  

Froude number: Dimensionless ratio of the inertia force to the gravity force 
Fr=V2 L–1 g–1 where V is a characteristic velocity and L is a characteristic length. 
For flow over hills, L is the characteristic distance between hills or obstacles. In 
these cases, the external Froude number with the Brunt-Väisälä frequency N is 
used, see Eq. (3.36): Fr= V N–1 L–1. 

Gas constant: Proportionality factor of the equation of state for ideal gases, 
and is expressed in mol. In meteorology, the gas constant is expressed in mass 
units, and a special gas constant for dry air is used. In moist air, the temperature in 
the equation of state must be replaced by the virtual temperature (see below). 

Hysteresis: The change between two states that depends on the way the change 
occurs, for example, the characteristics of a moisture sensor are different for wet-
ting and drying. 

Inversion: An air layer where the temperature increases with the altitude in-
stead of the usual decrease. Inversions are of two types; surface inversion due to 
longwave radiation from the ground, and elevated or free inversions e.g. at the top 
of the atmospheric boundary layer.  

Kelvin-Helmholtz instability: A dynamic instability caused by strong wind 
shear resulting in breaking waves or billow clouds (Sc, Ac lent). Typically, these 
occur at inversions or above hills. They also can occur over obstacles and forests.  

Leaf area density: The vertical probability density function of the leaf area.  
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Leaf area index: Ratio of the leaf area (upper side) within a vertical cylinder to 
the bottom area of the cylinder.  

Low-level jet: Vertical band of strong winds in the lower part of the atmos-
pheric boundary layer. For stable stratification, the low-level jet develops at the 
upper border of the nocturnal surface inversion. Typical heights are 100–300 m, 
and sometimes lower. 

Matrix potential: A measure of the absorption and capillary forces of the solid 
soil matrix on the soil water. Its absolute value is called tension. 

Mixed layer: A layer of strong vertical mixing due to convection resulting in 
vertically-uniform values of potential temperature and wind speed but decreasing 
values of moisture. It is often capped by an inversion layer (see above).  

MLT: Abbreviation for Mean Local Time. Time related to the meridian of the 
location and for all locations of the same longitude. The mean local time is the so-
lar time measured from the lower culmination of the sun. It is calculated by addi-
tion of 4 min to the universal time (UT) for each degree of longitude in eastward 
direction (Brockhaus 2003). 

Parameterization: Representation of complicated relations in models by more 
simple combinations of parameters, which are often only valid under certain cir-
cumstances.  

RLT: Abbreviation for Real Local Time. It is the time related to the meridian 
of all points on the same longitude. The real local time is the solar time measured 
from the daily lower culmination of the sun and changes with the time equation, 
which is the difference between the real and the mean solar time. The time equa-
tion is positive if the real solar time earlier culminates than the mean solar time 
(sun day). It changes between –14 min 24 s (approx. middle of February) and +16 
min 21 s (approx. beginning of November). For an approximation relation see A4 
(Brockhaus 2003). 

Rossby similarity: In the free atmosphere, the Rossby number is the ratio of 
the inertial force to the Coriolis force. In the atmospheric boundary layer, the 
roughness Rossby number is the ratio of the friction velocity to the Coriolis pa-
rameter, Ro=u*/(f z0). The friction Rossby number is an assessment of the 
ageostrophic component of the wind. 

Stability of the stratification: The static stability separates turbulent and lami-
nar flow conditions depending on the gradient of the potential temperature (see be-
low). If the potential temperature decreases with height, then the stratification is 
unstable, but if it increases with height, then the stratification is stable. Due to the 
effects of vertical wind sheer, the statically-stable range is turbulent up to the criti-
cal Richardson number. 

Temperature, potential: The temperature of a dry air parcel that is moved 
adiabatically to a pressure of 1000 hPa, see Eq. (2.60).  

Temperature, virtual: The temperature of a dry air parcel if it had the same 
density as a moist air parcel. The virtual temperature is slightly higher than the 
temperature of moist air, see Eq. (2.69).  
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Transmission: Permeability of the atmosphere for radiation. The radiation can 
be reduced e.g. by gases, aerosols, particles, and water droplets.  

UTC: Abbreviation for Universal Time Coordinated, a time scale based on the 
international atomic time by setting the zero point to the zero meridian (Green-
wich Meridian) , with the mean solar day as a basic unit. It is the basis for political 
and scientific time (Brockhaus 2003). 

Wind, geostrophic: Wind above the atmospheric boundary layer where pres-
sure gradient force and Coriolis force (see above) are in equilibrium.  
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A 
Absorption coefficient, 206 
Advection, 116, 261 
Ageostrophic method, 28 
Air pollution, 233 
Aktinometer, 191 
Albedo, 11 
Albedometer, 191 
Analogue to digital converter, 180 
Anemometer 
 cup, 193 
 hot wire, 193 
 laser, 193 
 propeller, 193 
 sonic, 193, 198 
Ångström’s equation, 14 
Area averaging, 174 
Assmann’s aspiration  

psychrometer, 201 
Astronomical quantities, 247 
Austausch coefficient, 22 
 
B 
Basic Surface Radiation  

Network, 190 
Bias, 220 
Biometeorology, human, 239 
Blending height, 77, 175 
Bolometer, 261 
Boundary layer 
 atmospheric, 6 
 internal, 71 
 laminar, 7, 162 
 molecular, 7, 162 
 stable, 6 
 thermal internal, 76 
Boussinesq-approximation, 27 
Bowen ratio, 49 

Bowen-ratio method, 125 
 modified, 129 
Bowen-ratio similarity, 49, 91 
Bragg condition, 211 
Brunt-Väisälä frequency, 101, 172 
Buckingham’s Π-theorem, 42 
Bulk approach, 31, 123 
Buoyancy, 29 
 flux, 115 
Burst, 89 
 
C 
Calm, 261 
Charnock approach, 64, 171 
Class-A-Pan, 217 
Clausius-Clapeyron’s equation,  

155, 261 
Climate 
 area, 223 
 local, 223 
Closure techniques, 31 
Cloud genera, 14 
Coherence, 262 
Cold-air flow, 228 
Comparability, 220 
Concentration distribution, 235 
Conditional sampling, 140 
Conductivity thermal molecular, 16 
Constant flux layer, 6 
Constants, 245 
Convection, free, 52, 78 
Coordinate rotation, 109 
Coriolis force, 29, 262 
Coriolis parameter, 51, 262 
Correction 
 buoyancy flux, 114 
 crosswind, 115, 129 
 density, 115 
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 precipitation, 208 
 specific heat, 116 
 spectral, 113 
 WPL-, 115 
Cosine response, 195 
Counter gradient, 89 
Coupling 
 atmosphere and plant canopies, 97 
 model, 178 
 
D 
Dalton approach, 154 
Dalton number, 123 
Damköhler number 
 Kolmogorov-, 149 
 turbulent, 149 
Data collection, 179 
Deardorff velocity, 36, 52, 171 
Decibel, 180 
Declination, 247 
Deposition 
 dry, 147 
 moist, 147 
 wet, 147 
Dew point, 41 
Dewfall, 23 
Diffusion coefficient, turbulent, 163 
Diffusivity, molecular thermal, 16 
Displacement height, see Zero-plane 

displacement 
Dissipation, 20, 262 
Distance constant, 186 
DNS, see Simulation, direct 

numerical 
Drag coefficient, 123 
Dyer-Businger relation, 44, 49 
 
E 
Ecoclimate, 223 
Eddy, turbulent, see Turbulence, 

element 
Eddy-accumulation method, 140 
 hyperbolic relaxed, 142 
 modified relaxed, 141 
 relaxed, 140, 142 
Eddy-correlation method, 105, 138 

Eddy-covariance method, 27, 30,  
99, 105 

 disjunct, 144 
Eddy-covariance software, 260 
Einstein’s summation notation, 26 
Ejection, 89 
Ekman layer, 6 
Element 
 climate, 224, 262 
 meteorological, 188, 262 
Energy, turbulent kinetic, 35 
Energy balance 
 closure, 23, 101 
 Earth’s, 10 
Energy dissipation, 173 
 dimensionless, 57 
Energy spectrum, 55 
Entrainment, 6, 262 
Equation 
 barometric, 39 
 turbulent energy, 35 
Equation of motion, 25 
 turbulent, 26 
Equation of time, 248 
Error 
 dynamic, 187 
 radiation, 201 
 wind, 208 
Etalon, 190 
Euler number, 29 
Eulerian length scale, 53 
European Wind Atlas, 236 
Evaporation, 9, 24 
 actual, 157 
 FAO reference, 160 
 potential, 154 
Evaporation measurements, 216 
Evaporimeter, 216 
Evapotranspiration, 24 
Exchange, turbulent, 18 
Experiment, 255 
 
F 
f-correction, 193 
Fetch, 262 
Fick’s diffusion law, 235 
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Flux 
 aggregation, 174 
 turbulent, 37, 103 
Flux-gradient similarity, 37 
Flux-variance 
 relation, 138 
 similarity, 50 
Footprint, 82, 105 
 model, 83, 236 
Force-restore method, 17 
Forest, 92 
Fourier transformation, 55 
Frequency, normalized, 21 
Friction velocity, 37 
Frost risk, 229 
Froude number, 172, 262 
Function 
 autocorrelation, 59 
 universal, 44, 46, 249 
 
G 
Gap filling, 120 
Gas constant, 262 
Geopotential, 39 
Ground heat 
 flux, 9, 15 
 storage, 15 
Ground water, 24 
Gust, 89 
Gustiness component, 171 
 
H 
Haar wavelet, 119 
Heat capacity, volumetric, 16, 215 
Heat flux 
 latent, 8, 37 
 sensible, 8, 37 
Height, geopotential, 39 
Holtslag-van Ulden approach, 162 
Humidity 
 absolute, 41 
 measurements, 200 
 relative, 41 
 scale, 42 
 specific, 41 
 units, 41 

Hydrometeorology, 24 
Hygrometer 
 capacity, 200 
 closed-path, 207 
 dew point, 200 
 IR-, 107, 200 
 Krypton, 207 
 Lyman-alpha, 207 
 open-path, 207 
 UV-, 107, 200 
Hysteresis, 262 
 
I 
Inertia force, molecular, 29 
Inflection point, 89 
Interception, 24 
Intercomparison, 220 
Intermittency, 99 
Inversion, 262 
 capping, 6 
IR-thermometer, 191 
Isotropy, local, 53 
 
K 
K-approach, 32 
Kelvin-Helmholtz instability, 95, 262 
Klimamichel, 240 
Kolmogorov’s microscale, 20,  

53, 172 
 
L 
Lambert-Beer’s law, 206 
Land-sea wind circulation, 226 
Laplace equation, 237 
Laplace transformation, 184 
Large-eddy simulation, 172 
Leaf-area index, 66, 69, 159,  

215, 263 
Length scale, turbulent, 53 
Lloyd-Taylor function, 121 
Logger, 179 
Louis approach, 170 
Low pass filter, 179, 182 
Low-level jet, 263 
Lupolen dome, 190 
Lysimeter, 216 
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M 
Magnus’s equation, 41 
Matrix potential, 263 
Measurement,  

microclimatological, 231 
Measuring station, meteorological, 

188, 257 
Meteorology, 1 
 applied, 2 
 environmental, 2 
Michaelis-Menton function, 120 
Micrometeorology, 1 
 history, 3 
Mixed layer, 6, 263 
Mixing layer, 95 
Mixing length, 33 
Mixing ratio, 41 
Model, 153 
 big leaf, 164 
 large scale, 170 
 LES, 172 
 multilayer, 162 
 spectra, 57 
 SVAT, 164 
Momentum flux, 37 
Monin-Obukhov’s similarity  

theory, 42 
Mosaic approach, 176 
Mountain-valley circulation, 226 
Multiplexer, 179 
 
N 
Navier-Stokes equation, 25,  

173, 228 
NDVI, 216 
Net radiometer, 192 
New equilibrium layer, 72 
Noise, 181 
Nusselt number, 202 
Nyquist frequency, 181 
 
O 
Oasis effect, 23 
Obstacle, 79, 237 
Obukhov length, 43, 47 
Ogive, 113 

O’KEYPS function, 44 
Over sampling, 179 
Overspeeding, 195 
 
P 
Parameter aggregation, 174 
Parameterization method, 130 
Parametrization, 263 
Penman approach, 156 
Penman-Monteith approach, 158 
Philip correction, 214 
Planar-fit method, 111 
Power approach, 136 
Power spectrum, 55 
Prandtl layer, 6 
Prandtl number, 37, 168 
 turbulent, 32, 38 
Precipitation, 24 
 measurements, 208 
Precision, 221 
Predicted mean vote, 239 
Priestley-Taylor approach, 155 
Profile equation, 165 
 neutral stratification, 37 
Profile method, 123, 132 
Profile, in plant canopies, 68 
Propagation, sound, 237 
Psychrometer, 201 
Pyranometer, 192 
Pyrgeometer, 191 
Pyrheliometer, 191 
 
Q 
Quality assurance, 217 
 eddy-covariance method, 118 
 profile method, 134 
Quality control, 218 
 
R 
Radar, 211 
Radiation, 8 
 diffuse, 191 
 direct sun, 189 
 extraterrestrial, 248 
 global, 11, 191 
 heat, 11 
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 longwave, 8, 11, 189 
 PAR, 190, 215 
 shortwave, 8, 11, 189 
 sun, 11 
Radiation measurements, 189 
Radiation shield, 201 
Radiometer, 191 
Radix layer, 138 
Rain gauge, 208 
RASS, 210 
Residual layer, 6 
Resistance, canopy, 165 
Resistance approach, 164 
Reynolds number, 29 
 roughness, 63, 169 
Reynolds’s decomposition, 26 
Reynolds’s postulate, 26 
Richardson number, 29, 47 
 bulk, 47, 170 
 critical, 48 
 flux, 47 
 gradient, 47 
Rossby number, 29 
Rossby similarity, 51, 263 
Roughness, 61 
 height, 41, 62, 124 
  effective, 63 
  for scalars, 42 
 length, see Roughness, height 
 parameter, see Roughness, height 
 sublayer, 91 
Runoff, 24 
 
S 
Sample and hold circuit, 180 
Sampling 
 frequency, 181 
 theorem, 181 
Sand roughness 
 equivalent, 63 
Scale 
 aerodynamic, 67 
 atmospheric, 4 
 climatological, 223 
 geometric, 67 

Schmidt number, 38 
 turbulent, 38 
Scintillometer, 211 
Sea smoke, 230 
Shear stress, 37 
Similarity, scalar, 92 
Simulation, direct numerical, 173 
SI-units, 244 
Smagorinsky-Lilly  

parametrization, 173 
Sodar, 210 
Soil-vegetation-atmosphere-transfer 

model, 164 
Sound speed, 197 
Source-weight function, 82 
Spikes, 108 
Sprung’s psychrometric  

equation, 205 
Standards, German, 258 
Stanton number, 123 
Stefan-Boltzmann law, 12 
Stomata resistance, 159 
Stratification, 45, 263 
 stable, 99 
Stratification class 
 Klug-Manier, 234 
 Pasquill, 234 
Structure 
 coherent, 89, 92 
 organized turbulent, 104 
 ramp, 92 
Structure constant, 58 
Structure function, 59 
 parameter, 58 
  refraction, 59, 211 
  temperature, 58, 211 
Sublayer, dynamical, 7 
Sublayer-Stanton number, 167 
Sub-range, inertial, 20, 54 
Sunshine autograph according to 

Campbell-Stokes, 14 
Surface, heterogeneous, 71 
Surface layer, atmospheric, 1 
Surface renewal method, 145 
Sweep, 89 
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T 
TDR-method, 213 
Temperature 
 dimensionless, 162 
 physiological equivalent, 240 
 potential, 40, 263 
 sonic, 114, 197 
 virtual, 114, 197, 263 
Temperature measurements, 200 
Temperature scale, 42 
Tensiometer, 213 
Tetens’ equation, 41 
Thermistor, 205 
Thermocouple, 203 
Thermometer 
 bimetal, 200 
 mercury, 200 
Tethersonde, 187 
Tile approach, 176 
Tilt correction, 109 
Time 
 Central European, 261 
 mean local, 263 
 real local, 263 
 Universal Coordinated, 264 
Time constant, 185, 201 
TKE-equation, 35 
 dimensionless, 54 
Topoclimate, 223 
Transfer function, 183, 194 
Transilient theory, 34 
Transmission, 264 
Transpiration, 24 
Turbulence 
 atmospheric, 19 
 characteristics, integral, 50, 253 
 element, 18 
 frozen, 20 
 near surface, 61 

 spectrum, 19 
 spectrum, 52 
Turc approach, 154 
 
U 
u*-criterion, 121 
Upper layer, 6 
 
V 
Vegetation 
 high, 87 
 index, 216 
Velocity 
 convective, 36 
 deposition, 149 
 dimensionless, 162 
 threshold, 194 
 transfer, 150 
Ventilation term, 157 
von-Kármán constant, 45, 47 
 
W 
Water balance equation, 23 
Water cycle, 24 
Wavelet analysis, 92, 94 
Webb correction, 115 
Wind 
 energy use, 236 
 geostrophic, 6, 28, 264 
 katabatic, 227 
 measurements, 193 
Window, atmospheric, 261 
Wire 
 resistance, 203 
 thin platinum, 202 
 
Z 
Zero-plane displacement, 67 
z-less scaling, 45, 99 


